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A B S T R A C T

The Paleocene-Eocene thermal maximum (PETM) was an extraordinary pulse of global warming that left an
indelible mark on the Earth approximately 56Ma ago. This warming event is associated with an addition of large
amounts of 13C-depleted carbon into the atmosphere-ocean system, but the magnitude of the negative carbon
isotope excursion (CIE) signaling the PETM onset and often used to estimate mass of the released carbon is still
debated. Here we gauge the CIE magnitude through the use of secondary ion mass spectrometry (SIMS) to
perform in situ δ13C measurements within individual larger benthic foraminifera preserved in a tropical shallow-
marine limestone section at Tingri, south Tibet. This SIMS-based δ13C record yields a CIE (Δ~7‰) comparable
in magnitude to that registered by some terrestrial PETM records but larger than the ~4‰ CIE returned by
surface-dwelling planktonic foraminifera in deep-sea records. We posit that the CIE magnitude in the surface
ocean and atmosphere was ~7‰, and that previous ~4‰ estimates are attenuated by incomplete preservation
and/or diagenetic overprinting. Mass balance calculations indicate that the released carbon mass during the CIE
would not exceed 28,000 petagrams, given that the carbon was sourced from organic matter, permafrost,
thermogenic methane, methane hydrate, or any of their combinations. Our study demonstrates that δ13C records
from some shallow-marine carbonate sections can avoid strong diagenetic alteration, preserving primary signals
of deep-time carbon perturbations.

1. Introduction

The Paleocene-Eocene thermal maximum (PETM) was a geologi-
cally rapid global warming event that happened ~56Ma ago and lasted
~200 kyr (Kennett and Stott 1991; Röhl et al. 2007). This event was
associated with a perturbation to the global carbon cycle as evidenced
by a sharp decrease in the carbon isotope compositions (δ13C) of both
inorganic and organic carbon in exogenic carbon pools (Bowen et al.
2001, 2015; Diefendorf et al. 2010; Handley et al. 2008; Kennett and
Stott 1991; Koch et al. 1992; Magioncalda et al. 2004; Manners et al.
2013; McInerney and Wing 2011; Pagani et al. 2006; Schmitz and
Pujalte 2003; Smith et al. 2007; Zachos et al. 2007). It is widely ac-
cepted that thousands of petagrams (Pg) of 13C-depleted carbon was
added into the atmosphere-ocean system during the PETM (Dickens

et al. 1995; Meissner et al. 2014), which either triggered the initial
warming or intensified the warming as a positive feedback (Dickens
et al. 1995; Thomas et al. 2002; Zachos et al. 2008). The addition of
13C-depleted carbon caused a ~6–8‰ decrease in the δ13C of paleosol
carbonate, enamel apatite, higher plant n-alkanes on land and bulk
carbonate in shallow-marine environments (Bains et al. 2003; Bowen
et al. 2001, 2015; Handley et al. 2008; Koch et al. 1992; Pagani et al.
2006; Schmitz and Pujalte 2003; Zhang et al. 2017). In contrast, the
δ13C decrease in the open ocean is estimated at ~4–4.6‰ for mixed-
layer planktonic foraminifera (Kozdon et al. 2018; Zachos et al. 2007)
and ~2–3.5‰ for thermocline-dwelling planktonic foraminifera and
small benthic foraminifera (Kennett and Stott 1991; McCarren et al.
2008; Nunes and Norris 2006; Thomas and Shackleton 1996). The term
“carbon isotope excursion” (CIE) was coined to describe this δ13C
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decrease, and the full CIE magnitude and its remarkable difference from
different depositional environments are the subject of much debate
(Bowen et al. 2004; Diefendorf et al. 2010; Handley et al. 2008; Kozdon
et al. 2018; McInerney and Wing 2011 and references therein; Pagani
et al. 2006; Schubert and Jahren 2013; Smith et al. 2007; Tipple et al.
2011; Zachos et al. 2007; Zhang et al. 2017).

It has been argued that the smaller CIE magnitude returned by pe-
lagic sites might result from incomplete preservation stemming from
carbonate dissolution fueled by carbon input during the PETM (Pagani
et al. 2006; Zachos et al. 2005). The lower part of the CIE stratigraphy
in many pelagic PETM sections is marked by clay-rich calcareous ooze
associated with an increased fragmentation of planktonic foraminifer
shells (Colosimo et al. 2006; Kelly et al. 2012; Zachos et al. 2003) or
claystone devoid of sedimentary calcite with a sharp basal contact
(Zachos et al. 2005). For instance, the PETM section of Ocean Drilling
Program (ODP) Site 690 contains hitherto one of the most complete CIE
records recovered from deep-sea sedimentary archives (Fig. 1), yet it
has been estimated that as much as ~60% of sedimentary calcite has
been lost to dissolution across the PETM onset in this reference section
(Bralower et al. 2014). Given that foraminifer weight percentages in
bulk sediment are low (~3–9%) (Kelly et al. 2012) and planktonic
foraminifera are more susceptible to dissolution than coccoliths (Chiu
and Broecker 2008), it is very likely that the foraminiferal record at Site
690 is incomplete. To complicate matters, deep-sea benthic for-
aminifera experienced a major taxonomic turnover during the PETM
with ~30–50 species succumbing to extinction (Thomas and Shackleton
1996). Thus, if one assumes that peak pCO2 concentrations scale with
the severity of carbonate under-saturation and are signaled by the
lowest δ13C value, then it stands to reason that foraminifera recording
the most negative δ13C value of the CIE were dissolved and that deep-
sea foraminiferal records might underestimate the true magnitude of
the CIE (Pagani et al. 2006).

In some siliciclastic sections formed in shallow-marine environ-
ments, the completeness of their PETM records might have also been
affected by carbonate dissolution (Bralower et al. 2018). Nevertheless,
stratigraphic records of the PETM-CIE from terrestrial sections and
many shallow-marine carbonate sections tend to be expanded and are
not strongly affected by carbonate dissolution (Andrews et al. 2017; Li
et al. 2017; Schmitz and Pujalte 2003; Yans et al. 2006; Zamagni et al.
2012). This does not imply, however, that the complete CIE event is
preserved in these records. In these environments, physical erosion or
non-deposition frequently occurs and can leave numerous sedimentary
hiatuses that may go unrecognized. A voluminous compilation of ac-
cumulation rates reveals that net accumulation rates decrease system-
atically as measurement intervals increase (Fig. 2). This relationship
was interpreted as reflecting the incomplete nature of sedimentary re-
cords (Sadler 1981, 1999), a phenomenon coined “Sadler effect”
(Schumer and Jerolmack 2009). Thus, as measurement intervals

increase, longer hiatuses are incorporated into calculation of accumu-
lation rates so that the rates will decrease. As time resolution increases
and measurement intervals decrease, some longer hiatuses are revealed,
and calculated accumulation rates will increase by avoiding temporal
gaps represented by these hiatuses (Sadler 1999). In Sadler's compila-
tion, accumulation rates in terrestrial and shallow-marine environ-
ments decrease rapidly as measurement intervals increase from 1 kyr to
100 kyr, which are relevant to the duration of the PETM-CIE (Fig. 2).
This suggests that most terrestrial and shallow-marine CIE records are,
at least statistically, also incomplete, and that whether the nadir of the
δ13C record is preserved in these sections is largely uncertain. So, the
observed large CIE magnitude returned from paleosol carbonate, en-
amel apatite, higher plant n-alkanes from terrestrial sections and bulk
carbonate, foraminifera from shallow-marine sections is better to be
viewed as a conservative estimate of the CIE magnitude, instead of the
full CIE magnitude.

Although it remains challenging to determine the true completeness
of PETM-CIE records, some studies suggest that the stepped CIE, con-
sisting of three evident δ13C decreases (phases c, e, g) intervened by
slight δ13C variations (phases d, f), likely represents a more complete
record of carbon perturbation during the PETM (Bains et al. 1999;
Nicolo et al. 2010; Stoll 2005; Zhang et al. 2017; Zhu et al. 2010)
(Fig. 3). Several lines of evidence support the fidelity of the stepped CIE
records, which are often preserved in bulk carbonate: (1) In pelagic
PETM sections, the major component in bulk carbonate is calcareous
nannofossils (i.e., coccoliths), and coccoliths have been shown to be
more dissolution-resistant than foraminifera on the sea floor (Chiu and
Broecker 2008). (2) Some culture experiments suggest that high CO2

partial pressures can increase the calcification and net primary pro-
duction in coccolithophores (Iglesias-Rodriguez et al. 2008). Collec-
tively, bulk carbonate records from pelagic PETM sections should suffer
less “time loss” than foraminifer records. (3) Inter-species vital effects in
coccolith δ13C during periods of relatively high pCO2 concentrations
(> 375–575 ppm) were believed to be suppressed (Bolton and Stoll
2013; Hermoso et al. 2016). Specifically, Stoll (2005) demonstrated
that inter-specific vital effects of coccolith δ13C during the PETM are
very small at ODP Site 690. (4) The stepped CIE at ODP Site 690 was
confirmed not to be a consequence of sedimentation rate changes
(Farley and Eltgroth 2003). (5) The stepped CIE was also recognized,
albeit implicitly, from the δ13C record of thermocline-dwelling plank-
tonic foraminifer Subbotina at ODP Site 690 (see Fig. 4a in Nunes and
Norris 2006). (6) The stepped CIE is unlikely caused by bioturbation
because it was reported from paleosols at Polecat Bench in the Bighorn
Basin (Bains et al. 2003) and from the hemipelagic section at Mead
Stream (New Zealand) where no strong bioturbation was observed
(Nicolo et al. 2010). (7) The stepped structure of the CIE has been used
to correlate PETM sections from geographically distant areas (Bains
et al. 1999, 2003; Zhang et al. 2017; Zhu et al. 2010) (Fig. 1). These
sections were formed in different depositional environments (open
ocean, continental slope, carbonate ramp, lake), presumably re-
presenting some of the best preserved PETM sections in these deposi-
tional settings (Fig. 3).

Here we constrain the CIE magnitude during the PETM based on a
tropical, shallow-marine carbonate section (section 13ZS) at Tingri,
south Tibet (Fig. 1). Most of the samples in section 13ZS have>
90–95% carbonate contents (Fig. 4) and are rich in larger benthic
foraminifera (LBF). LBF usually dwell in shallow-marine oligotrophic
environments, implying insignificant continental river runoff in this
area. Thus, section 13ZS has an advantage over sections formed in
shallow-marine siliciclastic environments in that the PETM-CIE record
in the former is not strongly complicated by river discharge, potentially
preserving an “uncontaminated” marine CIE signal. In this study, we
conduct in situ δ13C measurements on LBF shells by using secondary ion
mass spectrometry (SIMS). To assess possible diagenetic effects on the
preservation of LBF shells, we use laser ablation inductively coupled
plasma mass spectrometry (LA-ICPMS) to measure in situ Sr/Ca, Al/Ca,

Fig. 1. Plate reconstruction (56Ma; from ODSN Plate Tectonic Reconstruction
Service) showing locations of 13ZS section at Tingri (red star) and other PETM
sections preserving the stepped CIE (green dots). (For interpretation of the re-
ferences to colour in this figure legend, the reader is referred to the web version
of this article.)
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Mn/Ca, Y/Ca, La/Ca, and Ce/Ca ratios from LBF shells. These new data
may provide a better constraint on the true CIE magnitude in the sur-
face ocean and improve our understanding of carbon cycling during the
PETM.

2. Section, samples and methods

Studied samples are collected from section 13ZS that is exposed at
Tingri, south Tibet (Zhang et al. 2017). During the PETM, Tingri was
located on a shallow-marine carbonate ramp at ~10° N paleolatitude
within the Tethyan Himalaya (van Hinsbergen et al. 2012), and was at
least ~300 km away from the southern shoreline of the Neo-Tethyan

Fig. 2. A compilation of published accumulation rates of se-
diments in different depositional environments showing
power law relationships between net accumulation rates and
measurement intervals. Distributions of median, 25th, 75th
percentile values are determined for five measurement-in-
terval units per logarithm cycle with no smoothing or overlap
(figure courtesy Peter Sadler).

Fig. 3. Correlation of the stepped CIE among pelagic sections (ODP Sites 690B & 689B on Maud Rise, Weddell Sea), a hemipelagic section on the continental slope
(Mead Stream, New Zealand), a carbonate section on the shallow-marine carbonate ramp (13ZS section at Tingri, south Tibet), and a lacustrine carbonate section
(Yuhuangding section in the Nanyang Basin, China). The grey shading denotes the CIE onset. Raw data are taken from Bains et al. (1999), Kelly et al. (2012), Nicolo
et al. (2010), Zhang et al. (2017), and Zhu et al. (2010).
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Ocean (Zhang et al. 2017).
Section 13ZS is ~22m thick and comprises calcareous marl, marly

nodular limestone, and nodular limestone (Fig. 4). The dominant
components in limestone samples are micrites and LBF fragments, with
minor clay and sparry calcites (Fig. 5A). A sedimentary hiatus and a
sudden change in LBF assemblages occur at ~18.6 m of the section
(Fig. 4). Below ~18.6 m of the section, the LBF assemblage mainly
consists of Miscellanea miscella, Ranikothalia nuttalli, Lockhartia conditi,
L. haimei, Kathina nammalensis, and Operculina sp., indicating a paleo-
water depth of ~40–80m (Hottinger 1997). Immediately above
~18.6 m, these LBF are replaced by porcellaneous-walled Orbitolites sp.,
Alveolina subsolanus, A. agerensis, and A. ellipsoidalis (Zhang et al. 2019).
In the Tethyan shallow benthic zonation (SBZ), co-occurrence of M.
miscella and R. nuttalli suggests the SBZ5 and the existence of A. ellip-
soidalis indicates the SBZ6 (Serra-Kiel et al. 1998). By following cor-
relation schemes between the Tethyan SBZ and plankton biozonations
(Papazzoni et al. 2017; Serra-Kiel et al. 1998), SBZ5 corresponds to the
P5b in planktonic foraminiferal zones and the NP9b in calcareous
nannofossil zones, in which the PETM-CIE occurred (Dupuis et al.
2003). Thus, we confirm that section 13ZS covers the key stratigraphic
interval of the uppermost Paleocene and the lowermost Eocene (Zhang
et al. 2019). Based on a previously published bulk‑carbonate δ13C re-
cord (Zhang et al. 2017), the CIE interval in section 13ZS is positioned
between stratigraphic levels of the CIE onset at 7.6 m and the δ13C
minimum at 18.4m in this section (Fig. 4).

In this study, geochemical analyses are mainly conducted on LBF
shells. LBF are an informal group of benthic foraminifera that are larger
than 1mm in diameter and host symbiotic algae (Hallock and Glenn
1986). They inhabit the photic zone of the ocean, thriving in shallow,
warm, oligotrophic marine environments and having lifespans of sev-
eral months to several years (Beavington-Penney and Racey 2004).
Eutrophication is immediately fatal for the symbiont-bearing LBF
(Hottinger 1998). Our studied Miscellanea, Operculina, and Lockhartia

have hyaline lamella-perforate shells. Compared with planktonic for-
aminiferal shells, LBF shells are larger and thicker. They contain
structural elements that are less porous or even imperforate (e.g., pil-
lars, piles, septa, some parts of chamber walls) (Hottinger 2006; Leppig
1988), and these elements proved suitable for in situ δ13C measurements
by SIMS (Figs. 5B–D, 6).

2.1. In situ δ13C measurements

Selected samples were cut into ~1-mm thick chips using a jeweler's
saw with a small-kerf diamond-embedded blade. About 5–6 chips and
2–3 grains of the UWC-3 calcite standard (δ13C=−0.91 ± 0.04‰,
VPDB, Kozdon et al. 2009) were cast in a 25-mm diameter epoxy
mount. In each epoxy mount, all chips and calcite standard grains were
placed within 8mm of the center to minimize instrumental bias caused
by sample position (Valley and Kita 2009). The surface of epoxy mounts
was polished to a relief of< 1 μm and coated with a thin layer of gold
(~50 nm) for SIMS measurements. In situ δ13C measurements were
carried out on a CAMECA IMS-1280 large radius multicollector SIMS at
the WiscSIMS Laboratory, Department of Geoscience, University of
Wisconsin-Madison. Two sessions were performed with session 1 on the
date of 8/21/2017 and session 2 on the date of 9/14/2017 (see Sup-
plementary data for details). The 133Cs+ primary beam of 10 kV and
0.6 nA was focused to an 8 μm diameter spot size on the sample surface,
sputtering secondary ions and etching ~1 μm deep pits. The secondary
12C−, 13C− and 13CH− ions were collected simultaneously by using one
Faraday cup (L'2) and two electron multipliers (axial and H2), respec-
tively. The count rate for 12C− ions was ~7×106 cps. Each measure-
ment lasted ~5min, including 20 s of pre-sputtering, 60 s of automatic
centering secondary ion beam in the field aperture and optimizing its
transmission into mass spectrometer, and 160 s of collection of sec-
ondary ion signals. Groups of 10–16 spot analyses in samples were
bracketed by 8 spot measurements on the standard grain in order to

Fig. 4. Lithology, LBF assemblages, Shallow Benthic
Zonations (SBZ), CIE stages and phases, bulk carbonate δ13C
and carbonate contents in section 13ZS, revised from Zhang
et al. (2017). Red triangles denote stratigraphic positions of
SIMS-analyzed samples. The SBZs in section 13ZS were taken
from Zhang et al. (2019). (For interpretation of the references
to colour in this figure legend, the reader is referred to the
web version of this article.)
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determine instrumental mass fractionation corrections for sample
measurements. The external precision for sample measurements is the
reproducibility of 8 measurements on standard grain that bracket each
set of sample measurements, and the precision ranges from±0.42‰
to± 0.98‰ at 2 standard deviations (SD). All pits left by SIMS analysis
were examined by SEM, and in situ δ13C data from pits with irregular
shapes, intersecting cracks, or contaminated by epoxy were omitted.

2.2. Micro-analytical geochemical analyses

Contents of Ca, Sr, Al, Mn, Y, La, and Ce were measured on thin
sections using LA-ICPMS at the Department of Geosciences, University
of Bremen. The instrument is a high-resolution double-focusing Thermo
Finnigan Element 2 coupled to a New Wave UP193ss laser ablation
system with a wavelength of 193 nm. Helium and argon were used as
carrier and make-up gas, respectively. Plasma power was 1200W.
Samples and standard materials were ablated with a laser fluence of
2.5 J/cm2, a pulse rate of 5 Hz, and a spot diameter of 75 μm. No in-
terference corrections were applied because formation of oxides in the
plasma was low (ThO/Th≤ 0.15%). NIST610 glass was analyzed as
external calibration standard for every 10 samples. The Cetac GeoPro™

software was used for data quantification, with 43Ca as internal stan-
dard. Data quality was assessed by repeated analyses of USGS reference
materials BHVO2G, BCR2G (basalt glasses), and MACS3 (carbonate)
along with the samples. The mean deviation from the reference values
(GeoReM data base, MPI Mainz) is< 10%, and external precision at the
1 μg/g level is better than 5%, as determined by consecutive analyses of
NIST614 glass.

3. Results and discussion

3.1. Diagenetic evaluation

Evaluating diagenetic effects on element concentrations and isotope
compositions of ancient shallow-marine carbonate sediments/rock is
one of the most vexing problems in paleoclimatic studies. Most, if not
all, carbonate sediments/rock have undergone varying degrees of di-
agenetic alterations. However, the extent to which diagenesis has af-
fected these primary geochemical signals is widely debated (Ahm et al.
2018; Banner and Hanson 1990; Brand and Veizer 1980, 1981; Denison
et al. 1994; Derry et al. 1992; Derry 2010; Derry et al. 1992; Halverson
et al. 2002, 2005, 2007; Higgins et al. 2018; Husson et al. 2015;

Fig. 5. Thin-section microphotographs showing major components in samples from section 13ZS at Tingri (south Tibet) and illustrating LBF structural elements
analyzed by SIMS. (A) Microphotograph showing the dominant components of LBF fragments and micrites with minor sparry calcites and clay. (B) Lockhartia, axial
section. (C) Miscellanea, equatorial section. (D) Miscellanea, axial section. CWI: chamber wall in the inner whorl; CWO: chamber wall in the outer whorl.

Q. Zhang, et al. Global and Planetary Change 184 (2020) 103049

5



Jacobsen and Kaufman 1999; Kaufman et al. 1991; Kaufman and Knoll
1995; Knauth and Kennedy 2009; Marshall 1992; Nabelek 1987; Swart
and Eberli 2005; Swart and Kennedy 2012). A number of factors can
dictate the ultimate chemical compositions of diagenetic carbonates,
e.g., carbonate mineralogy, fluid compositions, fluid/rock ratio, trace
element distribution coefficients, isotopic fractionation factors. How-
ever, it generally agrees, or at least in many cases, that (1) increasing
levels of diagenesis will lead to the gain of Mn and loss of Sr, and (2) the
δ13C is less susceptible to diagenetic alterations than the δ18O and
87Sr/86Sr, especially when diagenesis is related to fluid-rock interaction
in a closed system (Ahm et al. 2018; Banner and Hanson 1990; Brand
and Veizer 1980, 1981; Derry et al. 1992; Husson et al. 2015; Jacobsen
and Kaufman 1999; Kaufman et al. 1991; Kaufman and Knoll 1995;
Marshall 1992; Siahi et al. 2018). Our previous investigation on bulk
carbonate from section 13ZS (Zhang et al. 2017) showed that (1) LBF
fragments and micritic parts has very weak luminescence; (2) Bulk

carbonate has relatively high Sr concentrations (mostly between 800
and 1400 ppm) and generally low Mn concentrations (~40–200 ppm,
mostly< 70 ppm); (3) Mn/Sr ratios (< 0.2) in bulk carbonate are much
lower than the empirical guideline (Mn/Sr < 1–2) indicative of good
preservation of primary δ13C signals in ancient carbonate rock; (4) No
evident correlation between Mn/Sr ratios and δ13C values can be ob-
served in bulk carbonate; (5) 87Sr/86Sr ratios from bulk carbonate still
preserve the primary signal of contemporary sea water in the open
ocean. Taken together, these lines of evidence made us conclude that
limestone samples from section 13ZS had experienced fluid-rock in-
teraction in a closed system and the δ13C of measured bulk carbonate
(i.e., micrites and LBF fragments) was largely unaltered by diagenesis.

In paleoclimatic studies, foraminifera with “glassy” shells are widely
accepted as having preserved primary geochemical compositions, even
for diagenesis-sensitive temperature proxies of δ18O and Mg/Ca ratios
(Pearson et al. 2001; Sexton et al. 2006). A previous study suggested

Fig. 6. SEM images showing locations of SIMS δ13C analysis pits in (A) pillars of Miscellanea at 4.70m of section 13ZS, (B) septa and chamber walls of Operculina as
well as micrite filling chamber lumen at 7.55m, (C) chamber wall, piles, and septa of Lockhartia and a pillar of Miscellanea at 9.90m, (D) pillars and chamber wall in
outer whorl of Miscellanea at 18.20m, and (E) septa of Miscellanea at 18.40 m. (F) Highly magnified image showing the typical shape of a SIMS analysis pit. Circles
refer to analysis pits in pillars/piles (red), septa (black), chamber walls (yellow), and micrite filling chamber lumens (blue). (For interpretation of the references to
colour in this figure legend, the reader is referred to the web version of this article.)

Q. Zhang, et al. Global and Planetary Change 184 (2020) 103049

6



that some Eocene LBF (Operculina, Nummulites) with “glassy” shells
preserved primary Mg/Ca ratios (Evans et al. 2013). A corollary to this
conclusion is that the primary δ13C signal should have also been pre-
served in these Eocene “glassy” LBF, because the δ13C is more resistant
to diagenesis than both δ18O and Mg/Ca ratios (Sexton et al. 2006). In
the following, we take ratios of Sr/Ca, Al/Ca, Mn/Ca, Y/Ca, La/Ca, and
Ce/Ca of these Eocene “glassy” LBF as guidelines to re-evaluate possible
diagenetic effects on the LBF δ13C from section 13ZS.

We analyze in situ values of Sr/Ca, Al/Ca, Mn/Ca, Y/Ca, La/Ca, and
Ce/Ca of LBF shells and micrites in section 13ZS (Fig. 7). Sr/Ca ratios
from LBF and micrites vary between ~0.4–2.1mmol/mol, which are
lower than those (~2.2–2.7mmol/mol) from modern Operculina and
Eocene glassy LBF (Evans et al. 2013). Increasing level of diagenesis can
reduce Sr/Ca ratios in foraminiferal shells (Kozdon et al. 2013). How-
ever, a number of other variables may also affect the Sr/Ca ratios, such
as temperature, salinity, pH, carbonate ion concentration, and Sr/Ca
ratio of contemporary seawater as well as shell size (Dissard et al. 2010;
Keul et al. 2017; Kozdon et al. 2013; Lea et al. 1999; Yu et al. 2014). In
spite of possible effects from these variables, we tend to interpret the
Sr/Ca ratios in section 13ZS as being affected by diagenesis. However,
the existence of diagenetically altered Sr/Ca does not necessarily imply
that the primary δ13C must also be significantly altered. A numerical
model of shallow-marine carbonate diagenesis suggested that in sedi-
ment-buffered conditions (a closed system with respect to carbon) the
δ13C was nearly unaffected by diagenesis, irrespective of cumulative
fluid-rock ratios. With respect to Sr/Ca ratios, however, they started to
decline as cumulative fluid-rock ratios reached to ~102. Comparatively,
87Sr/86Sr ratios were more diagenetically resistant than Sr/Ca ratios,
and the 87Sr/86Sr could retain its primary signal until cumulative fluid-
rock ratio reached to ~2×104 (Ahm et al. 2018 and its Supplementary
information). Combined with this modeling study, our published
87Sr/86Sr data and Sr/Ca ratios, we infer that diagenesis in section

13ZS, likely with cumulative fluid-rock ratios of ~102–104 in a closed
system, has altered primary Sr/Ca ratios, but left the δ13C and 87Sr/86Sr
largely unaffected.

In section 13ZS, Al/Ca ratios from LBF and micrites are
~0.01–2mmol/mol and ~4–50mmol/mol, respectively. The former
agrees well with those (0.01–4mmol/mol) from modern and Eocene
glassy LBF (Evans et al. 2013), indicating negligible effects from clay
contamination. However, evidently higher Al/Ca values in micrites
suggest presence of a certain amount of clay minerals. Trace elements of
Mn, Y, La, Ce in foraminifer calcite can be used to evaluate diagenetic
effects, among which Mn is the most reliable diagenetic proxy (Lea
1999). Generally, ratios of Mn/Ca, Y/Ca, La/Ca, and Ce/Ca in for-
aminifer calcite will increase as the degree of diagenetic alteration in-
creases (Evans et al. 2013; Lea 1999). Modern Operculina specimens
from neritic environments typically register characteristic Mn/Ca ratios
of ~0.004–0.1mmol/mol, and the Eocene specimens of Nummulites and
Operculina with glassy shells show higher Mn/Ca ratios of
~0.1–0.4 mmol/mol (Evans et al. 2013). We therefore consider Mn/Ca
ratios< 0.4mmol/mol as indicating preservation of primary shell
chemistry in fossilized LBF. In section 13ZS, Mn/Ca ratios of LBF shells
and micrites range from 0.05mmol/mol to 0.3mmol/mol, with most of
the ratios being<0.2mmol/mol. The difference in Mn/Ca ratios be-
tween co-occurring LBF shells and micrites is small, and Mn/Ca ratios
within the CIE interval are slightly lower than those from pre-CIE ma-
terials (Fig. 7). The ratios of Y/Ca, La/Ca, and Ce/Ca cluster around
~6–12 μmol/mol, ~4–8 μmol/mol, and ~7–14 μmol/mol, respectively,
and there are no clear stratigraphic trends among these elemental ratios
(Fig. 7). Although these ratios are ~10× higher than those from
modern Operculina specimens, they are very similar to those of Eocene
“glassy” LBF (Evans et al. 2013). Consistency of these element/Ca dis-
tributions between LBF from section 13ZS and the Eocene “glassy” LBF
suggests that diagenesis very likely had an insignificant effect on the

Fig. 7. Element/Ca ratios from section 13ZS. Grey shading highlights ranges of element/Ca ratios from Eocene-aged LBF with glassy shells (Evans et al. 2013). Note
that Al/Ca ratios are plotted with a logarithmic scale.
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preservation of the primary δ13C signal in LBF shells from section 13ZS.
Except for aforementioned geochemical evidence, another line of

argumentation for the primary δ13C signal in section 13ZS is global
spatial reproducibility of the stepped CIE (Fig. 3). Although increased
meteoric diagenesis associated with sea level fall was proposed to have
caused a contemporary δ13C decrease from some widely separated,
shallow-marine, Pliocene-Pleistocene carbonate sections (Swart and
Kennedy 2012), this mechanism may be irrelevant to the formation of
the stepped CIE during the PETM. Owing to thermal expansion of
seawater and/or melting of small alpine ice sheets (Sluijs et al. 2008),
sea level was rising during the PETM, instead of falling. This will reduce
the possibility of subaerial exposure and/or exposure to meteoric
lenses, thus alleviating meteoric diagenesis in shallow-marine carbo-
nate platforms/ramps. Besides, the stepped CIE during the PETM is
recognized not only from the shallow-marine carbonate section at
Tingri, but also from a lacustrine section in the Nanyang Basin and
several hemipelagic/pelagic sections (Mead Stream, ODP Sites 689 and
690), likely also from the paleosol record in the Bighorn Basin (Bains
et al. 2003). Thus, we cannot ascribe the stepped CIE preserved in these
different depositional environments to diagenetic processes, including
meteoric diagenesis. Instead, we may interpret the stepped CIE as re-
presenting the fidelity of carbon perturbations during the PETM, with
negligible diagenetic alterations.

3.2. The δ13C of different carbonate components

We measured in situ δ13C of different carbonate components from
seven limestone samples. In section 13ZS, these samples were situated
at the depths of 4.70m, 7.55m, 7.90m, 9.90m, 15.45m, 18.20m, and
18.40m, respectively. (Fig. 4). Two samples at 4.70m and 7.55m are
located within the pre-CIE interval (Fig. 8A & B), and the rest are from
the CIE interval (Fig. 8C–G). The sample at 18.40m documents the
most negative δ13C value during the PETM (Fig. 8G).

In situ δ13C measurements show that intra-shell δ13C variability in
shells of Miscellanea and Lockhartia is very limited (Fig. 8A & C) or
slightly evident (Fig. 8D–G), and that δ13C values measured from these
two genera are indistinguishable (Fig. 8D). In contrast, Operculina ex-
hibits a systematic intra-shell δ13C variation where δ13C values of
chamber walls and septa in the inner whorl are ~0.9‰ lower than
those in the outer whorl (Fig. 8B). Micrite δ13C roughly co-varies with
LBF shell δ13C (Fig. 8B, E & G), exhibiting a large decline across the CIE
onset (Fig. 8E & G). Except for the sample at 4.70m, bulk carbonate
δ13C values in the remaining samples are very close to average δ13C
values of LBF shells from the same stratigraphic sample (Fig. 8).

Although it remains unclear whether vital effects have influenced
the δ13C compositions of Miscellanea and Lockhartia, the limited intra-
shell and inter-genus δ13C variations registered by these two taxa sug-
gest that the δ13C of their shells are mainly controlled by the δ13C of
dissolved inorganic carbon in ambient seawater. With respect to
Operculina, however, the increase in shell δ13C values towards the outer
whorl indicates that, in addition to the seawater δ13C, some physiolo-
gical processes, such as symbiont photosynthesis, may have affected the
shell δ13C (e.g., Spero et al. 1991).

Micrites in shallow-marine limestone have multiple sources;
nevertheless, the δ13C similarity between micrites and LBF indicates
that micrites may result from physical or biological abrasion/disin-
tegration of skeletal materials, such as LBF shells. Alternatively, mi-
crites could be a result of cementation during early marine burial di-
agenesis (Munnecke et al. 1997). In this case, cementation in section
13ZS should have been completed within ~1–2 kyr after the deposition
of biogenic clasts so that the chemistry of diagenetic fluid is still
modulated by contemporary seawater. The rapid completion of ce-
mentation can be inferred from the SIMS δ13C data at ~7.55m (Fig. 8B)
and at ~7.90m (Fig. 8C). In section 13ZS, the large δ13C decrease from
~7.55m to ~7.90m represents the CIE onset (phase c in the stepped
CIE), and the duration of phase c was suggested to be ~1–2 kyr

according to 3He and orbital age models at ODP Site 690 (Farley and
Eltgroth 2003; Röhl et al. 2007). Apparently, the micrite δ13C from the
sample at ~7.55m was not affected by the subsequent large decrease in
seawater δ13C at ~7.90m, indicating that cementation in the sample at
~7.55m should have been completed prior to deposition of the sample
at ~7.90m. This inference is compatible with previous studies of car-
bonate-sediment lithification in modern shallow-marine environments,
which reported that Holocene sediments were cemented within several
tens of years, with average cement growth rates of ~8–10 cm/kyr
(Grammer et al. 1993). Rapid cementation would decrease porosity and
permeability in carbonate sediments quickly, thereby inhibiting further
diagenesis and allowing cements to preserve the isotopic composition of
contemporary seawater. In section 13ZS, bulk carbonate mainly con-
sists of micrites and LBF fragments, and these two carbonate compo-
nents have similar δ13C values (Fig. 8B, E & G). We therefore attribute
the similar δ13C values returned by bulk carbonate and LBF shells from
the same stratigraphic sample to rapid cementation.

3.3. The CIE magnitude in the surface ocean

In section 13ZS, the new SIMS data show thatMiscellanea at 18.40m
records the most negative δ13C value during the PETM (mean
δ13C=−4.3‰) and Operculina at 7.55m registers the latest pre-CIE
δ13C value (mean δ13C=3.0‰). The difference in the average SIMS
δ13C values between them is ~7.3‰. Since it is still uncertain whether
inter-genus δ13C variability exists between Miscellanea and Operculina,
we constrain the CIE magnitude using the SIMS δ13C value of
Miscellanea at 4.70m and obtain an average CIE magnitude of ~7.2‰.
In the box and whisker plot generated with SIMS data (Fig. 9), the CIE
magnitude is suggested to be ~7‰ or ~7.3‰. Thus, the CIE magnitude
from foraminiferal shells (~7–7.3‰) is very similar to the CIE magni-
tude from bulk carbonate in the same section (~7‰) (Zhang et al.
2017).

Some studies found that elevated warming and ocean acidification
can lead to partial or complete loss of symbionts in some LBF species,
which will inhibit symbiont activities and cause “bleaching” in the LBF
(Schmidt et al. 2011, 2014; Talge and Hallock 2003). Symbiont activ-
ities can increase the δ13C of foraminiferal shell via preferentially uti-
lizing 12C-enriched CO2 (Spero et al. 1991). If LBF bleaching did happen
during the PETM and if vital effects of Miscellanea δ13C in the Paleocene
were not trivial, the ~7‰ CIE magnitude from SIMS measurements
could be amplified by changes in Miscellanea physiology during the
PETM. However, based on our SIMS data, Miscellanea does not show
systematic variations in δ13C from their inner whorl to outer whorl
(Fig. 8C, G), although Operculina exhibits an evident δ13C increase to-
wards their outer whorl (Fig. 8B). Thus, we tentatively infer that,
compared with Operculina, carbon isotope vital effects in Miscellanea
might be very small during the PETM. If true, the assumed physiological
effect on the CIE magnitude from section 13ZS will be insignificant.

At ODP Site 690, the CIE magnitude based on single-shell δ13C data
from mixed-layer foraminifera is ~4‰ (Zachos et al. 2007), which is
evidently smaller than the ~7‰ CIE magnitude at Tingri. Two poten-
tial factors, incomplete preservation and diagenesis, could attenuate the
CIE magnitude at this Site. As noted above, carbonate dissolution did
happen at ODP Site 690, and it should have affected mixed-layer for-
aminifera more severely than coccoliths and other foraminifera. Thus,
the PETM-CIE record registered by planktonic foraminiferal at this site
is likely incomplete. Although the effect of incomplete preservation on
the foraminiferal CIE magnitude cannot be readily quantified, it might
have decreased its size to some extent. Besides, Kozdon et al. (2018)
found that, at ODP Site 865 where the full CIE was not preserved, the
SIMS-derived CIE magnitude (~4.6‰) from preserved foraminiferal
records was evidently larger than the magnitude from single-shell δ13C
data (~3.1‰), and the latter was suggested to have been attenuated by
involvement of diagenetic crystallites and calcite infilling. The diage-
netic calcite was formed during the CIE recovery and had δ13C values
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falling between those of pre-CIE and CIE foraminiferal shells (Kozdon
et al. 2018). The existence of diagenetic crystallites in both pre-CIE and
CIE foraminiferal specimens will decrease their pre-CIE values and in-
crease CIE values measured from single-shell foraminifera, thus
shrinking the true CIE magnitude. This diagenesis-induced attenuation
probably occurs in most (if not all) pelagic PETM sections and SIMS
analysis of foraminiferal shells from ODP Site 690 might provide a
better constraint on the true CIE magnitude in the surface ocean.

In a review paper, McInerney and Wing (2011) compiled 48 pub-
lished terrestrial CIE records with the magnitude ranging from 2.2‰ to
7.6‰ and took their median value of 4.6‰ as representing the CIE
magnitude in the atmosphere. To our knowledge, except for the

paleosol record at Polecat Bench in the Bighorn Basin, most of other
terrestrial records in their compilation are stratigraphically incomplete
and probably fail to preserve their full CIE. In this case, we suggest that
the maximum value (7.6‰) of the CIE magnitude from their compila-
tion, instead of the median value, may better reflect the full extent of
carbon perturbations in the atmosphere. We note that their compilation
of CIE magnitude from planktonic foraminifera can lend support to this
suggestion. McInerney and Wing (2011) also compiled 36 planktonic
foraminiferal CIE records, and obtained a median value of 2.6‰ and a
maximum value of 4.4‰. Similar to the terrestrial records, these for-
aminiferal records largely preserve a fragmentary CIE history owing to
carbonate dissolution on the deep-sea floor. As discussed above, the CIE

Fig. 8. Intra-shell δ13C variability delineated by series of in situ SIMS analyses taken from pillar/pile, septum, chamber wall of LBF shells from pre-CIE (A-B) and CIE
(C-G) samples of section 13ZS. Correlative δ13C values of micrite and bulk carbonate are also shown for comparison. The δ13C values with error bars are obtained
from in situ SIMS measurements (this study), and the δ13C of bulk carbonate was measured using conventional isotope ratio mass spectrometry (Zhang et al. 2017).
Note the CIE onset (phase c in the stepped CIE) is constrained by initial δ13C decrease between ~7.55m and ~7.90m, and the negative CIE terminates at ~18.40m of
section 13ZS. Error bars denote two standard deviations. Symbols and stratigraphic positions of SIMS-analyzed samples are shown in the inset figure.
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magnitude in mixed-layer planktonic foraminifera should be>4–4.6‰
(Kozdon et al. 2018; Zachos et al. 2007). Thus, it is the maximum value
(4.4‰) in their compilation, not the median value (2.6‰), that can
better characterize the CIE magnitude registered by planktonic for-
aminifera. In terrestrial CIE records, we therefore prefer to take the
value of 8‰ from paleosol CIE records in the Bighorn Basin as re-
presenting the full CIE magnitude in the atmosphere (Bains et al. 2003;
Bowen et al. 2001), although it was suggested an increase in humidity
might amplify the paleosol CIE records to some extant (Bowen et al.
2004).

During the PETM, a significant quantity of 13C-depleted carbon was
released into the atmosphere (Bowen et al. 2001; Thomas et al. 2002),
and the released carbon should have affected the surface ocean through
air-sea CO2 exchange. Mixing time for carbon exchange between at-
mosphere and surface ocean is decades (Rohling et al. 2012), which is
short enough for δ13C in the atmosphere and surface ocean to equili-
brate. Thus, both atmosphere and the surface ocean should record the
similar CIE magnitude during the PETM. This inference is generally
supported by previous studies and our work from Tingri. Based on SIMS
analysis of planktonic foraminifera at ODP Site 865, Kozdon et al.
(2018) inferred the actual size of the CIE in the surface ocean might be
on the order of ~5–6‰. Besides, the paleosol CIE records in the Big-
horn Basin suggested that the CIE magnitude in the atmosphere was

~8‰ (Bains et al. 2003; Bowen et al. 2001). Our work at Tingri in-
dicates that the CIE magnitude in the surface ocean is ~7‰. Collec-
tively, these studies show that the δ13C in the atmosphere and surface
ocean may have decreased by ~7‰ during the PETM.

3.4. Constraint on the mass of the released carbon during the PETM

It was generally agreed that thousands of petagrams of 13C-depleted
carbon had been added into the atmosphere-ocean system during the
PETM. However, estimates of the carbon mass from different studies
varied greatly. For example, Zachos et al. (2005) estimated that> 4500
Pg C was required to shoal calcite compensation depth (CCD) to< 1 km
water depth in much of the ocean during the PETM. Later, this number
was enlarged to> 6800 Pg C using GENIE-1 model (Panchuk et al.
2008). Zeebe et al. (2009), employing a carbon cycle model LOSCAR,
suggested that an initial pulse of 3000 Pg C with a subsequent bleeding
of ~1480 Pg C (with the δ13C < −50‰) could reproduce the extent of
CCD shoaling and the CIE magnitude. Using UVic Earth System Climate
Model simulations, Meissner et al. (2014) found that a release of
7000–10,000 Pg C into the ocean-atmosphere system agreed best with
temperature reconstructions. Recently, Gutjahr et al. (2017) proposed
that the carbon mass might have exceeded 10,000 Pg C by using
cGENIE model to simulate the observed pH decline and the CIE mag-
nitude. In this study, we propose that the CIE magnitude in the surface
ocean and atmosphere is ~7‰, which is significantly larger than pre-
vious expected. If we consider ~7‰ CIE as representing the full extent
of the δ13C decline in the atmosphere-ocean system, simple mass bal-
ance calculations, based on the equation from McInerney and Wing
(2011), yield ~7000 Pg C from methane hydrate (with the δ13C of
−60‰) or ~28,000 Pg C from organic matter (with the δ13C of
−22‰). However, we note that the reported largest CIE magnitude
from benthic foraminifera is ~3.5‰ at ODP Site 1263 (McCarren et al.
2008) and thus think that the CIE magnitude in the deep ocean is
probably less than ~7‰. So, we may consider ~28,000 Pg C as re-
presenting the upper end of the released carbon mass during the CIE,
given that the carbon is sourced from organic matter, permafrost,
thermogenic methane, methane hydrate, or any of their combinations.

4. Conclusions

In this study, we constrained the CIE magnitude in a tropical
shallow-marine limestone succession (section 13ZS at Tingri, Tibet)
using in situ δ13C analyses by SIMS on micrometer-scale (~8 μm) do-
mains in individual shells of larger benthic foraminifera (LBF). The CIE
magnitude revealed by in situ δ13C data from LBF shells is ~7‰ and
compatible with that measured from some terrestrial PETM records,
suggesting that both the atmosphere and the surface ocean had similar
CIE magnitude (~7‰) during the PETM. Mass balance calculations
indicate that the required carbon mass during the CIE interval would
not exceed ~28,000 Pg, given that the carbon was released from or-
ganic matter, permafrost, thermogenic methane, methane hydrate, or
any of their combinations. Our study also demonstrates that the δ13C of
some limestone sections formed on ancient shallow-marine carbonate
ramps can avoid strong diagenetic overprinting and preserve true sig-
nals of deep-time carbon perturbations.
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