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Abstract

Wereport newwhole rockU-Th and in-situ oxygen isotope compositions for partiallymelted (0–50 vol%melt), low-d18OPleis-
tocene granitoid blocks ejected during the�7.7 ka caldera-forming eruption of Mt. Mazama (Crater Lake, Oregon). The blocks
are interpreted to represent wall rocks of the climactic magma chamber that, prior to eruption, experienced variable amounts of
exchange withmeteoric hydrothermal fluids and subsequent partial melting.U-Th and oxygen isotope results allow us to examine
the timescales of hydrothermal circulation and partial melting, and provide an ‘‘outside in” perspective on the buildup to the cli-
mactic eruption ofMt.Mazama. Oxygen isotope compositions measured in the cores and rims of individual quartz (n = 126) and
plagioclase (n = 91) crystals, and for transects across tenquartz crystals, document zonation in quartz (D18OCore-Rim � 0.1–5.5‰),
but show homogeneity in plagioclase (D18OCore-Rim � ±0.8‰). We propose that oxygen isotope zonation in quartz records
hydrothermal exchange followed by high-temperature exchange in response to partial melting caused by injection of basaltic
to andesitic recharge magma into the deeper portions of the chamber. Results of modeling of oxygen diffusion in quartz indicates
that hydrothermal exchange in quartz occurred over a period of�1000–63,000 years.Models also suggest that the onset ofmelting
of the granitoids occurred a minimum of �10–200 years prior to the Mazama climactic eruption, an inference which is broadly
consistent with results for magnetite homogenization and for Zr diffusion in melt previously reported by others.

Uranium-thorium isotope compositions of most granitoid blocks are in 238U excess, and are in agreement with a 238U
enriched array previously measured for volcanic rocks at Mt. Mazama. Uranium excess in the granitoids is likely due to
enrichment via hydrothermal circulation, given their low d18O values. The sample with the highest U excess (�5.8%) also
has the most 18O isotope depletion (average d18Oplag = �4.0‰). The granitoids are a probable assimilant and source of U
excess in volcanic rocks fromMt. Mazama. Two granitoids have Th excess and low d18O values, interpreted to record leaching
of U during hydrothermal alteration. A U-Th isochron based on the U excess array of the granitoids and volcanic rocks indi-
cates that hydrothermal circulation initiated �40–75 kyrs before the climactic eruption, potentially marking the initiation of a
persistent upper-crustal magma chamber. The U-Th ages are consistent with the maximum timescales inferred for hydrother-
mal alteration based on oxygen isotope zoning in quartz.
� 2017 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

Assessment of the timescales of pre-eruptive processes in
large, upper crustal, silicic magma chambers is essential to
understanding the development of caldera systems and pre-
diction of future eruptions. Upper crustal processes in
magma chambers associated with caldera-forming erup-
tions are thought to occur over a variety of timescales
(e.g., Saunders et al., 2010; Allan et al., 2013; Bindeman
and Simakin, 2014). Studies suggest that large silicic
magma bodies can persist in the upper crust as crystal
mushes for >105 years (e.g., Brown and Fletcher, 1999;
Vazquez and Reid, 2004; Simon and Reid, 2005;
Bachmann et al., 2007; Folkes et al., 2011; Wotzlaw
et al., 2013), and production of eruptible batches of magma
has been interpreted to involve shorter timescales of 103-105

yrs (e.g., Allan et al., 2013; Bindeman and Simakin, 2014;
Wotzlaw et al., 2013, 2014, 2015). Some recent studies,
however, suggest that remobilization and final assembly
of large scale silicic magma chambers might occur on more
rapid timescales of decades to centuries prior to eruption
(e.g., Wark et al., 2007; de Silva et al., 2008; Saunders
et al., 2010; Druitt et al., 2012).

Ejecta of the caldera-forming eruption of Mt. Mazama
(Crater Lake) include a minor component of granitoid
blocks (as large as 4 m) that are interpreted to represent
the wall rocks of the magma chamber, and hence offer a
view of a shallow silicic magma chamber that is potentially
distinct from that recorded in phenocrysts. Compositions
and ages of the granitoids indicate they are plutonic rem-
nants of Pleistocene dacite and rhyodacite magmas at Mt.
Mazama (Bacon, 1992; Bacon et al., 2000; Bacon and
Lowenstern, 2005). In this paper, we present an analysis
of the temperature and hydrothermal history recorded in
the granitoids using U-Th disequilibria and in situ oxygen
isotope measurements. We propose that the most recent
isotopic shifts in the granitoids reflect important thermal
events in the growing magma chamber during the final
buildup to the caldera-forming eruption. Our approach of
using wall-rock samples to understand the development of
the climactic magma chamber provides an ‘‘outside in”
view that is complementary to that provided by phenocrysts
in the magma chamber.

2. GEOLOGIC BACKGROUND AND PRIOR OXYGEN

ISOTOPE STUDIES

Crater Lake caldera was formed by the climactic erup-
tion of Mt. Mazama ca. 7.7 ka, and is one of only three
Quaternary calderas in the Cascades (Bacon and
Lanphere, 2006; Hildreth, 1996, 2007). Deposits of the cli-
mactic eruption are comprised of �50 km3 of primarily rhy-
odacitic magma that vented as pumice and ash. Other
components of the climactic ejecta include andesitic scoria
that has either relatively high incompatible (designated as
high-Sr or ‘‘HSr” units) or comparatively low incompatible
(designated as low-Sr or ‘‘LSr” units) element contents (ter-
minology of Bacon and Druitt, 1988), mafic cumulates,
and, of interest to this study, granitoid blocks that are inter-
preted to have been derived from the walls of the magma
chamber. The granitoids are found in all deposits of the cli-
mactic eruption, but are concentrated in lithic breccia
deposited within a few kilometers of the caldera during
the later stages of the climactic eruption. Rare granitoid
xenoliths are also found in preclimactic dacites and rhyo-
dacites erupted from �7.8 ka to 70 ka (Bacon et al.,
1994), but these were not analyzed in this study. Collec-
tively, they consist mainly of granodiorite, with minor
quartz diorite, aplite, granite, diabase, and granophyre.
Hereafter we will use the terms ‘‘granitoids” or ‘‘granitoid
blocks” to refer to all varieties of felsic plutonic blocks at
Crater Lake.

The granitoid blocks are interpreted to have experienced
variable amounts of subsolidus exchange with meteoric
hydrothermal fluids and, in many cases, were partially
melted (Bacon et al., 1989, 1994; Bacon, 1992). Zircon
geochronology indicates that the granitoids reflect crystal-
lization of plutonic bodies between �300 ka and 20 ka
(Bacon and Lowenstern, 2005). Ages of zircons cluster
around three time periods at 50–70 ka, �110 ka, and
�200 ka, each of which corresponds to a period of dacitic
volcanism at Mt. Mazama (Bacon and Lowenstern,
2005). The granitoids and related rocks are considered to
represent the non-erupted portions of the magma cham-
ber(s) that produced the dacites.

Granitoid blocks from the climactic eruption show par-
tial melting up to 50 vol.%, as indicated by the presence of
intergranular high-silica rhyolite glass that represents
quenched melt (Bacon, 1992). The absence of granitoids
that experienced >50% partial melting, which is above the
threshold for the onset of plastic flow (Arzi, 1978; Marsh,
1981; Bacon et al., 1989), likely reflects disaggregation
and assimilation by the climactic magma (Bacon et al.,
1989; Bacon, 1992). Fe-Ti oxides in partially melted sam-
ples that are in contact with intergranular glass are thought
to have re-equilibrated with the melt and give Fe-Ti oxide
equilibration temperatures of 760–1010 �C (Bacon, 1992).
Many of the oxide temperatures exceed those obtained
for oxide phenocrysts in the rhyodacite and later-erupted
andesitic scoria and mafic cumulates (examples of the latter
that lack ilmenite may have been hotter still), suggesting
that granitoid blocks may have been from the walls of the
deeper portions of the chamber, consistent with the higher
concentration of blocks in later products of the caldera-
forming eruption (Druitt and Bacon, 1989; Bacon, 1992).
Fe-Ti oxides in nonmelted samples, and those not in con-
tact with glass in partially melted samples or are present
as mineral inclusions, give temperatures of 690 �C to
830 �C, and probably document initial crystallization con-
ditions (Bacon, 1992).

Previous work on bulk mineral separates of plagioclase,
quartz, and glass from granitoid blocks found in deposits of
the climactic eruption and in preclimactic rhyodacite/dacite
lavas demonstrates a wide range in oxygen isotope compo-
sitions, with d18O values (d18O = [((18O/16O)sample/
(18O/16O)standard � 1) � 1000] where the standard is
VSMOW) that range from d18Oplag = +6.5‰ to �3.4‰,
d18Oquartz = +8.0‰ to �2.2‰, and d18Oglass = +4.1‰ to
+2.9‰ (Bacon et al., 1989, 1994). The majority of the gran-
itoid blocks have d18O values that are considerably lower
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than those expected for mantle-derived magmas. Bacon
et al. (1989) interpreted the low-d18O values to reflect
exchange with Pleistocene meteoric hydrothermal fluids fol-
lowed by high-temperature exchange during heating and/or
partial melting. Hydrothermal circulation is thought to
have initiated between 70 and 27 ka, based on the presence
of a granitoid clast that has ‘‘normal” d18O values in the
dacite of Pumice Castle erupted at 70 ka (Bacon et al.,
1994). The presence of low-d18O glass in the partially
melted blocks indicates that oxygen isotope exchange
between meteoric waters and the plutonic bodies occurred
prior to melting. The relatively wide range in d18O values,
�10‰, measured in the granitoids presumably records a
range of water/rock mass ratios (Bacon et al., 1989).

Oxygen isotope fractionation between bulk quartz,
plagioclase, and glass separates is consistent with high-
temperature re-equilibration of the granitoids during
heating and/or partial melting (Bacon et al., 1989).
Quartz-plagioclase fractionation tends to decrease with
increasing Fe-Ti oxide temperatures (760–1000 �C for
oxides that re-equilibrated during partial melting), which
in turn correlates with increasing percent melting (Bacon
et al., 1989; Bacon, 1992). The range in Fe-Ti oxide temper-
atures is thought to relate to storage depth; the granitoids
that equilibrated to higher temperatures were likely located
in the deepest, hottest portions of the walls of the magma
chamber. Alternatively, the range in temperatures may
reflect proximity of the blocks to the magma chamber, in
which case lower temperatures may be indicative of storage
farther back in the walls of the chamber.

The presence of granitoid blocks in deposits of the
caldera-forming eruption and their bulk mineral/glass oxy-
gen isotope compositions provide evidence for upper crus-
tal assimilation by the magma chamber at Crater Lake.
Rhyodacites erupted from the climactic magma chamber
have bulk d18O values for plagioclase of +6.0 to +6.5‰.
These are �0.5–1‰ lower than expected values, which,
when taken into consideration with other trace-element,
isotopic, and petrographic data, are suggestive of up to
�25% assimilation of low-d18O, upper crustal material for
an assimilant with a d18Oplag value of +5.0‰ (Bacon
et al., 1989, 1994).

3. PETROLOGY OF THE SAMPLE SUITE

Samples of granitoid blocks selected for this study were
collected during geologic mapping of the Mt. Mazama
region (Bacon, 2008). All of the samples have been analyzed
for major- and trace-element geochemistry. Five were ana-
lyzed with X-ray fluorescence (XRF) and instrumental neu-
tron activation analysis (INAA) by Bruggman et al. (1987),
and the remaining two were analyzed via inductively cou-
pled plasma optical emission spectrometry (ICP-OES) and
inductively coupled plasma mass spectrometry (ICP-MS)
by Activation Laboratories Ltd. (ActLabs) for this study.
Six of the seven samples analyzed are granodiorite and
the remaining sample is aplite. The samples represent the
full range of partial melting observed in the granitoids
from 0 to 50 vol.%. Plagioclase (�6 mm diameter in
nonmelted samples) display oscillatory zoning and range
in composition from An13 to An67 (Bacon, 1992). Cores
tend to be � An50 and are typically more calcic than rims.
Quartz (�1.5 mm in nonmelted samples) grew in the
interstitial space surrounding the plagioclase and is accom-
panied by alkali feldspar and sodic plagioclase crystals,
commonly in granophyric intergrowths (Bacon, 1992).
Cathodoluminescence (CL) images of the quartz crystals
reveal magmatic growth zoning, as well as evidence for
alteration and heating in the form of overgrowths, healed
cracks, and dark, possibly recrystallized zones. Other
minerals include hypersthene, augite, hornblende, biotite,
magnetite, ilmenite, apatite, and zircon (Bacon, 1992).
Zircons analyzed in this study have SHRIMP 238U-230Th
model ages of � 110–200 ka (sample 1627) and � 27 ka
(sample 1995), and span nearly the full range of crystalliza-
tion ages represented by the granitoids and associated
antecrystic zircons (Bacon and Lowenstern, 2005).

4. ANALYTICAL METHODS

4.1. In situ oxygen isotope analysis

To prepare the granitoids for in situ oxygen isotope
analysis, rock chips of six samples were cut using a thin dia-
mond saw blade and were cast in 2.5 cm diameter epoxy
plugs. Two grains of UWQ-1, a well-characterized quartz
reference standard for SIMS oxygen isotope analysis
(Kelly et al., 2007), were embedded with epoxy in shal-
low,<2 mm holes drilled near the center of each sample
round. The 2.5 cm rounds were polished using a procedure
outlined by Heck et al. (2011) to minimize sample surface
relief, which is key to obtaining accurate and precise isotope
ratio analyses via SIMS (Kita et al., 2009, 2011). Zircon
grain mounts that were previously used for in situU-Th iso-
tope analyses (Bacon et al., 2000; Bacon and Lowenstern,
2005) were used for oxygen isotope analysis by SIMS in this
study. These mounts include zircons from nonmelted sam-
ple 1627 and minimally melted sample 1995 (<2% melt). We
note that targeting zircons only from nonmelted to mini-
mally melted samples avoids the potential for dissolution
of zircon rims during partial melting of the granitoids. To
prepare the zircon mounts for SIMS analysis, 4 to 5 grains
of KIM-5, a well-characterized zircon reference standard
(Valley, 2003), were embedded near the center of the
mounts. The samples were then re-polished following the
procedure above.

Samples were imaged in preparation for SIMS analysis
with a Hitachi S-3400 N scanning electron microscope
(SEM) using secondary electron (SE), back-scattered elec-
tron (BSE), and cathodoluminescence (CL) imaging. Spot
analyses to confirm the identity of mineral phases were per-
formed using Energy-Dispersive X-ray Spectroscopy (EDS)
at an accelerating voltage of 15 keV, a working distance of
10 mm, and Thermo Scientific NORAN System SIX soft-
ware. The samples were also imaged by SEM after SIMS
analysis to evaluate the ion probe pits for the presence of
inclusions, cracks, or other irregularities.

In situ oxygen isotope analyses of cores and rims of pla-
gioclase, quartz, and zircon (Table A1 in Appendix A) were
performed on the CAMECA IMS-1280 secondary ion mass
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spectrometer (SIMS) at the WiscSIMS Laboratory at the
University of Wisconsin-Madison Department of Geo-
science. In addition, detailed core to rim transects were
measured across a total of ten quartz crystals in a non-
melted granitoid and four of the partially melted granitoids.
Analysis spots were selected based on detailed SE, BSE,
and CL images with the goal of avoiding cracks, inclusions,
and other defects in the crystal surface. Because increased
uncertainty can be introduced by instrumental mass bias
(‘‘XY effect”, Kita et al., 2009), the spots, which are
approximately 10 to 20 lm in diameter, were placed within
8 mm of the center of the sample round (Peres et al., 2013).
Instrumental mass fractionation (IMF or bias) and drift
were monitored and corrected by performing 4–5 analyses
of the UWQ-1 quartz standard in the granitoid sample
rounds and the KIM-5 zircon standard in the zircon grain
mounts before and after every 10–15 analyses of unknowns.
A detailed description of this bracketing method can be
found in Valley and Kita (2009). Precision (2SD) for the
unknown analyses were calculated based on the standard
deviation of the bracketing standard analyses collected
before and after each group of unknowns. To determine
instrumental bias correction factors for plagioclase, mea-
surements of d18O were collected in homogenous plagio-
clase standards of known oxygen isotope compositions
and then used to generate a calibration curve relative to
the UWQ-1 quartz standard (Valley and Kita, 2009).
Because instrumental bias varies with anorthite (An) con-
tent, correction factors were determined for plagioclase
standards with a range of An content, from An0 to An90
(see Appendix C). To apply this correction to plagioclase
in the samples, An content was measured for the SIMS
analysis spots using a CAMECA SX51 and Probe for Win-
dows software in the Eugene Cameron Electron Micro-
probe Lab at the University of Wisconsin-Madison
Department of Geoscience. All d18O values are reported rel-
ative to VSMOW.

4.2. U-Th isotopes

Samples selected for U-Th isotope analysis include the
six granodiorites analyzed for oxygen isotopes as described
above and an additional granitic aplite sample. Aliquots
of � 125–200 mg of powdered whole rock were dissolved
and processed to separate U and Th using methods
described in Wende et al. (2015). Uranium-series isotope
ratios were measured on a Micromass Isoprobe MC-ICP-
MS at the University of Wisconsin-Madison’s ICP-TIMS
Lab, Department of Geoscience, following methods of
Ankney et al. (2013) and Jicha et al. (2009). Uranium and
Th cuts of each sample were prepared for isotopic analysis
and analyzed as described in Ankney et al. (2013). External
precision, reproducibility, and accuracy of Th and U iso-
tope measurements were monitored through analyses of
spiked and nonspiked rock standards (AGV-2, BCR-2)
and U and Th standard solutions (IRMM-035, IRMM-
036, NBL-114, U-500). For Th isotope analysis, a second-
order polynomial correction (R2 > 95%) based on the
d232Th/230Th values (the measured 232Th/230Th relative to
IRMM) and total ion intensity was applied to the data.
Thirty-seven analyses of IRMM-035 yielded a 232Th/230Th
ratio of 87,817 ± 0.39%, 42 analyses of IRMM-036 yielded
a 232Th/230Th ratio of 326,784 ± 0.80%, 11 analyses of
BCR-2 yielded a 232Th/230Th ratio of 211,331 ± 0.72%,
and 13 analyses of AGV-2 yielded a 232Th/230Th ratio of
196,292 ± 0.69%. These measured values are indistinguish-
able from consensus values given by Sims et al. (2008).
U-Th concentrations and isotopic compositions for the
rock standards are given in Table 1.

5. RESULTS

5.1. Oxygen isotope results

In situ oxygen isotope analysis of core to rim variations
in plagioclase and quartz reveal distinct variations between
these minerals (Table A1 in Appendix A). Cores and rims
of plagioclase (n = 91) are typically homogeneous within
analytical uncertainty (�0.3‰; Fig. 1A). Oxygen isotope
analyses in quartz cores and rims (n = 126), however, show
that quartz in both nonmelted and partially melted grani-
toids is typically zoned, where the difference in d18O values
between core and rim (D18Ocore-rim) can be up to 5.5‰,
although most are significantly smaller (��0.5‰)
(Fig. 1B). Core-to-rim transects measured across ten quartz
grains (D18Ocore-rim from 0.3 ± 0.3‰ to 5.5 ± 0.3‰) reveal
oxygen isotope zoning profiles in which d18O values
drop from the cores towards the rims (see Fig. 2 and
Figs. B1–B9 in Appendix B). Transects measured at multi-
ple orientations across crystals in nonmelted sample 1627
reveal fairly symmetrical zoning patterns with respect to
the d18O values measured for the rims and the slope of oxy-
gen isotope profiles within individual crystals (Figs. B1–B3
in Appendix B). In partially melted samples, d18O values
measured at multiple points around the rim of individual
crystals are also typically the same and do not vary beyond
the analytical uncertainty of the SIMS measurements
(Fig. 2 and Figs. B4–B9 in Appendix B). Importantly,
embayment of the rims by melting typically does not appear
to truncate the measured profiles, and steeper oxygen
isotope profiles are measured parallel to the direction of
melting (Fig. 2).

In situ oxygen isotope analyses of cores and rims of
zircons (n = 26) for two of the samples analyzed in this
study (nonmelted sample 1627 and minimally melted
sample 1995) give d18O values from 5.2 ± 0.2‰ (rim) to
6.0 ± 0.3‰ (rim) (Table A1 in Appendix A, Fig. B11 in
Appendix B), which are consistent with ‘‘normal”
magmatic d18O for zircon, i.e., similar to values in high tem-
perature equilibrium with the mantle (Valley, 2003).

5.2. U-Th isotope results

The majority of whole-rock granitoid samples analyzed
in this study display U-Th disequilibrium with 238U excess
(Fig. 3) and define a trend that coincides with U-Th isotope
compositions measured in pre-climactic and climactic rhyo-
dacites and dacites and LSr scoria erupted during the cli-
mactic eruption (Fig. 4, Ankney et al., 2013). Activity
ratios of (230Th/232Th) were corrected for the ingrowth of
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Lake, Oregon. The solid line indicates a 1:1 relation and the dotted
lines denote the average 2SD of the in situ oxygen isotope analyses
(0.3‰). Averages are shown for crystals in which multiple core
and/or rim points were measured. A complete set of core and rim
points is plotted in Fig. B12 of Appendix B. (A) d18O values for
plagioclase cores relative to rims. Plagioclase crystals typically have
no significant core to rim zonation in their oxygen isotope
compositions, and, where zonation does exist, there is no
discernable pattern with respect to a systematic direction of change
in d18O toward the rim. (B) d18O values for quartz cores relative to
rims. Quartz cores tend to be heavier relative to rims (typically
D18Ocore-rim � 0.5‰), with a maximum D18Ocore-rim fractionation of
5.5‰ in sample 452 (7% melt).
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230Th since the time of eruption using an age of 7.7 ka, as
this represents the minimum possible age of the granitoids
and any glass (quenched melt) present in them. Ages of
20–200 ka are proposed as possible crystallization ages for
the granitoids based on U-Th zircon geochronology



Fig. 2. Transects measured via SIMS shown across a cathodoluminescence (CL) image of quartz crystal (Q1) in partially melted granitoid
1023. An estimated outline of the original crystal margins is shown, as well as preferential shortening of measured profiles along the top edge
by melting. The horizontal transect across the right half of the grain is plotted in Fig. 8D. Images of transects measured across additional
crystals are shown in Figs. B1–B9 of Appendix B.
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(Bacon and Lowenstern, 2005). The maximum U excess
recorded in the granitoids ranges from 5.8% to 8.8%, based
on ages of 7.7 ka and 50 ka, respectively. Because the gran-
itoids have exchanged with hydrothermal fluids, it is possi-
ble that additional ingrowth of 230Th may have occurred
from decay of excess 234U (i.e., (234U/238U) > 1) added via
hydrothermal fluids, which could skew the apparent ages
of the granitoids by up to 30 kyr (see Ankney et al.,
2013). It is important to note, however, that these calcula-
tions represent a maximum effect of 234U excess in
hydrothermally altered rocks, and that Villemant et al.
(1996) indicate that (234U/238U) ratios can be unaffected
by interaction with hydrothermal systems, even in samples
that have strong enrichments in 238U relative to 230Th due
to interaction with hydrothermal fluids (e.g., Sturchio
et al., 1987). We therefore suggest that 234U excess did
not have a significant effect on the (230Th/232Th) ratio of
the granitoids, especially because they have relatively small
U excesses.

Two of the samples (1627 and 432) analyzed in this
study plot in 230Th-excess in Fig. 3. Sample 1627 is a non-
melted granodiorite that has �5.6% Th-excess, based on a
minimum (230Th/232Th) correction age of 7.7 ka. Cathodo-
luminescence images of quartz in this sample reveal a large
network of annealed fractures and CL-dark zones (Fig. B10
in Appendix B). Sample 432 is a partially melted granitic
aplite that has �3.0% Th-excess. Its major- and trace-
element compositions indicate that it is significantly more
differentiated than the granodiorites, and it has no eruptive
equivalent at Mt. Mazama (Bacon, 1992).



Fig. 3. U-Th isotope data for the granitoids analyzed in this study and previously published data for Mt. Mazama. (230Th/232Th)0 ratios for
the colored circles were age-corrected using a baseline age of 7.7 ka (the climactic eruption), which is the minimum possible age for the
granitoids. The black circles represent the Th isotope compositions if an age of 50 or 100 ka is assumed. Comparing the results from the
granitoids to earlier work on eruptive units by Ankney et al. (2013) suggests that U-Th ages of �7.7–50 ka provide the best fit for the existing
Crater Lake data for the volcanic component, and this U-Th age range is inferred for the granitoids measured in this study. The black line
represents the 40–75 kyr isochron of Ankney et al. (2013). Colors of symbols match those in Fig. 1. (For interpretation of the references to
color in this figure legend, the reader is referred to the web version of this article.)
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6. DISCUSSION

Given the low d18O values of meteoric water in the
region (present day: ��14‰ VSMOW, Thompson et al.,
1987), oxygen isotopes are particularly sensitive tracers of
upper crustal processes associated with growth of the cli-
mactic chamber at Mt. Mazama (Bacon et al., 1989,
1994). Based on prior U-Th isotope studies at Crater Lake
(Ankney et al., 2013), U-series isotopes provide constraints
on the timing of upper crustal hydrothermal interaction. In
the discussion below, we first use models of oxygen diffu-
sion under hydrothermal conditions and the U-Th isotope
composition of the granitoids to assess the timing of
hydrothermal circulation associated with the climactic
magma chamber. Oxygen isotope diffusion models are then
used to examine timescales of partial melting in the grani-
toids in an attempt to understand the origin of the most
highly melted granitoids in the context of the climactic
magma chamber as envisaged by Druitt and Bacon (1989).

6.1. Evidence for two stages of oxygen isotope exchange in

wall rocks at Mt. Mazama

In situ measurements of oxygen isotope compositions in
plagioclase, quartz, and zircon crystals in this study provide
a record of a minimum of two stages of oxygen isotope
exchange that affected the granitoid wall rocks surrounding
the climactic magma chamber at Mt. Mazama (Fig. 4). We
propose that these stages can be distinguished based on dif-
ferences observed in the oxygen isotope zonation and frac-
tionation measured in nonmelted or incipiently melted
samples relative to those containing significant proportions
of melt. An initial, subsolidus exchange stage can be
inferred from the presence of zircon crystals with mantle-
like d18O values in nonmelted sample (1627) and minimally
melted sample 1995 (<2% melt), which indicates that the
parent magmas did not originally have unusually low
d18O values (see Fig. B11 in Appendix B). Lowering of
d18O values in plagioclase and quartz in these samples
therefore requires oxygen isotope exchange after the grani-
toids initially crystallized, as was suggested by Bacon et al.
(1989). Hereafter, we refer to this subsolidus exchange as
Exchange Stage 1 and interpret the resulting low d18O val-
ues in plagioclase and quartz to reflect hydrothermal circu-
lation of low-d18O meteoric waters, which seems likely to
have occurred through fluid flow along grain boundaries
and fast grain boundary diffusion (e.g., Eiler et al., 1992).
Exchange Stage 1 is best represented by the d18O zonation
observed across core to rim transects in quartz in sample
1627 (Fig. 4). This sample is nonmelted and is therefore
least likely to have been affected by significant (i.e., mea-
sureable via SIMS) high temperature exchange during later
heating that resulted in partial melting of most granitoid
samples. Moreover, the D18Oqtz-plag fractionation (using
quartz rims) of �1.6‰ measured for this sample is consis-
tent with exchange at subsolidus temperatures of �450–
650 �C (e.g., Matthews et al., 1983; Chiba et al., 1989)
and thus under hydrothermal conditions.

Two lines of evidence suggest that a second stage of oxy-
gen isotope exchange took place during heating and melting
of the granitoid blocks, defined here as Exchange Stage 2.
First, D18Oqtz-plag and D18Oqtz-glass fractionations are



Fig. 4. Schematic diagram showing the results of diffusion during both Exchange Stage 1 (hydrothermal) and Exchange Stage 2 (partial
melting). The crystal shown for Exchange Stage 1 is from nonmelted sample 1627 and the crystal for Exchange Stage 2 is from partially melted
sample 1023. For simplicity, only the core and rim values are shown on the image of each crystal. Complete measured transects are available
in Fig. B3 of Appendix B for sample 1627 and Fig. 2 for sample 1023.
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significantly smaller at �0.0–1.2‰ (using quartz rims) in
the melted samples relative to those in the nonmelted
sample (1627), indicating additional oxygen isotope
exchange took place at high temperatures (e.g., Bindeman
and Valley, 2002). Second, petrographic evidence exists in
the partially melted granitoids for the influence of melting
on oxygen isotope profiles. Melting at the edges of the
crystals generally does not truncate the measured diffusion
profiles. Where melting preferentially affected one side of a
crystal, we observe shortening and steepening of the diffu-
sion profiles (Figs. 2 and 4). In the few cases where melting
does appear to truncate the oxygen isotope gradients
measured in quartz, this may be a result of melting and
diffusion processes occurring concurrently and at different
rates. Importantly, the preservation of diffusion profiles
indicates that partial melting of the granitoid blocks was
relatively rapid and thus occurred closely in time to the
climactic eruption. This is quantified in Section 6.3.

The homogeneity in d18O values in the plagioclase cores
and rims in both the nonmelted and partially melted
granitoid blocks indicates that complete oxygen isotope
diffusional relaxation occurred in plagioclase prior to
the climactic eruption. Given the fact that oxygen diffusion
coefficients for plagioclase at the temperatures of the
climactic magma chamber are 5–30 times larger
(i.e., faster) than those of quartz (Giletti et al., 1978;



Fig. 5. Variability in thydro needed to reproduce the d18O value in
the core of nonmelted sample 1627 at temperatures of 400–700 �C,
where d18Oigneous represents the oxygen isotope composition in the
core prior to Exchange Stage 1 and d18Ohydro represents the oxygen
isotope composition following Exchange Stage 1.
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Elphick et al., 1988), re-equilibration for plagioclase the
size of crystals in the granitoids is expected except for
short time scales (�102 years).

6.2. Timescales for hydrothermal exchange (Exchange Stage

1)

6.2.1. Parameters for modeling hydrothermal exchange

(Exchange Stage 1)

The presence of oxygen isotope zonation in quartz
allows us to place constraints on the timescales of both
hydrothermal exchange (Exchange Stage 1) and partial
melting (Exchange Stage 2) of the granitoid blocks. To
determine the amount of time (thydro) required to generate
the measured profiles created during Exchange Stage 1 in
the nonmelted sample (sample 1627), we reproduced the
oxygen isotope zonation across each transect using a spher-
ical model given by equation 6.18 from Crank (1975):

C � C1

C0 � C1

¼ 1þ 2a
pr

X1
n¼1

ð�1Þn
n

sin
npr
a

e
�Dn2p2 t

a2

� �
ð1Þ

where C is the composition at distance r (measured from
center) in a sphere, C1 is the initial composition, C0 is the
composition at the sphere’s surface, a is the radius, D is a
diffusion coefficient (discussed below), and t is time. This
equation is for a simplified case of diffusion in a sphere
where the isotopic composition of the diffusing element
(e.g., 18O/16O) remains constant at the surface of the sphere
(Crank, 1975). We note that this assumes that the non-
melted sample did not undergo any high-temperature
exchange in association with heating by the climactic
magma chamber during Exchange Stage 2 before being
erupted. It is unlikely that this assumption is completely
correct, but, as noted previously, the amount of diffusive
exchange during Exchange Stage 2 might have been small
and not detected along measured traverses in sample
1627. Eq. (1) was also used to generate estimated Exchange
Stage 1 profiles for the partially melted samples, which are
in turn used as initial conditions for Exchange Stage 2.

Our diffusion models are primarily controlled by exper-
imentally determined values of diffusion coefficients (D) for
oxygen self-diffusion (volume diffusion), which is likely the
rate-limiting step in isotopic exchange for these samples
(e.g., Bacon et al., 1994; Valley, 2001). To calculate time-
scales for diffusion in quartz during Exchange Stage 1, we
used diffusion coefficients determined for hydrothermal
conditions (PH2O = 100 MPa) by Dennis (1984), commen-
surate with the hydrothermal environment required to
lower the d18O values of the samples from the presumed
magmatic values indicated by zircon oxygen isotope com-
positions and typical zircon-melt oxygen isotopic fractiona-
tion (e.g., Bindeman and Valley, 2002). Diffusion
coefficients for exchange during Exchange Stage 1 were
then adjusted for different temperatures using the Arrhenius
relation:

D ¼ D0e�E=RT ð2Þ
where D0 is the pre-exponential factor (cm

2/s or m2/s, deter-
mined experimentally), E is the activation energy (J/mol,
determined experimentally), R is the gas constant
(8.3143 J/K mol), and T is temperature (K). A range of
temperatures of 400–700 �C was considered for Exchange
Stage 1, which produces considerable variability in the thydro
needed to model the measured profiles. Reproducing the
d18O value measured for the core of a crystal in nonmelted
sample 1627 requires a thydro = �103 yrs at 700 �C and
thydro > 2 � 106 yrs at 400 �C (Fig. 5). At temperatures of
<�510 �C, modeled times are too long based on the maxi-
mum age of the granitoids determined by zircon
geochronology (�300 ka, Bacon and Lowenstern, 2005)
or the maximum age for the onset of Exchange Stage 1 of
�70 ka based on the presence of a ‘‘normal” d18O granitoid
in eruptive products of that age (Bacon et al., 1994); we
therefore restrict our discussion below to modeling using
temperatures of >510 �C.

The amount of time required to produce the oxygen iso-
tope gradients measured in quartz in this study is also
dependent on the crystal size (diffusion distance, a) and
the initial (C1) and surface (C0) d18O values (Valley,
2001). For our models, we set the diffusion distance (a)
equal to the core-to-rim distance for each transect that we
measured, which ranged from �100 to 450 lm. This may,
however, underestimate thydro for Exchange Stage 1 in the
partially melted samples, as the crystals are expected to
be smaller than they were prior to melting. To evaluate pos-
sible effects of partial melting, the relation between thydro
and crystal size at 510 �C is plotted in Fig. 6, which typi-
cally increases with increasing crystal diameter. Exceptions
to this are two crystals found in partially melted samples
1023 and 1995 (Q6 in 1023 and Q7 in 1995, Fig. 6) that
require relatively long timescales for Exchange Stage 1
despite their smaller size. These crystals have anomalously
low d18O values in their cores (i.e., they require longer thydro
to produce) that were likely lowered by diffusion during
Exchange Stage 2, as discussed below. It is also important
to note that the range of thydro calculated for single samples
could be a result of the three-dimensional orientation or
shape of the quartz crystals in the sample mount. Our
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Fig. 7. (A) d18O values for the cores (measured) versus re-
equilibrated d18O (rim) values (calculated) for Exchange Stage 1
in the nonmelted and partially melted samples. Representative
error bars (average 2SD = ±0.3‰) have been included for one
crystal in sample 1627. (B) Schematic diagram of the two-stage
model for producing the oxygen isotope profiles in the partially
melted granitoids. The green line represents the initial igneous d18O
value (C1). Blue curve represents the oxygen isotope profile after
Exchange Stage 1 and the red curve, Exchange Stage 2. (For
interpretation of the references to color in this figure legend, the
reader is referred to the web version of this article.)
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models are limited by measuring transects for a single, two-
dimensional cross section of each quartz crystal and thus
actual distances to the rim of each grain could have been
less than the distance given in Fig. 6.

The initial value (C1) for quartz was assumed to be
+8.0‰, which is in high-temperature equilibrium with zir-
con in these samples at magmatic temperatures. For the
nonmelted sample, a re-equilibrated (rim) d18O value (C0)
was estimated by extrapolating the measured profiles to a
distance of zero from the rim along the core-to-rim trans-
verse. The re-equilibrated d18O values (C0) for quartz for
Exchange Stage 1 in the partially melted samples were cal-
culated by adding 1.4‰, a value based on the D18Oqtz-plag

fractionation used for our model for the nonmelted sample,
to the average d18O value measured for plagioclase in each
sample. This assumes that the plagioclase crystals were
homogenized to their current oxygen isotope composition
during hydrothermal exchange in Exchange Stage 1, and
were not significantly affected by subsequent high-
temperature exchange during Exchange Stage 2. This
assumption is probably an oversimplification, as it is likely
that the d18O values for plagioclase were somewhat lower
and/or the plagioclase crystals were zoned like the quartz
prior to melting. Importantly, the C0 values and modeled
oxygen isotope profiles for Exchange Stage 1 for the par-
tially melted samples must be distinct from the nonmelted
sample because the d18O values for quartz and plagioclase
in nonmelted sample 1627 are too low to be used to repre-
sent Exchange Stage 1 in partially melted sample 1023
(Fig. 7a). For our models, Exchange Stage 1 diffusion in
the partially melted samples was presumed to have pro-
gressed until the d18O value in the core of each crystal
matched either the maximum value measured for the core
or the estimated C0 for that sample (Fig. 7b). This approach
gives a maximum thydro for each transect, as it assumes
that the cores were not affected by subsequent diffusion
during Exchange Stage 2, and, in conjunction with the
variable C0 values, produces modeled Exchange Stage 1
oxygen isotope profiles that vary between samples
(blue curves in Fig. 8). A summary of temperature and
initial/re-equilibration conditions used for each sample is
given in Table 2.

6.2.2. Diffusion model results: timescales for hydrothermal

exchange (Exchange Stage 1)

The timescales for Exchange Stage 1 for specific samples
vary depending on their oxygen isotope profiles and the
oxygen isotope composition measured in plagioclase
(Fig. 8), as noted above. Self-diffusion models for oxygen
isotope zonation measured in quartz transects predict that
hydrothermal exchange (Exchange Stage 1) in the non-
melted sample could have occurred over a period of
�1000–63,000 yrs prior to the caldera-forming eruption at
temperatures of 700–510 �C, as constrained by transects
measured across the largest quartz grain from nonmelted
granitoid sample 1627. In the partially melted samples,
models suggest that Exchange Stage 1 occurred over a
period of �150 yrs (700 �C, sample 1326) to �99,000 yrs
(510 �C, sample 1995) prior to partial melting. Shorter
times calculated for the partially melted samples relative
to the nonmelted sample may be the result of shortening
of core to rim distances during partial melting. Samples
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Table 2
Oxygen isotope self diffusion modeling parameters.

Sample Thydro (�C) Tmelt (�C) Dhydro (cm
2/s, 510 �C) Dhydro (cm2/s, 700 �C) Dmelt (cm

2/s) C1 C0,hydro C0,melt

1627 510–700 – 1.25E�16 7.83E�15 – 8.0 4.3 –
1995 510–700 900 1.25E�16 7.83E�15 1.08E�14 8.0 3.9 3.2
452 510–700 842 1.25E�16 7.83E�15 5.17E�15 8.0 �2.6 �3.1
1326 510–700 954 1.25E�16 7.83E�15 2.01E�14 8.0 3.8 3.2
1023 510–700 965 1.25E�16 7.83E�15 2.27E�14 8.0 5.2 4.3
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for which we calculated times longer than 63,000 yrs
include those in Fig. 6 that require anomalously long times
for Exchange Stage 1 despite their relatively small diame-
ters. This means that it is likely more appropriate to assume
that the cores of these samples did not reach their current
d18O values during Exchange Stage 1, but were affected
by additional oxygen isotope exchange during Exchange
Stage 2. We note that this is necessary to explain the low
d18O values we measure for sample 1995, which is inter-
preted as the plutonic equivalent to rhyodacites erupted
�27 ka (Bacon and Lowenstern, 2005) and would require
that hydrothermal exchange occurred over timescales of
less than �20,000 yrs.

6.2.3. 238U enrichment and the hydrothermal history of the

climactic magma chamber

The combination of U-Th and oxygen isotope data also
allows us to evaluate the source and age of U enrichment in
the granitoids, particularly as it relates to the hydrothermal
system that was associated with the growing upper crustal
magma chamber at Mt. Mazama. Here, we further explore
the proposal of Ankney et al. (2013) that U enrichment in
the granitoids reflects exchange with hydrothermal fluids,
a scenario that has been recognized at other caldera set-
tings, including Long Valley, Valles, Timber Mountain,
and Yellowstone (Bindeman et al., 2006; Sturchio et al.,
1986, 1987; Wollenberg et al., 1995), as well as more gener-
ally in arc volcanic systems (e.g., Villemant et al., 1996;
Zellmer et al., 2014). Uranium enrichment via meteoric
fluid flow has also been documented for the Idaho Batho-
lith, where the greatest enrichment in fluid-mobile elements,
including U, occurred in portions of the batholith that had
the greatest lowering of dD and d18O values (Criss and
Taylor, 1983; Gosnold, 1987).

At Mount Mazama, 238U-excess is more common than
230Th excess (Ankney et al., 2013). This is in contrast to
other Cascade volcanoes for which U-excess is observed
in less than 15% of samples analyzed for U-Th isotopes
(Bennett et al., 1982; Newman et al., 1986; Volpe and
Hammond, 1991; Volpe, 1992; Jicha et al., 2009; Mitchell
and Asmerom, 2011; Wende et al., 2015). Typically, U
excess in arc settings is attributed to U addition from dehy-
dration of the subducting slab and fluid fluxing of the man-
tle wedge, reflecting the fluid-mobile nature of U (e.g.,
Turner et al., 2003). In the Cascades, U enrichment due
to interaction with subduction fluids is thought to be less
pronounced than in most other arcs, considering the rela-
tively hot and dry nature of the subduction zone (Wilson,
1988; Blackwell et al., 1990; Harry and Green, 1999; Van
Keken et al., 2002; Hildreth, 2007). In a previous study,
Ankney et al. (2013) proposed that U excess documented
in lavas and pyroclastic rocks erupted from the climactic
magma chamber of Mt. Mazama was generated by assimi-
lation of an upper crustal component that was enriched in
U through interaction with hydrothermal fluids. The new
U-Th isotope data measured in the granitoids in this study
support that interpretation, because the d18O values of the
granitoids have all been lowered from their primary mag-
matic oxygen isotope compositions, and the granitoids gen-
erally fall along a U excess array that is similar to that
defined by the preclimactic and climactic dacites and rhyo-
dacites (Fig. 3). Importantly, five of the analyzed granitoids
have 238U excesses equal to or greater than any of the
dacites or rhyodacites previously analyzed for U-Th iso-
topes. Sample 452, in particular, has the highest U excess
yet measured in a dacite or rhyodacite rock at Mt. Mazama
and also has the lowest d18O value measured in this study.

The U excess array measured in the granitoids and in
volcanic rocks from Mt. Mazama suggests that U enrich-
ment occurred �40–75 kyrs prior to the climactic eruption
(i.e., �48–83 ka), based on calculations by Ankney et al.
(2013) for volcanic rocks and the relations in Fig. 3. The
beginning of hydrothermal circulation may be associated
with voluminous dacite eruptions at Mt. Mazama that
occurred around 70 ka (Bacon and Lanphere, 2006), and
we suggest that this records when a persistent upper crustal
magma chamber had been developed, which would supply a
large shallow heat source to support a hydrothermal enve-
lope. The U-excess timescale for Exchange Stage 1 overlaps
with that calculated using the oxygen diffusion models dis-
cussed in Section 6.2.1 above, and allows us to put further
constraints on the range of thydro and temperature condi-
tions for Exchange Stage 1. A minimum age of �48 ka
for the onset of hydrothermal circulation would require
temperatures of <�525 �C for the nonmelted sample.
Assuming a maximum age of �70 ka per the discussion in
Section 6.2.1, we can then propose a fairly narrow range
of temperatures for Exchange Stage 1 from �510 to 525 �
C. This is consistent with the D18Oqtz-plag fractionation
(using quartz rims) of �1.6‰measured for nonmelted sam-
ple 1627.

Although the correlation between U excesses and low
d18O values broadly supports the model of Ankney et al.
(2013), two issues must be addressed. The first is that time-
scales of >40 kyrs are too long to explain the U excess and
low-d18O values measured in partially melted sample 1995,
which zircon geochronology indicates probably had crystal-
lized by �30 ka (Bacon and Lowenstern, 2005). The pres-
ence of zircons with ‘‘normal” magmatic d18O values in
this sample implies that the other minerals in this rock must
have experienced subsolidus oxygen isotope exchange dur-
ing Exchange Stage 1, which can occur at timescales of
<20 kyrs according to modeling in Section 6.2.2. The U-
Th isotope composition of sample 1995, however, is within
error of compositions measured for possible volcanic equiv-
alents by Ankney et al. (2013), which have U excesses that
they attribute to assimilation of U-enriched upper crust. We
therefore suggest that sample 1995 may have, in part,
acquired its U excess from assimilation of earlier granitoids.
This is permissible given the higher Fe-Ti oxide tempera-
tures measured for the likely volcanic equivalent of sample
1995 (850 �C, Druitt and Bacon, 1989) relative to those
indicated for the original crystallization conditions of ear-
lier granitoids (690–830 �C, Bacon, 1992). The second issue
is two granitoid samples that plot in Th excess (Fig. 3) that
have low d18O values. If our model for U-enrichment due to
hydrothermal circulation is correct, presumably through U
leaching from other rocks, it is in fact not surprising that
some granitoids are in Th excess (as are, presumably, some
country rocks). Extensive interaction with hydrothermal
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fluids that leached U may account for the high abundance
of possible alteration features observed in CL images of
quartz in sample 1627 (Fig. B10 in Appendix B), which
has the largest Th excess (Fig. 3) relative to others analyzed
in this study.

6.3. Timescales for partial melting (Exchange Stage 2)

6.3.1. Parameters for modeling oxygen isotope exchange

during partial melting (Exchange Stage 2)

In the partially melted samples, models of high temper-
ature exchange during partial melting (Exchange Stage 2)
were calculated by applying Eq. (1) to the initial profiles
from Exchange Stage 1 discussed in Section 6.2.2
(Fig. 7b, Table 2). Determining appropriate diffusion coef-
ficients for modeling Exchange Stage 2 was more challeng-
ing relative to Exchange Stage 1, because the water contents
that existed during melting of the granitoids are difficult to
constrain. Oxygen self-diffusion coefficients for quartz vary
dramatically depending on the presence of water (e.g.,
Farver and Yund, 1991). Diffusion coefficients for oxygen
diffusion determined in anhydrous studies, where experi-
ments involve exchange with dry-18O2 gas (e.g., Dennis,
1984), are several orders of magnitude smaller than those
measured for oxygen diffusion determined for hydrother-
mal (wet) conditions, where experiments are typically
performed at a pressure of water (PH2O) of 100 MPa (e.g.,
Dennis, 1984; Giletti and Yund, 1984; Sharp et al., 1991).
Because the granitoids at Mt. Mazama underwent exchange
with hydrothermal fluids during Exchange Stage 1, and
contain abundant aqueous fluid inclusions in quartz and
feldspar, water activity may have been high during melting,
although the melts evidently were not water-saturated,
especially in samples with higher melt fractions (Bacon,
1992; Bacon et al., 1994). Moreover, Fe-Ti oxide
geothermometry and water contents of glass suggest that
partial melting occurred without introduction of a vapor
phase (Bacon, 1992). We therefore calculated high-
temperature diffusion profiles and timescales (tmelt) for
Exchange Stage 2 in the partially melted samples using
diffusion coefficients for quartz for both anhydrous
(Dennis, 1986) and hydrothermal conditions (Dennis,
1984). At temperatures of �850–1000 �C, these values of
D require tmelt = �1500–90,000 years (anhydrous) and
tmelt � �1 year (hydrothermal). We suggest that the actual
diffusion coefficients for the granitoids during partial melt-
ing likely fall somewhere in between values determined for
anhydrous and hydrothermal conditions as there would
have been some water dissolved in melts, and we therefore
favor values from Farver and Yund (1991), who measured
rates of oxygen self-diffusion in quartz over a range of PH2O

from 5 to 350 MPa. It is important to note that the addition
of only a small amount of water (PH2O = 5 MPa) increases
the diffusion coefficient for quartz relative to an anhydrous
value by at least two orders of magnitude. Additional
parameters and results for models using diffusion coeffi-
cients for Exchange Stage 2 where PH2O = 5 MPa, which
is appropriate given the low water content of the partial
melts of the Crater Lake granitoids (<1 wt.%), are discussed
in detail below.
Diffusion coefficients for Exchange Stage 2 were
adjusted for different temperatures on a sample-specific
basis using Eq. (2). Farver and Yund (1991) do not give
D0 and E for the variable PH2O experiments, so in order
to scale diffusion coefficients with temperature for partial
melting, we back-calculated the pre-exponential factor
using the experimental temperature of 700 �C and an acti-
vation energy of 138 kJ/mol, which is equal to an experi-
mental value for quartz determined by Dennis (1984). We
note that this value for E is relatively low in comparison
to most others found in the experimental literature (e.g.,
Dennis, 1984; Giletti and Yund, 1984; Farver and Yund,
1991; Sharp et al., 1991; Farver, 2010), so it provides a con-
servative estimate of the increase in diffusion coefficients
with increasing temperature. Temperatures equal to Fe-Ti
oxide temperatures determined by Bacon (1992) for re-
equilibrated oxides in contact with glass were used to calcu-
late diffusion coefficients for quartz in the partially melted
granitoids, with the exception of sample 1995 for which
there are no oxide temperatures available. For this sample,
we assumed a temperature of 900 �C, which is a moderate
value for a partially melted granitoid and is reasonable
given its D18Oqtz-plag fractionation (for quartz rims) of
0.9‰.

The amount of time (tmelt) required for Exchange Stage 2
can also vary based on the extent of oxygen isotope
exchange that is presumed to have occurred during
Exchange Stage 1. As noted above in Section 6.2.1, the ini-
tial (C1) profiles for the partially melted samples were calcu-
lated assuming that the core of each crystal reached its
current value during Exchange Stage 1. Values for C0 dur-
ing partial melting were estimated based on appropriate
high-temperature equilibrium values with glass (bulk values
from Bacon et al., 1989) and/or plagioclase. This gives max-
imum possible ages for Exchange Stage 1, and therefore
results in minimum ages for Exchange Stage 2. Maximum
ages for Exchange Stage 2 can be calculated by assuming
the quartz crystals were unaffected by oxygen isotope
exchange during Exchange Stage 1, i.e., they had no oxygen
isotope zonation present prior to partial melting and were
in equilibrium with zircon (d18Oqtz = +8.0‰). We calculate
maximum ages of tmelt = �30–840 years for the partially
melted samples, which, although longer than those dis-
cussed below, do not markedly change our interpretations
of the high temperature (Exchange Stage 2) history of the
granitoids with respect to the growing climactic magma
chamber.

6.3.2. Diffusion model results: timescales for partial melting

(Exchange Stage 2)

The onset of melting (Exchange Stage 2) in the partially
melted granitoids is predicted by our models to have
occurred at a minimum of �10–200 years prior to the cli-
mactic eruption of Mt. Mazama (Fig. 8). We propose that
the age for Exchange Stage 2 represents the timing of a tem-
perature increase of the climactic magma chamber, likely
due to the addition of heat and volume from the injection
of the final batches of mafic recharge magma into the
chamber prior to the caldera-forming eruption. Timescales
of 10s–100s of years prior to the climactic eruption are
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consistent with the final preclimactic rhyodacite eruptions
of Llao Rock at �7.9 ka and Cleetwood at �7.7–7.8 ka
(Bacon and Lanphere, 2006). Iron-titanium oxide tempera-
tures and stratigraphic relations imply that the higher-
temperature, partially melted granitoids were derived from
the deeper walls of the climactic magma chamber, suggest-
ing that they were likely situated in close proximity to
recharge magma and associated mafic cumulates (Druitt
and Bacon, 1989; Bacon, 1992). Compositions and textures
of enclaves in the Llao Rock and Cleetwood lavas, and of
scoria in climactic ejecta are supportive of injection of mul-
tiple batches of recharge magma into the chamber during
the final buildup to the climactic eruption (Bacon and
Druitt, 1988; Druitt and Bacon, 1989). The isotopic and
trace-element composition of HSr enclaves found in the
Llao Rock rhyodacite differs from those found in the Cleet-
wood rhyodacite, suggesting that they interacted with dif-
ferent batches of recharge magma (Bacon and Druitt,
1988; Bacon et al., 1994). Moreover, some plagioclase phe-
nocrysts found in HSr scoria from the climactic eruption
have compositions and disequilibrium textures (spongy,
corroded) that are consistent with injection of hotter, HSr
recharge magma into the cumulate pile below the convect-
ing rhyodacite magma within the climactic magma chamber
(Druitt and Bacon, 1989). Based on these lines of evidence,
melting of the granodiorites, and high-temperature oxygen
isotope exchange (Exchange Stage 2) within a conductive
thermal boundary surrounding the magma chamber, seems
likely to record the timing of these or similar recharge
events.

The timescales calculated for oxygen isotope exchange
for partial melting can be tested against Fe-Ti oxide re-
equilibration timescales for the granitoid blocks based on
the spherical model for diffusion of Crank (1975) and diffu-
sion coefficients for Ti calculated from equation 21 of
Aragon et al. (1984) (Fig. 9). Bacon (1992) indicates that
the timing of Fe-Ti oxide re-equilibration in the partially
melted samples represents a minimum time for the duration
of melting in the granitoids. He suggests that melting initi-
ated hundreds of years prior to the caldera-forming erup-
tion, based on calculations of diffusion of Ti in
titanomagnetite (the rate-limiting step in oxide re-
equilibration, Aragon et al., 1984) for the lowest tempera-
ture partially melted granitoid block (760–790 �C) and the
largest magnetite crystals (200 lm). The times required
for isothermal homogenization of the largest magnetites
(200 lm) for our samples range from 200 to 10 years and
are consistent with times calculated for oxygen isotope
exchange in the quartz, assuming a PH2O = 5 MPa
(Fig. 9). In the two samples that contain the highest vol.
% melt, the Fe-Ti oxide times are at the lower end or below
the range of the oxygen isotope exchange. This may suggest
that the Fe-Ti oxides re-equilibrated early during heating
± partial melting of the granitoids, and then were stored
at high temperatures for some period of time prior to
eruption.

La Tourrette et al. (1991) determined minor and trace
element concentrations in Fe-Ti oxides, zircon, and glass
in three partially melted granodiorite samples from Crater
Lake. They found no difference in Zr concentration in glass
<100 lm and >500 lm from zircon in sample 1326, but
reported Zr concentrations in two higher-melt-fraction
samples, 1038 and one not analyzed in our study, that were
significantly higher near zircon than >500 lm away.
Assuming that the measured Zr differences reflect diffusion
away from zircon dissolving in low-H2O rhyolitic melt, the
Zr data were interpreted to suggest that the samples could
have been partially molten for 800–8000 yrs. The times pre-
dicted by diffusion models for oxygen isotopes in quartz are
probably a more accurate representation of the onset and
duration of melting prior to eruption than those based on
Fe-Ti oxide homogeneity or Zr gradients in glass, especially
because the preservation of diffusion profiles in quartz pro-
vides robust constraints on the diffusion models.

7. AN ‘‘OUTSIDE IN VIEW OF THE MAGMA

CHAMBER AT MT. MAZAMA

Oxygen and U-Th isotopes measured in the granitoid
wall rocks allow us to characterize the environment of the
magma chamber at Mt. Mazama, from the early hydrother-
mal envelope to recharge leading up to the caldera-forming
eruption (Fig. 10). Exchange Stage 1, which includes
hydrothermal circulation and U enrichment of the grani-
toids, likely initiated between 48 and 70 ka, based on the
eruptive history of evolved Mazama magmas (Bacon
et al., 1989; Bacon and Lanphere, 2006), U-Th data for
volcanic rocks (Ankney et al., 2013), and new oxygen and
U-Th isotope data for the granitoid wall rocks. At
�27 ka, the first preclimactic rhyodacite eruptions occurred
(Bacon and Lanphere, 2006), which are thought to have
marked the establishment of the large, silicic upper crustal
magma chamber that eventually fed the caldera-forming
eruption at Mt. Mazama (Bacon and Druitt, 1988). A
portion of the rhyodacite magma associated with these
eruptions is interpreted to have crystallized at the margins



Fig. 10. Summary of the thermal and fluid history of the granitoid blocks ejected during the climactic eruption, and changes in their U-Th and
oxygen isotope compositions, throughout the buildup to the caldera-forming eruption at 7.7 ka. A detailed summary of the processes depicted
here can be found in the text. The timescales indicated are based on modeling of U-enrichment via hydrothermal fluids and oxygen isotope
exchange and Fe-Ti oxide re-equilibration due to heating and partial melting. We note that temperature increases and associated heating,
partial melting, and assimilation of the wall rocks of the climactic chamber likely occurred throughout the time period depicted here, but
partial melting of the blocks analyzed in this study apparently did not occur until 101–102 years prior to the caldera-forming eruption.
Figure is modified from Druitt and Bacon (1989).
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of the growing climactic magma chamber (Bacon and
Lowenstern, 2005), as represented in this study by granitoid
sample 1995, which has a U-Th zircon age of �30 ka and
contains zircon crystals that have younger nominal model
ages (Bacon and Lowenstern, 2005). Notably, we measured
low-d18O values in quartz and plagioclase for this sample,
indicating that the hydrothermal envelope was capable
of producing significant changes in oxygen isotope
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compositions over periods of 103 to 104 years, and as
recently as the Last Glacial Maximum (Fig. 10).

Eruption of the Llao Rock rhyodacite at �7.9 ka
brought an end to a >10 kyr period of repose in silicic erup-
tive activity at Mt. Mazama (Bacon and Lanphere, 2006). It
was followed shortly by eruption of the Cleetwood rhyo-
dacite at �7.7–7.8 ka and the climactic eruption at 7.7 ka.
Oxygen isotope exchange timescales, as well as high Fe-Ti
oxide temperatures, indicate that Exchange Stage 2, heating
and partial melting of the granitoid rocks, began as little as
�101 to 102 years prior to the caldera-forming eruption. We
suggest that these timescales correlate with a temperature
increase at the magma-wall rock interface in response to
mafic recharge (Fig. 10). The recharge magmas, which
pooled at the base of the large volume of accumulated rhy-
odacite magma, or also were injected into the mafic cumu-
late pile deeper in the chamber (Druitt and Bacon, 1989),
provided the heat required to partially melt granitoid wall
rocks. This may have contributed to destabilization of the
upper part of the magma chamber, possibly leading to the
caldera-forming eruption.

8. CONCLUSIONS

This study documents shifts in the oxygen and U-Th iso-
tope compositions of granitoid wall rocks in response to
thermal events in the climactic magma chamber of Mt.
Mazama, including the onset and duration of hydrothermal
circulation, as well as heating due to recharge leading up to
the caldera-forming eruption. Timescales for U enrichment
measured in the granitoids and models of oxygen isotope
exchange in nonmelted to minimally melted samples sug-
gest that hydrothermal exchange associated with the cli-
mactic magma chamber initiated �48–70 ka and was
capable of producing core-rim zonation in quartz in 103

to 104 years (Exchange Stage 1). In partially melted grani-
toids, models indicate that zoning in quartz developed
rapidly over timescales of 101 to 102 years (Exchange Stage
2). Although our models envision these isotopic shifts as the
result of a two-stage process, we stress that it is more likely
that they developed over a minimum of two stages, includ-
ing hydrothermal and partial melting processes. Impor-
tantly, our results add to a growing body of evidence that
destabilization of large silicic magma chambers via recharge
may occur within decades preceding caldera-forming erup-
tions (e.g., Michaut and Jaupart, 2006; Wark et al., 2007;
Saunders et al., 2010; Druitt et al., 2012). The unique ‘‘out-
side in” view of this process provided is distinct from the
record that may be preserved (or perhaps be absent) in
the phenocrysts in juvenile erupted magma.
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Argentina: prolonged magma residence, crystal recycling, and
crustal assimilation. J. Volcanol. Geoth. Res. 206,
136–147.
Giletti B. J. and Yund R. A. (1984) Oxygen diffusion quartz. J.
Geophys. Res. 89, 4039–4046.

Giletti B. J., Semet M. P. and Yund R. A. (1978) Studies in
diffusion-III. Oxygen in feldspars: an ion microprobe determi-
nation. Geochim. Cosmochim. Acta 42, 45–57.

Gosnold W. D. (1987) Redistribution of U and Th in shallow
plutonic environments. Geophys. Res. Lett. 14, 291–294.

Harry D. L. and Green N. L. (1999) Slab dehydration and basalt
petrogenesis in subduction systems involving very young
oceanic lithosphere. Chem. Geol. 160, 309–333.

Heck P., Huberty J., Kita N. T., Ushikubo T., Kozdon R. and
Valley J. W. (2011) SIMS analyses of silicon and oxygen isotope
ratios for quartz from Archean and Paleo-proterozoic banded
iron formations. Geochim. Cosmochim. Acta 75, 5879–5891.

Hildreth W. (1996) Kulshan caldera: a Quaternary subglacial
caldera in the North Cascades, Washington. Geol. Soc. Am.

Bull. 108, 786–793.
Hildreth W. (2007) Quaternary magmatism in the Cascades-

geologic perspectives. U.S. Geol. Surv. Prof. Pap. 1744, 125.
Jicha B. R., Johnson C. M., Hildreth W., Beard B. L., Hart G. L.,

Shirey S. B. and Singer B. S. (2009) Discriminating assimilants
and decoupling deep- vs. shallow-level crystal records at Mount
Adams using 238U–230Th disequilibria and Os isotopes. Earth
Planet. Sci. Lett. 277, 38–49.

Kelly J., Fu B., Kita N. T. and Valley J. W. (2007) Optically
continuous silcrete quartz cements of the St. Peter Sandstone:
high precision oxygen isotope analysis by ion microprobe.
Geochim. Cosmochim. Acta 71, 3812–3832.

Kita N. T., Ushikubo T., Fu B. and Valley J. W. (2009) High
precision SIMS oxygen isotope analysis and the effect of sample
topography. Chem. Geol. 264, 43–57.

Kita N. T., Huberty J. M., Kozdon R., Beard B. L. and Valley J.
W. (2011) High-precision SIMS oxygen, sulfur and iron stable
isotope analyses of geological materials: accuracy, surface
topography and crystal orientation. Surf. Interf. Anal. 43,
427–431.

La Tourrette T. Z., Burnett D. S. and Bacon C. R. (1991) Uranium
and minor-element partitioning in Fe-Ti oxides and zircon from
partially melted granodiorite, Crater Lake, Oregon. Geochim.

Cosmochim. Acta 55, 457–469.
Marsh B. D. (1981) On the crystallinity, probability of occurrence,

and rheology of lava and magma. Contrib. Miner. Petrol. 78,
85–98.

Matthews A., Goldsmith J. R. and Clayton R. N. (1983) Oxygen
isotope fractionation involving pyroxenes: the calibration of
mineral-pair geothermometers. Geochim. Cosmochim. Acta 47,
645–654.

Michaut C. and Jaupart C. (2006) Ultra-rapid formation of large
volumes of evolved magma. Earth Planet. Sci. Lett. 250, 38–52.

Mitchell E. C. and Asmerom Y. (2011) U-series isotope systematics
of mafic magmas from central Oregon: implications for fluid
involvement and melting processes in the Cascade arc. Earth
Planet. Sci. Lett. 312, 378–389.

Newman S., Macdougall J. D. and Finkel R. C. (1986) Petrogenesis
and 230Th-238U disequilibrium at Mt. Shasta, California, and in
the Cascades. Contrib. Miner. Petrol. 93, 195–206.

Peres P., Kita N. T., Valley J. W., Fernandes F. and Schumacher
M. (2013) New sample holder geometry for high precision
isotope analyses. Surf. Interf. Anal. (SIMS Proc.) 45, 553–556.

Saunders K. E., Morgan D. J., Baker J. A. and Wysoczanski R. J.
(2010) The magmatic evolution of the Whakamaru Supererup-
tion, New Zealand, constrained by a microanalytical study of
plagioclase and quartz. J. Petrol. 51, 2465–2488.

Sharp Z. D., Giletti B. J. and Yoder, Jr., H. S. (1991) Oxygen
diffusion rates in quartz exchanged with CO2. Earth Planet. Sci.

Lett. 107, 338–348.

http://refhub.elsevier.com/S0016-7037(17)30284-3/h0075
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0075
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0075
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0075
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0080
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0080
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0080
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0085
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0085
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0085
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0085
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0090
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0090
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0090
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0090
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0090
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0095
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0095
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0095
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0100
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0100
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0100
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0100
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0110
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0110
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0110
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0110
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0115
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0115
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0120
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0120
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0120
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0120
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0120
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0120
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0125
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0125
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0125
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0130
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0130
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0140
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0140
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0140
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0145
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0145
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0145
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0150
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0150
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0150
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0155
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0155
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0155
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0155
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0160
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0160
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0165
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0165
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0165
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0170
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0170
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0170
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0170
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0170
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0175
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0175
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0180
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0180
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0180
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0185
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0185
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0190
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0190
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0190
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0195
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0195
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0195
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0195
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0200
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0200
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0200
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0205
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0205
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0210
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0215
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0215
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0215
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0215
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0220
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0220
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0220
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0225
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0225
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0225
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0225
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0225
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0230
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0230
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0230
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0230
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0235
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0235
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0235
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0240
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0240
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0240
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0240
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0245
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0245
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0250
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0250
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0250
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0250
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0255
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0255
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0255
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0255
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0255
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0260
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0260
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0260
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0265
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0265
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0265
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0265
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0270
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0270
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0270
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0270
http://refhub.elsevier.com/S0016-7037(17)30284-3/h0270


154 M.E. Ankney et al. /Geochimica et Cosmochimica Acta 213 (2017) 137–154
Simon J. I. and Reid M. R. (2005) The pace of rhyolite
differentiation and storage in an ‘archetypical’ silicic magma
system, Long Valley, California. Earth Planet. Sci. Lett. 235,
123–140.

Sims K. W. W., Gill J., Dosseto A., Hoffman D. L., Lundstrom C.
C., Williams R. W., Ball L., Tollstrup D., Turner S., Prytulak
J., Glessner J. J. G., Standish J. J. and Elliott T. (2008) An
inter-laboratory assessment of the thorium isotopic composi-
tion of synthetic and rock reference materials. Geostand.

Geoanal. Res. 32, 65–91.
Sturchio N. C., Binz C. M. and Lewis, III, C. H. (1987) Thorium-

uranium disequilibrium in a geothermal discharge zone at
Yellowstone. Geochim. Cosmochim. Acta 51, 2025–2034.

Sturchio N. C., Muehlenbachs K. and Seitz M. G. (1986) Element
redistribution during hydrothermal alteration of rhyolite in an
active geothermal system: yellowstone drill cores Y-7 and Y-8.
Geochim. Cosmochim. Acta 50, 1619–1631.

Thompson J. M., White L. D. and Nathenson M. (1987) Chemical

analyses of waters from Crater Lake, Oregon, and nearby

springs. U.S. Geological Survey Open-File Report, p. 16.
Turner S., Bourdon B. and Gill J. (2003) Insights into magma

genesis at convergent margins from U-series isotopes, In
Uranium-Series Geochemistry (eds. B. Bourdon, G.M. Hen-
derson, C. C. Lundstrom and S. P. Turner). Reviews in
Mineralogy and Geochemistry. pp. 255–315.

Valley J. W. (2001) Stable isotope thermometry at high tempera-
tures. Rev. Mineral. Geochem. 43, 365–413.

Valley J. W. (2003) Oxygen isotopes in zircon. Rev. Mineral.

Geochem. 53, 343–385.
Valley J. W. and Kita N. T. (2009) In situ oxygen isotope

geochemistry by ion microprobe. MAC Short Course: Second-

ary Ion Mass Spectrom. Earth Sci. 41, 19–63.
Van Keken P. E., Kiefer B. and Peacock S. M. (2002) High-

resolution models of subduction zones: implications for mineral
dehydration reactions and the transport of water into the deep
mantle. Geochem. Geophys. Geosyst. 3, 1056.

Vazquez J. A. and Reid M. R. (2004) Probing the accumulation
history of the voluminous Toba magma. Science 305, 991–994.

Villemant B., Boudon G. and Komorowski J.-C. (1996) U-series
disequilibrium in arc magmas induced by water-magma inter-
action. Earth Planet. Sci. Lett. 140, 259–267.
Volpe A. M. (1992) 238U–230Th-226Ra disequilibrium in young Mt.
Shasta andesites and dacites. J. Volcanol. Geoth. Res. 53, 227–
238.

Volpe A. M. and Hammond P. E. (1991) 238U–230Th-226Ra
disequilibria in young Mount St. Helens rocks: time constraint
for magma formation and crystallization. Earth Planet. Sci.

Lett. 107, 475–486.
Wark D., Hildreth W., Spear F. S., Cherniak D. J. and Watson E.

B. (2007) Pre-eruption recharge of the Bishop magma system.
Geology 35, 235–238.

Wende A. M., Johnson C. M. and Beard B. L. (2015) Tracing
changes in mantle and crustal influences in individual cone-
building stages at Mt. Shasta using U-Th and Sr isotopes. Earth
Planet. Sci. Lett. 428, 11–21.

Wilson D. S. (1988) Tectonic history of the Juan de Fuca Ridge
over the last 40 million years. J. Geophys. Res. 93, 11863–11876.

Wollenberg H. A., Flexser S. and Smith A. R. (1995) Mobility and
depositional controls of radioelements in hydrothermal systems
at the Long Valley and Valles calderas. J. Volcanol. Geoth. Res.
67, 171–186.

Wotzlaw J.-F., Schaltegger U., Frick D. A., Dungan M. A., Gerdes
A. and Günther D. (2013) Tracking the evolution of large-
volume silicic magma reservoirs from assembly to supererup-
tion. Geology 41, 867–870.

Wotzlaw J.-F., Bindeman I., Watts K. E., Schmitt A. K., Caricchi
L. and Schaltegger U. (2014) Linking rapid magma reservoir
assembly and eruption trigger mechanisms at evolved Yellow-
stone-type supervolcanoes. Geology 42, 807–810.

Wotzlaw J.-F., Bindeman I. N., Stern R. A., D’Abzac F.-X. and
Schaltegger U. (2015) Rapid heterogeneous assembly of mul-
tiple magma reservoirs prior to Yellowstone supereruptions.
Nat. Sci. Rep. 5, 14026.

Zellmer G. F., Freymuth H., Cembrano J. M., Clavero J. E.,
Veloso E. A. E. and Sielfeld G. G. (2014) Altered mineral
uptake into fresh arc magmas: insights from U-Th isotopes of
samples from Andean volcanoes under differential crustal stress
regimes. In Orogenic Andesites and Crustal Growth (eds. A.
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