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Abstract

Highly differentiated igneous rocks can, in some cases, have 56Fe/54Fe ratios that are significantly higher than those of
mafic- to intermediate-composition igneous rocks. Iron isotope compositions were obtained for bulk rock, magnetite, and
Fe silicates from well-characterized suites of granitic and volcanic rocks that span a wide range in major- and trace-element
contents. Sample suites studied include granitoids from Questa, N.M. (Latir volcanic field) and the Tuolumne Intrusive Series
(Sierra Nevada batholith), and volcanic rocks from Coso, Katmai, Bishop Tuff, Grizzly Peak Tuff, Seguam Island, and
Puyehue volcano. The rocks range from granodiorite to high-silica granite and basalt to high-silica rhyolite. The highest
d56Fe values (up to +0.31&) are generally restricted to rocks that have high Rb (>100 ppm), Th (>�15 ppm) and SiO2

(>70 wt.%) but low Fe (<2 wt.% total Fe as Fe2O3) contents. Magnetite separated from these rocks has high d56Fe values,
whereas Fe silicates have d56Fe values close to zero. Although in principle crystal fractionation might explain the high
d56Fe values, trace-element ratios in high-d56Fe igneous rocks indicate that crystal fractionation is an unlikely explanation.
The highest d56Fe values occur in volcanic and plutonic rocks that contain independent evidence for fluid exsolution, includ-
ing sub-chondritic Zr/Hf ratios, suggesting that loss of a low-d56Fe ferrous chloride fluid is the most likely explanation for the
high d56Fe values in the bulk rocks. Based on magnetite solubility in chloride solutions and predicted Fe isotope fractiona-
tions among Fe silicates, magnetite, and ferrous chloride fluids, the increase in d56Fe values of bulk rocks may be explained by
isotopic exchange between magnetite and FeCl0

2, which predicts an increase in the d56Fe values of magnetite upon fluid exso-
lution. This model is consistent with the d56Fe values measured in this study for bulk rocks, as well as magnetite and Fe sil-
icates. Our results suggest that fluid exsolution from siliceous hydrous magmas, which sometimes produce porphyry-style Cu,
Mo, or Cu-Au mineralization, may be traced using Fe isotopes.
� 2008 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

Significant variations in the stable isotope compositions
of intermediate-mass elements have been demonstrated for
high-temperature igneous rocks, although our understand-
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ing of the origin of these variations remains limited. In
the case of Fe, most igneous rocks have a homogeneous
Fe isotope composition within analytical uncertainties
(Beard et al., 2003a; Beard and Johnson, 2006), with the
exception of mantle xenoliths (Beard and Johnson, 2004;
Williams et al., 2005; Weyer et al., 2005), carbonatites
(Johnson and Beard, 2006a), and some high-silica grani-
toids (Poitrasson and Freydier, 2005; Schoenberg and von
Blanckenburg, 2006). In the case of granitic rocks that have
anomalously high 56Fe/54Fe ratios relative to more mafic
igneous rocks, identifying the origin of such compositions
is important to our understanding of continental crust
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processes that are commonly linked to the generation of
mineralizing magmatic/hydrothermal fluids and resulting
ore deposits (e.g., Simon et al., 2004).

Two hypotheses have been proposed to explain the origin
of high-56Fe/54Fe igneous rocks: (1) an origin through frac-
tional crystallization (Schoenberg and von Blanckenburg,
2006; Schuessler et al., 2007; Huang et al., 2007), and (2) exso-
lution of Fe2+-rich, reduced deuteric fluids from crystallizing
plutons (Poitrasson and Freydier, 2005). The first mechanism
assumes significant mineral-melt Fe isotope fractionations in
pure magmatic melts, which in turn has broad implications
for Fe isotope fractionation during magmatic processes in
the Earth’s crust. The second mechanism involves fraction-
ation of Fe isotopes in evolved, chloride-rich magma-volatile
systems, which would have implications for the origin and
evolution of magmatic/hydrothermal fluids and the
formation of porphyry Mo or Cu mineral deposits.

Here we present a detailed Fe isotope study of siliceous
igneous rocks to evaluate the origin of the high 56Fe/54Fe
ratios that are found in some, but not all, high-silica
(>70 wt.% SiO2) igneous rocks. We present high-precision
(±0.08&, 2 standard deviations, 2-SD) Fe isotope compo-
sitions of bulk rocks, magnetite, and Fe silicates from
granitic and volcanic rocks from a number of well-charac-
terized suites. Crystal fractionation as a mechanism for pro-
ducing the measured Fe isotope compositions is evaluated
in detail, and we conclude that this mechanism is not a
likely explanation of the data. Through study of volcanic
and plutonic rocks that contain independent evidence for
large-scale exsolution of fluids, we conclude that loss of
low-56Fe/54Fe ferrous chloride (FeCl0

2; e.g., Chou and Eug-
ster, 1977) fluids is the best explanation for the high-56-

Fe/54Fe ratios measured in some evolved igneous rocks.
This study suggests that transition-metal stable isotope
compositions of hydrothermal mineral deposits hosted in
siliceous igneous rocks, such as porphyry-style mineraliza-
tion, may be useful in constraining fluid loss processes in
magmatic/hydrothermal ore deposits.

2. SAMPLE SELECTION AND DESCRIPTION

A wide variety of plutonic and volcanic rocks was se-
lected for Fe isotope analysis to encompass a range of
chemical compositions, including some that are highly dif-
ferentiated (Table 1 and Fig. 1). Data from previous studies
that included siliceous plutonic and volcanic rocks analyzed
for Fe isotopes are also integrated into the dataset (Elec-
tronic Annex Table EA-1). The possibility that pre-eruptive
exsolution of volatiles may affect Fe isotope compositions
was tested through investigation of volcanic suites that
had been previously studied in terms of their volatile con-
tents and crystallization temperatures (Tables 1 and 2).
The volcanic suites studied include: three volcanic rocks
from the Oligocene Grizzly Peak Tuff, Colorado (Fridrich,
1987); eight Pleistocene-Recent rocks from Seguam Island,
Aleutian Islands, that range from basalt to rhyolite (Jicha
et al., 2005); two Recent dacite and rhyodacite samples
from the Puyehue Volcano, Chilean Andes (Jicha et al.,
2007); three Bishop Tuff high-silica pumice, California
(Hildreth, 1979); six Pleistocene high-silica obsidians from
the Coso volcanic field, California (Bacon et al., 1981);
and five dacite and high-silica rhyolite samples from the
1914 Katmai eruption, Alaska (Hildreth, 1983). Other
samples studied include one high-silica Glass Mountain
rhyolite, California (Metz and Mahood, 1991), and one
high-silica rhyolite from the Big Pine volcanic field, California
(Beard and Glazner, 1995; Beard and Johnson, 1997).
Continental basalts analyzed by Beard et al. (2003b) were
used as representative of the Fe isotope composition of
the mafic continental crust. Plutonic rocks that recorded a
variety of sub-solidus cooling and alteration histories,
based primarily on O isotope data, were studied to test
possible effects of sub-solidus fluid exsolution on Fe isotope
compositions. The studied suites include sixteen granitic
rocks from the Tertiary Latir volcanic field near Questa,
New Mexico (e.g., Johnson et al., 1989, 1990) and seven
granitoids from the Late Cretaceous Tuolumne Intrusive
Series (TIS), Sierra Nevada, California (Bateman and
Chappell, 1979; Lackey, 2005). These new data are
compared with previously published data, including ten
plutonic rocks from the Bergell intrusion (Central Alps,
Schoenberg and von Blanckenburg, 2006), four volcanic
rocks from the Lassen Volcanic field, California (Beard
and Johnson, 2004), and other isolated localities (Beard
et al., 2003a; Poitrasson et al., 2004; Dauphas et al., 2004;
Poitrasson and Freydier, 2005; Poitrasson, 2006; Rouxel
et al., 2003, 2005; Weyer et al., 2005; Dauphas and Rouxel,
2006) from which only one sample was analyzed. All iron
isotope compositions were normalized to a constant
56Fe/54Fe value for the IRMM-014 standard to avoid
inter-laboratory bias. All Fe isotope compositions are
reported relative to the average of igneous rocks (see Beard
et al., 2003a and Electronic Annex Tables EA-1 and EA-2
for details). Chemical and Fe isotope compositions of all
samples considered in this study are reported in Electronic
Annex Tables EA-1 and EA-2.

The volcanic and plutonic rocks studied range from ba-
salt to high-silica rhyolite and granodiorite to high-silica
granite, and contain a wide range of Fe contents (Fig. 1).
Because major-element compositions are insensitive to the
extent of differentiation for granite-minimum compositions,
the relative degree of evolution for silicic samples is best as-
sessed using incompatible trace elements. Because Rb was
the most commonly analyzed incompatible element in the
samples considered in this study, we cast our discussion be-
low on the role of crystal fractionation in Fe isotope frac-
tionation in terms of Rb contents. Approximately 90% of
the samples have been measured for Th contents and a po-
sitive correlation exists between Rb and Th contents (aver-
age R2 = 0.7; see data in Electronic Annex Table EA-1)
indicating that Rb is a reliable index for differentiation
and was relatively unaffected by fractionation of alkali feld-
spar or micas. Samples from different petrogenetic suites
were specifically chosen to cover a range in Rb contents
(Fig. 1).

3. ANALYTICAL METHODS AND NOMENCLATURE

Bulk-rock powders and mineral separates were dis-
solved in a mixture of concentrated HF and HNO3 in



Table 1
Bulk-rock compositions, Fe isotope compositions, and temperatures of igneous rocks analyzed in this study

Sample SiO2

(wt.%)
Fe2O3

a

(wt.%)
Sr
(ppm)

Rb
(ppm)

Zr/Hf Tb (�C) d18O WR
(&)

d56Fe WRc

(&)

Intrusive Rocks
Questa Volcanic Field, New Mexico
Sulfur Gulch Dikes, Mineralized

Q82J-5 Porphyry (rhyolite) dike 77.82 0.71 66.0 232 1.80 0.25 ± 0.06
Q82J-6 Granodiorite 77.60 0.72 0.25 ± 0.02

Rio Hondo Pluton

Q82-J-8 Granodiorite 71.75 2.35 520 72.0 625 6.70 0.09 ± 0.03
Q82J-12 Granodiorite 68.50 3.52 585 77.0 696 0.70 0.03 ± 0.03
Q82J-33 Granite 76.31 1.15 132 154 572 5.20 0.17 ± 0.10
Q82J-34 Granite 76.12 1.30 177 152 587 5.40 0.13 ± 0.02
Q82J-35 Granodiorite 68.43 3.57 615 77.0 603 2.90 0.07 ± 0.07
Q83J-99 Granite 76.91 0.88 105 146 668 7.60 0.14 ± 0.08
Q83J-101 Granodiorite 68.40 3.42 745 66.0 47.47 711 5.80 0.00 ± 0.02

Rio Hondo Dikes

Q82J-9 Porphyry (rhyolite) dike 74.16 1.61 295 129 711 3.00 0.09 ± 0.01

Sulfur Gulch pluton, Mineralized

Q82J-36 Granite 77.06 0.78 51.0 214 5.10 0.20 ± 0.02
82-QC-56 Granite 77.20 0.89 35.5 183 0.15 ± 0.07

Lucero Peak Pluton

Q82J-46 Granite 75.61 1.14 91.0 174 7.40 0.15 ± 0.06
82-QC-15 Granite 76.83 1.03 101 189 23.42 8.00 0.11 ± 0.02

Bear Canyon Pluton, Mineralized

82-QC-8 Granite 77.42 0.68 43.5 223 18.99 7.10 0.19 ± 0.04
Q82J-37 Granite 77.40 0.79 36.0 248 0.30 ± 0.01

Red River Complex, Mineralized

Q82J-13 Granite 71.89 1.98 211 116 6.30 0.10 ± 0.07
82-QC-32C Peralkaline granite 76.04 0.84 20.0 175 20.30 0.27 ± 0.05
82-QC-44 Granodiorite 65.83 4.59 795 73.0 32.86 5.60 0.09 ± 0.03

Tuolumne Intrusive Suite, Sierra Nevada
Kuna Crest Tonalite

1S108-kk 57.64 7.14 580 107 503-656 7.44 0.00 ± 0.01
1S106-kk 62.67 5.75 475 125 533-656 7.74 �0.01 ± 0.05

Half Dome Granodiorite

1S105-khd 68.72 3.04 417 141 528-685 8.11 0.01 ± 0.06

Porphyritic Half Dome Granodiorite

1S110-khdp 69.52 2.63 408 146 583-657 8.39 0.00 ± 0.01

Cathedral Peak Granodiorite

1S113-kcp 69.54 2.33 597 138 563-650 8.20 0.04 ± 0.00
1S101-kcp 71.46 1.62 580 122 541-690 8.08 0.05 ± 0.01

Johnson Granite Porphyry

1S115-kj 76.13 0.61 109 213 515-610 9.13 0.19 ± 0.01

Extrusive Rocks
Grizzly Peak Tuff
FG-3 (MA-1TZ) Dacite 72.70 1.30 367 143 28.93 800 8.01 0.01 ± 0.09
FG-5 (ZX-4) Andesite 61.70 5.80 992 77.5 39.42 900 4.10 0.00 ± 0.04
FG-7 (ZB-2) Andesite 57.90 8.90 1037 62 33.90 900 7.30 0.02 ± 0.02

Seguam Island, Aleutian Islands
SEG 03 44 Dacitic ash flow tuff 64.50 6.15 228 42.3 35.68 0.01 ± 0.01
SEG 03 45 Andesitic lava flow 62.40 7.41 227 38.1 37.08 825 �0.07 ± 0.10
SEG 03 03 Dacitic lava flow 67.90 4.47 182 34.8 32.11 856 0.04 ± 0.04
SB 87 56 Rhyolitic lava flow 71.00 4.91 175 52.5 34.51 776 �0.04 ± 0.04
SEG 03 01 Rhyolite 70.40 3.40 131 38.8 32.22 0.08 ± 0.04

(continued on next page)

The role of volatiles and fluids in high 56Fe/54Fe siliceous igneous rocks 4381



Table 1 (continued)

Sample SiO2

(wt.%)
Fe2O3

a

(wt.%)
Sr
(ppm)

Rb
(ppm)

Zr/Hf Tb (�C) d18O WR
(&)

d56Fe WRc

(&)

SEG 03 43 Rhyodacite 68.30 5.35 163 38.8 31.20 791 0.07 ± 0.02
SEG 03 08 Basalt 51.17 9.83 315 11.7 36.92 1160 0.00 ± 0.05
SEG 03 31 Rhyolite 71.40 3.87 130 51.4 36.29 860 0.07 ± 0.02

Puyehue Volcano, Chilean Andes
PU 03 27 Dacite 66.50 6.95 196 57.0 41.25 >900 0.05 ± 0.04
PU 02 29 Rhyodacite 69.50 4.98 168 70.0 40.60 >900 0.08 ± 0.02

1912 Katmai Eruption, Alaska
K-88 Initial rhyolite pumice fall, layer A 77.40 1.38 70.5 57.0 �0.03 ± 0.04
K-7A Rhyolite pumice, valley ignimbrite 77.70 1.35 91.0 79.0 31.13 0.06 ± 0.02
K-22 Rhyolite lava, Novarupta dome 76.60 1.64 58.0 71.0 28.08 0.10 ± 0.01
K-45 Dacite pumice, layer C 64.60 5.80 237 38.0 33.56 �0.02 ± 0.07
K-54 Dacite pumice, layer G 65.60 5.68 252 35.0 35.78 �0.06 ± 0.04

Coso Rhyolites-Obsidians, California (Dome #/ Group #)
Coso # 4/7 77.00 1.01 250 19.39 0.23 ± 0.04
Coso # 5/4 76.90 0.89 1.4 370 16.13 0.31 ± 0.02
Coso # 14/3 76.60 1.04 3.7 315 17.54 0.29 ± 0.05
Coso # 20/5 76.40 1.02 6.8 270 20.75 0.27 ± 0.05
Coso # 25/6 76.70 1.10 10.2 210 26.47 0.21 ± 0.07
Coso # 26/7 76.40 0.88 4.8 255 17.65 0.04 ± 0.06

Bishop Tuff Pumice, California
B-670 Early, Pumice fall, unit F1 77.40 0.70 18.5 177 19.88 0.14 ± 0.07
B-657 Mid, Pumice Fall, unit F6 75.70 0.81 16.5 172 23.08 0.18 ± 0.06
B-659 Late, Pumice Fall, unit F9 75.50 0.89 28.3 164 24.50 0.12 ± 0.01

Various Volcanic Rocks
RGM-1-Glass Mountain Rhyolite (USGS) 73.40 1.86 110 150 35.71 695-718 0.07 ± 0.07
BP 9220D-Big Pine Volcanics Rhyolite 75.81 0.98 7.6 196 0.20 ± 0.02

a Fe2O3 as total Fe; WR whole rock.
b Temperatures for Questa granitoids calculated based on Qtz–Mgt d18O data from Hagstrum and Johnson (1986) and the calibration of

Clayton and Kieffer (1991); TIS temperatures provided by J.S. Lackey calculated from Quartz–Zircon and Zircon–Titanite d18O thermometry
(Lackey, 2005) with calibrations of Valley et al. (2003). Fe–Ti temperatures for volcanic rocks as follows: Seguam Island, provided by
B.R. Jicha and calculated using the algorithm of Ghiorso and Sack (1995); those from Puyehue are an estimate based on rocks of similar age
and composition from the Cordon-Caulle region (Gerlach et al., 1988); Grizzly Peak for rocks from the same fiamme group as those analyzed
for Fe isotopes; from Johnson and Fridrich (1990); RGM Glass Mountain rhyolite from Metz and Mahood (1991). Data for the Grizzly Peak,
Katmai, and Bishop Tuffs correspond to pumice/fiamme separated from the bulk rocks (e.g., lithic fragments are not included) and the
minerals are from the separated pumice/fiamme as well.

c Iron isotope data reported (relative to igneous rocks) correspond to the average of multiple analyses of each sample, in most cases. Errors
for d56Fe correspond to 2 standard deviation errors for samples analyzed more than one time and 2 standard errors from in-run statistics for
samples analyzed only once. See Electronic Annex Table EA-1 for references and details about bulk-rock major and trace-element
compositions and Table 3 and Electronic Annex Table EA-5 for the complete set of Fe isotope data.
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Savillex beakers on a hotplate at �160 �C. Dissolved
samples were converted to chloride form using 8 M
HCl and solutions were observed under the microscope
to ensure that the entire sample had dissolved and that
no fluorides were present. Iron (25 to 100 lg of Fe) from
samples was purified using anion exchange resin (Bio-Rad
AG 1X4 200–400 mesh resin) and HCl (e.g., Beard et al.,
2003a). Iron yields from this ion-exchange chromatogra-
phy were quantitative (100 ± 7%) as determined by anal-
ysis of total Fe concentration using the Ferrozine method
(Stookey, 1970).

Iron isotope measurements were conducted using a
Micromass IsoProbe MC-ICP-MS operated at resolving
power of �400. A micro-concentric desolvating nebulizer
aspirating at �60 lL/min was used to introduce samples
into the mass spectrometer. The mass-analysis procedure
followed that of Beard et al. (2003a) and Beard and
Johnson (2004), although to increase the precision of Fe
isotope ratio measurements, 600 ppb Fe solutions were
used. Approximately 300 ng of Fe was consumed for each
analysis. Isotopic data are reported as 56Fe/54Fe and
57Fe/54Fe ratios in standard delta (d) notation, in units of
per mil (&), and using the average of igneous rocks as
the standard reference reservoir (Beard et al., 2003a):

d56Fe ¼ ½ð56Fe=54FeÞsample=ð56Fe=54FeÞstandard � 1� � 103; ð1Þ

and

d57Fe ¼ ½ð57Fe=54FeÞsample=ð57Fe=54FeÞstandard � 1� � 103: ð2Þ

The external precision (2-SD) for d56Fe values using this
method is ±0.08&. This precision is the average 2-SD cal-
culated from: (1) multiple Fe isotope analyses of ultrapure
Fe solutions [UW J-M Fe: d56Fe = +0.25 ± 0.06&,
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Fig. 1. (A) Plot of bulk-rock Rb (ppm) versus Fe2O3 (total Fe,
wt.%) that shows the composition of plutonic and volcanic rocks
from various petrogenetic suites and isolated localities analyzed in
the present and previous studies. (B) Plot of bulk-rock Rb (ppm)
versus SiO2 (wt.%) for all the studied rocks. For clarity, in this and
subsequent Figures plutonic rocks are represented by black filled
symbols and volcanic rocks by open or light grey symbols. Data
sources for all major- and trace-element chemical compositions
used in (A) and (B) are reported in Electronic Annex Table EA-1.

Table 2
Ranges of temperatures and Cl/F ratios for Katmai, Coso, and
Bishop Tuff samples

Cl/F MIa Cl/F WRb Tc (�C)

1912 Katmai Eruption,
Alaska

3.69–4.88 1.75–2.75 805–955

Coso Rhyolites-Obsidians 0.20–0.77 0.20–0.66 743–768
Bishop Tuff Pumice,

California
1.70–2.39 0.67–0.83 722–790

a MI melt inclusions. Data for Cl/F in MI and bulk rocks are
from Macdonald et al. (1992), Mahood and Hildreth (1983),
Manley and Bacon (2000), Wallace et al. (1999), and Westrich et al.
(1991) and were not analyzed for the same samples that were
analyzed for Fe isotopes. However, the ranges shown correspond
to rocks of similar composition as the ones analyzed for Fe
isotopes.

b WR whole rock.
c Temperature ranges for Coso, Bishop Tuff, and Katmai are

from Manley and Bacon (2000), Mahood and Hildreth (1983), and
Hildreth (1983), respectively, from rocks of similar compositions
and derived from the same units as those analyzed for Fe isotopes.
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d57Fe = +0.38 ± 0.11& (n = 55); HPS Fe: d56Fe =
+0.49 ± 0.08&, d57Fe = +0.74 ± 0.10& (n = 55); IRMM-
0–14 Fe: d56Fe = �0.08 ± 0.06&, d57Fe = �0.12 ± 0.11&

(n = 65)], (2) 27 analyses of 13 HPS Fe solutions that were
processed through the ion-exchange procedure, and yielded
d56Fe = +0.49 ± 0.07&, d57Fe = +0.74 ± 0.10&, (3) repli-
cate analyses of eight synthetic rock solutions, which were
processed through the entire analytical procedure and had
an average external (2-SD) precision of ±0.06& for d56Fe
and 0.12& in d57Fe, and (4) the average 2-SD for 103 rep-
licates of the 112 analyzed samples which was ±0.04& for
d56Fe and ±0.09& for d57Fe (additional details in Elec-
tronic Annex Tables EA-3 and EA-4). These tests show that
the external precision of the isotope ratio measurements of
natural and synthetic samples with complicated matrices
reproduce to the same level as ultrapure solutions not
passed through the ion-exchange procedure and thus are
free of any detectable matrix effects. Possible matrix effects
were evaluated using artificial solutions of known Fe iso-
tope composition that match the range in major-element
compositions of our rock samples, and these tests demon-
strate that accurate Fe isotope compositions may be recov-
ered from complex matrices within the uncertainties of
measurements of ultrapure standards that were not passed
through chemistry (EA-3). We conclude that our Fe isotope
analyses of samples are accurate and do not suffer from
spectral or non-spectral interferences that can hinder iso-
tope ratio measurements that preserve naturally occurring,
mass-dependent variations (e.g., Albarède and Beard,
2004).

Fifteen samples have been analyzed by more than one
laboratory (or in different studies) and there is excellent in-
ter-laboratory agreement in the Fe isotope compositions of
silicic-, mafic-, and intermediate-composition igneous rocks
(see Electronic Annex Table EA-2). We completed six rep-
licate analyses of the samples studied by Beard et al. (2003a)
and several analyses of an igneous rock standard (see
Tables 1 and EA-2); except for one sample, all analyses
agree to within ±0.07&. Based on these replicate analyses
we conclude that there are no inter-laboratory biases in mea-
sured Fe isotope compositions. Inter-laboratory compari-
sons may be made through the IRMM-014 Fe standard,
which has a d56Fe value of �0.09 ± 0.05& on the igneous
rock scale (Beard et al., 2003a). Note that the igneous rock
scale of Beard et al. (2003a) is identical to the ‘‘mean mafic
Earth” as defined by Poitrasson et al. (2004). We note that
the difference in d56Fe values for the average of igneous
rocks and the IRMM-014 standard has remained un-
changed since it was defined by Beard et al. (2003a), and
Beard and Johnson (2006) give conversion equations for
56Fe/54Fe and 57Fe/54Fe isotope ratios reported relative to
the average of igneous rocks and IRMM-014 scales. Finally,
we follow standard approaches in defining inter-mineral Fe
isotope fractionation factors between two minerals A and B
(a56FeA–B) using the following approximation:

D56FeA–B ¼ d56FeA � d56FeB � 103 ln a56FeA–B: ð3Þ
4. RESULTS

Volcanic and plutonic rocks that have SiO2 and Fe2O3

(total Fe) contents of less than 70 wt.% and more than
2 wt.%, respectively, generally have whole-rock d56Fe val-
ues that lie within the range previously defined for mafic-
to intermediate-composition igneous rocks (Fig. 2;
d56Fe = 0.00 ± 0.08&, 2-SD; e.g., Beard and Johnson,
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(B) d56Fe versus Fe2O3 (wt.%, total Fe) for the same rocks. Data
from this study are distinguished by larger symbols. Iron isotope
data that are not from this study include analyses from Schoenberg
and von Blanckenburg (2006), Beard and Johnson (2004), Beard et
al. (2003a), Poitrasson and Freydier (2005), Dauphas and Rouxel
(2006), Poitrasson (2006), and Dauphas et al. (2004). Electronic
Annex Tables EA-1 and EA-2 list the sample localities, composi-
tions, and references for all the major- and trace-element data and
Fe isotope compositions for samples plotted here.

Table 3
Fe isotope compositions of bulk rocks and minerals from igneous
rocksa

Sample d56Fe d57Fe

Intrusive Rocks
Questa Volcanic Field

Sulfur Gulch Dikes, Mineralized
Q82J-5 Porphyry dike, Mo mine

WR 0.25 ± 0.06 0.34 ± 0.17
Chl/Bt �0.07 ± 0.02 �0.10 ± 0.03
Mgt 0.49 ± 0.06 0.70 ± 0.11

Q82J-6 Porphyry dike

WR 0.25 ± 0.02 0.36 ± 0.02

Rio Hondo Pluton
Q82J-8 Granite

WR 0.09 ± 0.03 0.10 ± 0.04
Mgt 0.11 ± 0.01 0.14 ± 0.05
Bt �0.01 ± 0.04 �0.06 ± 0.03

Q82J-12 Granodiorite

WR 0.03 ± 0.03 0.09 ± 0.08
Mgt 0.10 ± 0.01 0.17 ± 0.03
Bt �0.11 ± 0.02 �0.18 ± 0.01
Chl �0.12 ± 0.06 �0.18 ± 0.06

Q82J-33 Granite

WR 0.17 ± 0.10 0.26 ± 0.18
Mgt 0.40 ± 0.02 0.60 ± 0.10
Bt �0.03 ± 0.09 �0.08 ± 0.14
Chl �0.14 ± 0.02 �0.17 ± 0.02

Q82J-34 Granite

WR 0.13 ± 0.02 0.23 ± 0.02
Mgt 0.28 ± 0.07 0.41 ± 0.07

Q82J-35 Granodiorite

WR 0.07 ± 0.07 0.09 ± 0.11
Mgt 0.23 ± 0.02 0.33 ± 0.02
Bt 0.02 ± 0.11 0.05 ± 0.30
Chl �0.13 ± 0.03 �0.14 ± 0.09
Hbl �0.05 ± 0.04 �0.05 ± 0.07

Q83J-99 Granite

WR 0.14 ± 0.08 0.17 ± 0.15
Mgt 0.21 ± 0.04 0.32 ± 0.12

Q83J-101 Granodiorite

WR 0.00 ± 0.02 0.00 ± 0.06
Mgt 0.14 ± 0.06 0.21 ± 0.17
Bt �0.02 ± 0.03 �0.03 ± 0.06

Rio Hondo Dikes
Q82J-9 Porphyry (rhyolite) dike

WR 0.09 ± 0.01 0.15 ± 0.03
Mgt 0.24 ± 0.02 0.36 ± 0.10

Sulfur Gulch Pluton, Mineralized
Q82J-36 Granite (Mo mine)

WR 0.20 ± 0.02 0.30 ± 0.07
Bt 0.09 ± 0.05 0.13 ± 0.09

82-QC-56 Granite

WR 0.15 ± 0.07 0.23 ± 0.12

Lucero Peak Pluton
Q82J-46 Granite

WR 0.15 ± 0.06 0.20 ± 0.12
Bt 0.00 ± 0.06 0.07 ± 0.04
Mgt 0.19 ± 0.03 0.28 ± 0.07
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2004; Poitrasson and Freydier, 2005; this study; Table 3
and Electronic Annex Table EA-5). The largest range in
d56Fe values for whole-rock samples is found in rocks that
have P70 wt.% SiO2 and 62 wt.% total Fe as Fe2O3

(Fig. 2). The d56Fe values for these evolved rocks range
from �0.03& to +0.31& (Fig. 2), and the range for bulk
volcanic and plutonic rocks is similar.

The d56Fe values for volcanic and plutonic rocks are
positively correlated with Rb concentration (Fig. 3A), sug-
gesting an important control on Fe isotope compositions
and the extent of differentiation. That the Rb–d56Fe corre-
lation is generally better than the SiO2–d56Fe or Fe2O3–
d56Fe correlations (Fig. 2) reflects the greater sensitivity
of Rb to the extent of differentiation relative to SiO2 and



Table 3 (continued)

Sample d56Fe d57Fe

82-QC-15 Granite

WR 0.11 ± 0.02 0.14 ± 0.01
Bt 0.04 ± 0.03 0.06 ± 0.02

Bear Canyon Pluton, Mineralized
82-QC-8 Granite

WR 0.19 ± 0.04 0.30 ± 0.04
Bt 0.03 ± 0.09 0.04 ± 0.15

Q82J-37 Granite

WR 0.30 ± 0.01 0.43 ± 0.10

Red River Complex, Mineralized
Q82J-13 Granite

WR 0.10 ± 0.07 0.14 ± 0.08
Bt 0.00 ± 0.08 0.07 ± 0.07
Mgt 0.10 ± 0.02 0.16 ± 0.03
Hbl �0.10 ± 0.02 �0.15 ± 0.01

82-QC-32C Peralkaline (alkali fsp.) granite

WR 0.27 ± 0.05 0.38 ± 0.09
Bt 0.04 ± 0.06 0.07 ± 0.14
82-QC-44 Granodiorite

WR 0.09 ± 0.03 0.10 ± 0.02
Bt �0.14 ± 0.04 �0.18 ± 0.03

Tuolumne Intrusive Suite (WR)
Kuna Crest Tonalite
1S108-kk 0.00 ± 0.01 0.01 ± 0.02
1S106-kk �0.01 ± 0.05 0.02 ± 0.15

Half Dome Granodiorite
1S105-khd 0.01 ± 0.06 0.03 ± 0.00

Porphyritic Half Dome Granodiorite
1S110-khdp 0.00 ± 0.01 �0.01 ± 0.04

Cathedral Peak Granodiorite
1S113-kcp 0.04 ± 0.00 0.06 ± 0.01
1S101-kcp 0.05 ± 0.01 0.08 ± 0.18

Johnson Granite Porphyry
1S115-kj 0.19 ± 0.01 0.26 ± 0.08

Volcanic Rocks
Grizzly Peak Tuff
FG-3 Rhyolite

WR 0.01 ± 0.09 0.03 ± 0.14
Bt �0.09 ± 0.09 �0.12 ± 0.10

FG-5 (ZX-4) Andesite

WR 0.00 ± 0.04 0.00 ± 0.14
Bt �0.04 ± 0.00 �0.04 ± 0.12

FG-7 (ZB-2) Andesite

WR �0.02 ± 0.02 0.02 ± 0.09
Hbl 0.00 ± 0.04 0.03 ± 0.04

Seguam Island, Aleutian Islands
SEG 03 44 Dacitic Ash flow tuff

WR 0.01 ± 0.01 0.04 ± 0.05
Mgt 0.10 ± 0.11 0.13 ± 0.10
Gm 0.03 ± 0.04 0.04 ± 0.12

SEG 03 45 Andesitic lava flow

WR �0.07 ± 0.10 �0.10 ± 0.11
Mgt �0.02 ± 0.06 �0.04 ± 0.05
Gm 0.11 ± 0.02 0.14 ± 0.02

Table 3 (continued)

Sample d56Fe d57Fe

SEG 03 03 Dacitic lava flow

WR 0.04 ± 0.04 0.07 ± 0.03
Mgt 0.06 ± 0.06 0.07 ± 0.10
Opx �0.05 ± 0.05 �0.10 ± 0.04
Gm �0.02 ± 0.03 �0.01 ± 0.02

SB 87 56 Rhyolitic lava flow

WR �0.04 ± 0.04 �0.04 ± 0.06
Mgt 0.08 ± 0.09 0.13 ± 0.12
Opx �0.13 ± 0.02 �0.21 ± 0.02
Gm 0.00 ± 0.03 0.00 ± 0.04

SEG 03 01 Rhyolite

WR 0.08 ± 0.04 0.12 ± 0.02
Gm 0.06 ± 0.03 0.12 ± 0.02

SEG 03 43 Rhyodacite

WR 0.07 ± 0.02 0.11 ± 0.03
Opx �0.12 ± 0.02 �0.16 ± 0.02
Mgt 0.15 ± 0.02 0.24 ± 0.06
Gm 0.02 ± 0.02 0.02 ± 0.02

SEG 03 08 Basalt

WR 0.00 ± 0.05 0.06 ± 0.05
Mgt 0.01 ± 0.02 0.02 ± 0.02
Gm �0.07 ± 0.09 �0.10 ± 0.12

SEG 03 31 Rhyolite

WR 0.07 ± 0.02 0.09 ± 0.02
Mgt 0.06 ± 0.04 0.12 ± 0.04
Cpx �0.13 ± 0.03 �0.21 ± 0.03
Gm 0.09 ± 0.06 0.12 ± 0.04

Puyehue Volcano, Chilean Andes
PU 03 27 Dacite

WR 0.05 ± 0.04 0.06 ± 0.03
Mgt �0.05 ± 0.08 �0.04 ± 0.19
Gm 0.03 ± 0.04 0.06 ± 0.04

PU 02 29 Rhyodacite

WR 0.08 ± 0.02 0.16 ± 0.12
Mgt �0.06 ± 0.02 �0.08 ± 0.04
Gm 0.10 ± 0.04 0.15 ± 0.04
Opx �0.14 ± 0.09 �0.20 ± 0.08

1912 Katmai Eruption, Alaska (WR)
K-7A Rhyolite 0.06 ± 0.02 0.05 ± 0.08
K-22 Rhyolite 0.10 ± 0.01 0.15 ± 0.01
K-45 Dacite �0.02 ± 0.07 �0.05 ± 0.11
K-54 Dacite �0.06 ± 0.04 �0.09 ± 0.03
K-88 Rhyolite �0.03 ± 0.04 �0.04 ± 0.04

Coso Obsidians, California (WR)
Coso # 4/7 0.23 ± 0.04 0.33 ± 0.05
Coso # 5/4 0.31 ± 0.02 0.44 ± 0.01
Coso # 14/3 0.29 ± 0.05 0.45 ± 0.10
Coso # 20/5 0.27 ± 0.05 0.43 ± 0.12
Coso # 25/6 0.21 ± 0.07 0.31 ± 0.10
Coso # 26/7 0.04 ± 0.06 0.06 ± 0.11

Bishop Tuff, California (WR)
B-670 Early, unit F1 Rhyolite

WR 0.14 ± 0.07 0.20 ± 0.13

B-657 Middle, Fall unit F6 Rhyolite

WR 0.18 ± 0.06 0.27 ± 0.10
(continued on next page)
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Table 3 (continued)

Sample d56Fe d57Fe

B-659 Late, Fall unit F9 Rhyolite

WR 0.12 ± 0.01 0.19 ± 0.07

Isolated Volcanic Rocks
RGM-1- USGS Glass Mountain Rhyolite
WR 0.07 ± 0.07 0.10 ± 0.09

BP 9220 D- Big Pine Volcanics Rhyolite
WR 0.20 ± 0.02 0.29 ± 0.15

a Data reported correspond to the average of multiple analyses of
each sample, in most cases. The complete set of data appears in
Electronic Annex Table EA-5. Errors correspond to 2 standard
errors from in-run statistics for samples analyzed only once, and 2
standard deviation errors for samples analyzed more than one time.
Bt, biotite; Chl, chlorite; Cpx, clinopyroxene; fsp, feldspar; Gm,
groundmass; Hbl, hornblende; Mgt, magnetite; Opx, orthopyrox-
ene; WR, whole rock.
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Fe2O3 contents for high-silica rocks. Strontium–d56Fe rela-
tions (Fig. 3B) are consistent with these observations, where
the most evolved rocks (low Sr, high Rb, Th) tend to have
the highest d56Fe values. Among the samples analyzed in
this study, the mineralized Questa plutons tend to have
the highest d56Fe values for a given extent of differentiation
(high Rb and Th, low Sr). It is noteworthy that the highly
evolved Coso volcanic rocks have high d56Fe values that
overlap those of the high-silica Questa plutons.

Silicate minerals analyzed for Fe isotopes include oliv-
ine, biotite, amphibole, and pyroxene in volcanic rocks,
and biotite and hornblende in granitic rocks. These Fe sili-
cates have d56Fe values that lie within the field defined for
mafic- and intermediate-composition igneous rocks, indi-
cating little fractionation between melt and the silicate min-
erals, despite large decreases in total Fe contents with
increasing SiO2 contents in the bulk rocks (Fig. 4). The con-
stant d56Fe values for silicate minerals extends to highly
evolved samples, including high-silica granites. In contrast,
the d56Fe values for magnetite vary significantly; and for
rocks with greater than �67 wt.% SiO2, magnetite tends
to have a higher d56Fe value as compared to coexisting sil-
icate minerals. Sufficient magnetite could be separated from
dacite and low-silica rhyolites (�67 to �72 wt.% SiO2) to
allow comparison with magnetite from granodiorites and
low-silica granites; although the average d56Fe value of
magnetite from plutonic rocks is slightly higher
(d56Fe = +0.14 ± 0.12&, n = 4) than magnetite from vol-
canic rocks (d56Fe = +0.06 ± 0.13&, n = 7) except for sam-
ple SEG03-43, the d56Fe values overlap from +0.02& to
+0.19& or within 0.17& (Fig. 4). Magnetite from evolved
plutonic rocks (>72 wt.% SiO2) has the highest d56Fe values
(d56Fe = +0.26 ± 0.11&, n = 6). Mineral separates, partic-
ularly magnetite, were not obtained from the highly evolved
volcanic rocks because of their low crystal contents.

The d56Fe value of magnetite, particularly in the
evolved granitic rocks, controls the magnetite–Fe silicate
(D56FeMgt–Fe sil) fractionation factor (Fig. 5A). Considering
the Questa plutonic rocks for which the bulk of the magne-
tite–Fe silicate mineral pairs have been analyzed, the corre-
lation between D56FeMgt–Fe sil and the d56Fe value of the
whole rock (Fig. 5B) cannot be interpreted as a result of
closed-system temperature-dependent Fe isotope exchange.
In a closed system, D56FeMgt–Fe sil fractionations would
not correlate with bulk-rock d56Fe values (Fig. 5B). Instead,
the D56FeMgt–Fe sil fractionations and the d56Fe value of the
whole rock would define a line of constant bulk-rock d56Fe
values that represents closed-system cooling. We suggest
that these trends in Fe isotope compositions are a result of
open-system processes. Below we investigate if fractional
crystallization and fluid exsolution are possible open-system
methods that could produce these isotopic fractionations.
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5. DISCUSSION

The origin of high d56Fe values in siliceous igneous
rocks is controversial and the debate has involved two
models: (1) fractional crystallization (e.g., Schoenberg and
von Blanckenburg, 2006; Schuessler et al., 2007), and (2)
exsolution of Fe2+-bearing fluids during crystallization of
plutons (Poitrasson and Freydier, 2005). We explore both
of these models below, beginning with a discussion of min-
eral–mineral and mineral–fluid Fe isotope fractionation
factors at high temperature. Crystal fractionation is first
considered as an explanation for the high d56Fe values in
silicic igneous rocks, followed by a discussion of fluid exso-
lution at magmatic and sub-solidus temperatures.

5.1. Mineral–mineral and mineral–fluid Fe isotope

fractionation factors

Iron-bearing phases in the high-silica granitoids are bio-
tite, minor hornblende, and magnetite. Biotite, the most
common Fe-rich phase, contains between 12 and 25 wt.%
FeO (as total Fe). Iron in magmatic/hydrothermal fluids
derived from igneous rocks is thought to be present as the
FeCl0

2 species (e.g., Chou and Eugster, 1977). We recognize
that Fe speciation will exist as FeCl0

2 in magmatic systems,
and in the absence of experimental data, we assume the Fe
isotope fractionation factors for FeCl0

2 are similar to
FeCl4

2�.
The predicted or experimentally measured Fe isotope

fractionation factors for magnetite, Fe silicate, and Fe2+

chloride solutions (Polyakov and Mineev, 2000; Schauble
et al., 2001; Polyakov et al., 2007; Shahar et al., 2008) high-
light the important control that magnetite may play in
determining the Fe isotope composition of igneous rocks
(Fig. 6). At the magmatic temperatures of the evolved vol-
canic rocks studied (�900–700 �C; Tables 1 and 2),
D56FeMgt–Fe sil fractionations are predicted to be
�+0.17& to +0.25& (Fig. 6). Results from recent experi-
mental studies are in agreement with theoretical predictions
and indicate magnetite–fayalite Fe isotope fractionation
factors for 56Fe/54Fe between +0.1& and +0.2& at 900
and 700 �C, respectively (Shahar et al., 2008). The average
modes of the Fe-bearing phenocrysts in the intermediate-
composition volcanic rocks that were studied is approxi-
mately 0.1:0.6:0.3 for magnetite:clinopyroxene:orthopyrox-
ene. Ranges in Fe contents for clinopyroxene and
orthopyroxene are 12–14 wt.% FeO and 5–27 wt.% FeO,
respectively, based on average contents in intermediate-
composition lavas (Deer et al., 1992). Adjusting for typical
ranges in Fe contents for natural mafic silicate minerals),
the net mineral-melt Fe isotope fractionation factors should
lie between +0.03& and +0.07& from 900 to 700 �C
(Fig. 6; see Figure caption for details about the calculation).

At the oxygen isotope closure temperatures that charac-
terize the Questa and TIS granitoids (�710 to �500 �C; Ta-
ble 1), the magnetite–Fe2+ chloride solution fractionations
are predicted to be quite large, between +0.3& and
+0.5& (Fig. 6). At the relatively fast cooling rates of the
Questa and TIS rocks, we assume that Fe and O isotope ex-
change closed at similar temperatures, at least within
100 �C (e.g., Valaas-Hyslop et al., 2008).
5.2. Fractional crystallization

Rayleigh fractionation can potentially explain the high
d56Fe values measured in some silicic volcanic rocks
(Fig. 7), but only at the limits of likely D56Femin-melt frac-
tionation factors and distribution coefficients for Rb. In
the absence of significant biotite or alkali feldspar on the
liquidus during fractionation of mafic- to intermediate-
composition magmas, a bulk mineral-melt distribution
coefficient for Rb (DRb) near zero seems likely. Moreover,
at the high temperatures associated with crystallization of
mafic- to intermediate-composition magmas, the D56Femin-melt

fractionation factor is likely to be near zero, perhaps
�+0.03& (Fig. 6). Under such constraints, crystal fraction-
ation cannot produce the observed Rb–d56Fe variations
(Fig. 7). If, however, the D56Femin-melt fractionation factor
was larger (�0.07&, Fig. 6), which is possible given the
uncertainties in the predicted Fe isotope fractionation fac-
tors, or if more magnetite crystallized in the rocks, the
Rb–d56Fe relations seen in Fig. 7 may be produced, if the
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+0.07& at 900 and 700 �C, respectively. Fractionation factors were
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mafic silicate minerals by multiplying each mineral mode by the
percentage of Fe in the mineral, adding them together, and
multiplying by the magnetite–Fe silicate fractionation factor at
each temperature. Fractionation factors are also shown for
magnetite–FeCl4

2� fluid, magnetite–Fe silicate, and Fe silicate–

FeCl4
2� fluid. The D56Fe fractionation factors were calculated from

the coefficients of the polynomial expansions or the reduced
isotopic partition function ratios (beta factors, b) of Polyakov and
Mineev (2000), Schauble et al. (2001), and Polyakov et al. (2007).
For Fe silicates, the average of the b factors for olivine, enstatite,
and diopside of Polyakov and Mineev (2000) were used. For the
fluid, beta factors for FeCl4

2� were used. Temperature ranges for
Coso, Bishop Tuff, and Katmai are from Manley and Bacon
(2000), Mahood and Hildreth (1983), and Hildreth (1983), respec-
tively, whereas those for Questa granitoids were calculated by
magnetite–quartz oxygen isotope thermometry using d18O values
from Hagstrum and Johnson (1986) and the equation of Clayton
and Kieffer (1991). Temperatures for TIS were provided by J.S.
Lackey and calculated based on quartz–zircon and zircon–titanite
oxygen isotope thermometry with calibrations of Valley et al.
(2003).
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bulk DRb value is high (�0.5). Such a high bulk partition
coefficient for Rb is possible if significant quantities of alka-
li feldspar or mica crystallized. For example, a bulk DRb va-
lue of 0.46 is calculated using the average partition
coefficients for dacites and rhyolites reported in Henderson
(1982) and assuming a mode of 10% biotite, 15% alkali feld-
spar, 20% plagioclase, 10% amphibole, 20% pyroxene, and
25% quartz (the DRb-value for amphibole used the average
for andesites because there is no value for rhyolites; quartz
was assumed to have a D value of 0). Using these conserva-
tive bulk-DRb values and high D56Femin-melt fractionation
factors, however, would require �99% crystallization to ex-
plain the high-Rb, high-d56Fe samples from Coso (Fig. 9);
we cannot rule this out, but such extents of fractionation
seem quite high. Moreover, we note that several of the
high-d56Fe, moderate Rb content Questa granitoids cannot
be explained by Rayleigh fractionation using the parame-
ters above (Fig. 7).
5.3. Trace-element tests of crystal fractionation

The similar charge/radius ratios of several trace ele-
ments provide a test of crystal fractionation mechanisms
for explaining the d56Fe-composition trends observed in
igneous rocks. Ratios of Zr/Hf are generally invariant rela-
tive to the chondritic ratio during crystal fractionation, but
may be significantly changed during fluid–magma or fluid–
rock interactions (e.g., Bau, 1996). The range in Zr/Hf ra-
tios in igneous rocks that is considered to reflect mineral-
melt partitioning due to charge and radius varies from
�26 to �46 (defined as ‘‘Charac” or Charge and Radius
Controlled behavior; Bau, 1996). Irber (1999) noted that
the average Zr/Hf ratio for granites is 39, similar to the
Chondrite average of 38. In contrast, high-silica igneous
rocks often have low, ‘‘non-Charac” Zr/Hf ratios (Bau,
1996; Irber, 1999; Jahn et al., 2001; Veksler et al., 2005).
Bau (1996) considered that the anomalous behavior shown
by Zr and Hf reflects chemical complexation by elements
such as F, Cl, B, Li, P, and CO2 that are abundant in fluids
derived from highly evolved magmas. Most authors con-
sider the fractionation of Zr and Hf to be characteristic
of highly differentiated magmatic melts, reflecting partition-
ing between silicate melts and depolymerized halogen-rich
fluids during open-system evolution (e.g., Bau, 1996; Irber,
1999; Jahn et al., 2001; Veksler et al., 2005; Boulvais et al.,
2006; Badanina et al., 2006). Some authors, however, con-
sider fractional crystallization of accessory minerals that
incorporate Zr and Hf, such as zircon, monazite, xenotime,
and garnet, as an explanation for the observed fractiona-
tions (Linnen and Keppler, 2002), although such interpreta-
tions have been challenged (Veksler et al., 2006). Based on
the very close charge/ionic radii ratios in this element pair,
theories that are more sophisticated should be called upon
to explain the observations. Fractionation of trace phases
that contain Zr and Hf would not affect Fe isotope compo-
sitions if their Fe contents are low (e.g., zircon, monazite,
xenotime, and apatite) or if they are rare in most magmas
(garnet). Of the Fe-bearing phases that can incorporate
Zr and Hf, ilmenite and magnetite are the only common
phases that are liquidus minerals over a wide range of mag-
matic compositions, including high-silica systems. Both
magnetite and ilmenite have near-chondritic Zr/Hf ratios
(Bea et al., 2006), and thus could not produce the trends ob-
served in Fig. 8. Additionally, Fe silicates such as amphi-
bole and pyroxene, which could fractionate Fe isotopes,
have Zr/Hf ratios that are also lower than Charac compo-
sitions (Bea et al., 2006) and thus fractionation of these
Fe silicates could not produce the trends in Zr/Hf and
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d56Fe values observed in Fig. 8. We therefore argue that the
most likely origin of the correlation of low Zr/Hf ratios
with high d56Fe values in the high-Si samples is fraction-
ation caused by fluid exsolution.

Other trace-element ratios such as Th/Ce or La/Ta are
less reliable indicators of fluid exsolution, primarily because
they may be changed by fractionation of accessory phases
such as monazite, apatite, zircon, titanite, and allanite.
Although an inverse correlation is observed between Th/
Ce ratios and Zr/Hf ratios for the samples studied for
which Zr, Hf, rare-earth elements (REEs) and Th contents
are available (Figure not shown), such correlations are
merely permissive of fluid exsolution. Detailed studies of
the Questa granitoids led Johnson et al. (1989) to conclude
that REE variations were well explained by crystal fraction-
ation of accessory minerals contained in the rocks.

The focus on the origin of anomalous trace-element ra-
tios (e.g., Y/Ho and Zr/Hf) has largely been devoted to
characterizing the F contents of magmatic and hydrother-
mal fluids, which is not likely to substantially increase the
solubility of Fe in fluids. However, we note that such fluids
also tend to be rich in Cl, which can strongly complex Fe
and affect the amount of Fe partitioned into a fluid phase
(e.g., Krauskopf, 1957; Chou and Eugster, 1977; Simon
et al., 2004).

Of the samples studied, volcanic and plutonic rocks that
have Zr/Hf ratios that fall within the range defined by
Charac behavior also have a restricted range in d56Fe values
that lies within the range of mafic- and intermediate-
composition igneous rocks (Fig. 8, Tables 1 and 3; Table
EA-1). In contrast, virtually all of the igneous rocks that
have d56Fe > +0.10& have anomalously low Zr/Hf ratios
relative to the Charac field (Fig. 8). These relations suggest
that the low-Zr/Hf, high-d56Fe igneous rocks do not reflect
crystal fractionation, but may instead reflect loss of a low-
d56Fe component through volatile exsolution, based on the
evidence that anomalous Zr/Hf and Y/Ho ratios reflect
interaction between halogen-rich fluids and silicate melt in
highly evolved magmatic systems (Bau, 1996; Irber, 1999;
Jahn et al., 2001; Veksler et al., 2005, 2006).
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sources as in Fig. 6 and Tables 1 and 2.
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5.4. Magmatic volatile loss

Highly evolved magmas often posses large amounts of
dissolved volatiles (e.g., H2O, F, Cl, B, CO2, and S) that
are prone to unmixing when saturation conditions arise at
decreasing temperatures prior to and during crystallization,
eruption, and solidification (e.g., Wallace et al., 1995;
Webster, 2004; Davidson and Kamenetsky, 2007). Transi-
tion-metal phases, including Fe, have been well docu-
mented inside bubbles within melt inclusions in volcanic
rocks, indicating that metals can be preferentially parti-
tioned into the volatile phase during crystallization and
degassing (Lowenstern, 1993; Kamenetsky et al., 2002;
Davidson and Kamenetsky, 2007). In addition, experimen-
tal studies of Fe transport have shown that Fe can be effec-
tively mobilized into the volatile phase by saline chloride
solutions (e.g., Chou and Eugster, 1977; Simon et al.,
2004). Detailed studies of volatiles in melt inclusions are
available for the Katmai, Bishop Tuff, and Coso volcanic
suites studied here (Table 2).

Relations among eruption temperature, volatile con-
tents, bulk-rock composition, and Fe isotope compositions
for the Coso, Bishop Tuff, and Katmai samples indicate gen-
eral correlations between the degree of differentiation, the
extent of volatile loss, temperature of crystallization, and
shifts in whole-rock d56Fe values (Fig. 9). We cast these rela-
tions relative to Cl/F ratios measured in melt inclusions and
in bulk rocks. The melt inclusion data provide a window
into the magma composition prior to eruption and solidifi-
cation, whereas the bulk-rock composition is representative
of post eruption. Crystal fractionation typically leaves Cl/F
ratios unchanged or slightly increased (Macdonald et al.,
1992). We therefore interpret the lower Cl/F ratios of melt
inclusions and bulk rocks for Bishop Tuff and Coso relative
to Katmai to indicate a larger degree of volatile loss and
preferential partitioning of Cl into vapor relative to F.
Fig. 9A plots the range of Cl/F ratios measured in melt
inclusions and bulk rocks with the range of d56Fe values
measured in bulk rocks for samples from Katmai and the
Bishop Tuff because Fe isotope compositions were not
determined on the same samples analyzed for Cl/F ratios
(Table 2; Macdonald et al., 1992; Westrich et al., 1991; Wal-
lace et al., 1999; Manley and Bacon, 2000). Coso melt inclu-
sions have not been analyzed for Cl and F concentrations
but we infer that the very low whole-rock Cl/F ratios reflect
extensive Cl loss during late-stage crystallization and/or
eruption (Fig. 9). That the lowest Cl/F ratios are measured
for the most evolved (high Rb) rocks is expected because
such rocks should have reached the highest total volatile
contents and Cl is preferentially lost compared to F. This
suggests that the high-Rb samples lost the greatest amount
of volatiles, specifically Cl, which is consistent with the
relatively low crystallization temperatures of the high-Rb
samples (Tables 1 and 2).

Solubility relations for high-temperature ferrous chlo-
ride fluids indicate that magnetite solubility will control
the extent of Fe-chloride exsolution from magmas (e.g.,
Chou and Eugster, 1977; Whitney et al., 1985; Simon
et al., 2004). We suggest, therefore, that the positive
magnetite–FeCl4

2� Fe isotope fractionation factor (Fig. 6)
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at magmatic temperatures predicts that an exsolved Fe-
chloride fluid will have negative d56Fe values, which should
produce relatively high d56Fe values in the remaining sili-
cate melt and minerals. Qualitatively, the effect of Fe chlo-
ride exsolution is expected to be greatest in the most
evolved magmas because such magmas reflect the greatest
amount of Cl loss. Moreover, the lower temperatures of
evolved magmas will involve the largest Fe isotope fractio-
nations, and evolved rocks will have lower Fe contents and
thus be more sensitive to changes in Fe isotope composition
upon volatile/fluid exsolution.

Although crystal fractionation of less evolved precursor
magmas was likely important in producing high volatile
contents, we do not interpret crystal fractionation in the
sense of crystal-melt segregation as the mechanism for pro-
ducing high d56Fe values in evolved magmas. Our model of
Fe-chloride fluid loss relies on the solubility of magnetite in
equilibrium with such solutions, which in turn predicts that
magnetite should record the greatest increases in d56Fe val-
ues upon volatile exsolution. This can be tested through de-
tailed consideration of magnetite and Fe silicates in
plutonic rocks that exsolved fluids during sub-solidus cool-
ing at low temperatures where the isotopic fractionations
are large, and this is discussed in the next section.
0

2

4

6

8

10

12

14

16

18

450 500 550 600 650 700 750 800 850 900
T (°C)

Fe
co

nc
en

tr
at

io
n

(w
t.

%
) experimental

magnetite solubility
Fe contents in Questa
fluid inclusions

Questa
450 500 550 600 650 700 750 800 850 900

TIS

Q
ue

st
a

Fig. 10. Concentration of Fe (wt.%, as FeCl02 species) in a Cl-
bearing fluid as a function of temperature (�C). The curve is based
on magnetite dissolution experiments (Chou and Eugster, 1977)
and the black vertical box represents the ranges in Fe contents
measured in fluid inclusions from Questa granitoids (Audétat and
Pettke, 2003). The top bars represent temperatures for Questa and
TIS granitoids (as in Fig. 6).
5.5. Fe isotope fractionation in plutonic rocks during sub-

solidus fluid/rock interaction

Considerations of theoretical Fe isotope fractionation
factors and magnetite solubility experiments suggest that
the extent of Fe isotope fractionation during sub-solidus
interaction between a plutonic rock and an exsolved fluid
will largely be controlled by (1) the Cl content of the fluid,
(2) the Fe content of the rock or magma, (3) the ratio of
magnetite to Fe silicate minerals, and (4) the temperature
of fluid exsolution. The most important external variables
are temperature and HCl contents in the fluid (i.e., avail-
ability of ligands), and these variables are used in the model
below. Pressure and fH2 conditions will probably also influ-
ence Fe mobility and transport. Experimental studies indi-
cate that Fe concentration in the volatile phase will tend to
increase at higher pressures (e.g., Simon et al., 2004). Be-
cause oxygen fugacity was fixed to the hematite–magnetite
buffer at 400–600 �C and 1–2 kbar pressure in the experi-
ments of Chou and Eugster (1977) and Boctor et al.
(1980) in which Fe existed in the form of ferrous chloride
(FeCl0

2Þ, a more relevant variable is fH2. Qualitatively, rel-
atively high fH2 (or low fO2) conditions will tend to favor
Fe2+ mobilization in solution, whereas high-fO2 conditions
will tend to deposit Fe (e.g., Eugster, 1986). To our knowl-
edge, however, no experimental results have been published
on the effects of changing fO2 conditions on Fe solubility.
The effects of these variables on Fe isotope fractionation
factors have not been investigated in experiments.

The absence of a correlation between bulk-rock d18O
values (Table 1; Johnson et al., 1990; Lackey, 2005) and
d56Fe values for the plutonic rocks studied here suggests
that circulation of Cl-poor meteoric fluids did not affect
the Fe isotope compositions of Questa or TIS granitoids.
In contrast, rocks from Questa that underwent high-tem-
perature alteration and contain Mo mineralization (Johnson
et al., 1990), as well as a sample from the Johnson Granite
Porphyry (TIS), have high d56Fe values, suggesting that
Cl-rich high-temperature fluids affected the Fe isotope com-
position of the rocks. The Johnson Granite Porphyry is the
last and innermost unit of the TIS and is thought to repre-
sent a partially erupted magma, as indicated by miarolitic
cavities and evidence of fluid exsolution (Bateman and
Chappell, 1979; Lackey, 2005). These observations are in
agreement with the high d56Fe values of the Johnson Gran-
ite Porphyry, compared to the near-zero d56Fe values of all
the other rocks from the TIS. Sub-solidus re-equilibration
temperatures for Questa Granitoids and TIS are similar
(Table 1), which suggests that the granitoids from TIS that
have ‘‘normal” d56Fe values contained relatively low fluid
contents or did not exsolve significant amounts of fluids.
Moreover, the higher crystallization temperatures and Fe
contents of the TIS units that lie outboard of the Johnson
Granite Porphyry would minimize any shift in d56Fe values
upon fluid exsolution. It is noteworthy that a positive cor-
relation between d18O and d56Fe values in the Bergell intru-
sion was explained by crystal fractionation or assimilation
of high-d56Fe, high-d18O crustal material, although the last
proposal requires the presence of high-d56Fe sedimentary
rocks, which are rare (Schoenberg and von Blanckenburg,
2006).

The solubility experiments of Chou and Eugster (1977)
show that considerable amounts of Fe can be present in a
chloride-rich fluid (0.24–16.4 wt.% Fe at 700–500 �C;
Fig. 10) as FeCl0

2 in equilibrium with magnetite. The rapidly
increasing solubility with decreasing temperature (Fig. 10)
indicates that loss of Fe through fluid exsolution will be
greatest at lower temperatures where the Fe isotope fracti-
onations are largest, consistent with the positive d56Fe
values observed in the lowest-temperature or most evolved
samples. The range in Fe contents measured in the
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solubility experiments is supported by fluid inclusion data
on natural samples. Fluid inclusions from the same Questa
granitoids studied here contain high amounts of Cl (up to
40 wt.% NaClequiv) and Fe (0.16–5.7 wt.% Fe; Audétat
and Pettke, 2003), indicating that significant amounts of
Fe were present in a late-stage, Cl-bearing fluid phase.
The high d56Fe values of magnetite and the positive corre-
lation between D56FeMgt–Bt and bulk-rock d56Fe (Figs. 4
and 5) suggest that magnetite re-equilibration took place
at sub-solidus conditions and this process is modeled below.

5.5.1. Model construction

The Fe isotope exchange during cooling between a rock
and an exsolved chloride-bearing fluid was modeled from
700 to 500 �C using mass-balance equations, the modal
abundances of magnetite and Fe silicates in the studied
rocks from Questa, fluid volumes that are typical of sili-
ceous granitic magmas (5–10 wt.% fluid), and Fe isotope
fractionation factors that have been calculated from theory.
The Fe isotope mass balance of a system composed of mag-
netite, biotite, and fluid is defined by:

d56Fesystem ¼ d56Femagnetite �XFe
Mgt þ d56Febiotite �XFe

Bt

þ d56Fefluid �XFe
fl ; ð4Þ

where XFe
Mgt, XFe

Bt , and XFe
fl are the Fe molar proportions of

magnetite, biotite, and fluid, respectively. The initial system
is defined to have a d56Fe value of 0.00& at 700 �C. The
calculation was performed at other temperatures and as-
sumed that the total amount of Fe in the system was con-
stant but that Fe contents and d56Fe values for biotite,
the fluid, and magnetite varied from 700 to 500 �C based
on changing solubility of Fe in the fluid using the experi-
mental work of Chou and Eugster (1977). Iron contents
in biotite remain unchanged. Iron concentrations in the
fluid were calculated at different temperatures after rear-
ranging the solubility equation of Chou and Eugster (1977):

log mFeCl2 ¼ ½6887:0=T ðKÞ� � 8:44; ð5Þ

to

mFeT
fl ¼ 3 � 1035 � T�12:698; ð6Þ

where m is the mass of Fe in the fluid calculated from the
concentration of Fe in the fluid in wt.% normalized to the
amount of fluid in the system, and T is the temperature in
�C (see Fig. 10). The mass of Fe in magnetite (mFeMgt)
was first calculated at the lowest temperature (500 �C) from
the current modal proportion of magnetite in the rock,
based on the assumption that the modal proportions of
the Fe-bearing minerals were ‘‘locked in” at the quartz–
magnetite oxygen isotope closure temperatures (�500 �C).
The mass of Fe in biotite was calculated in the same way
and was assumed to be constant. The mass of Fe in magne-
tite at higher temperatures was calculated by subtracting
the mass of Fe in the fluid ðmFeT

flÞ and biotite ðmFeT
BtÞ from

the amount of Fe in the system (mFesyst):

mFeT
Mgt ¼ mFesyst � mFeT

fl � mFeT
Bt; ð7Þ

where the superscript T indicates the increment calculation
performed at a specific temperature. Iron molar propor-
tions for each phase were calculated by normalizing to
the total amount of Fe in the system; for magnetite this is:

XFe
Mgt ¼ mFeMgt=mFesyst

¼ mFeMgt=ðmFeMgt þ mFefl þ mFeBtÞ: ð8Þ

Iron molar fractions for biotite and the fluid were calcu-
lated in the same way (Fig. 11). The molar fraction of Fe
in magnetite decreases as that of the fluid increases from
700 to 500 �C. The d56Fe values for magnetite, biotite, the
fluid, and bulk rock were calculated as a function of tem-
perature using the Fe isotope fractionation factors from
Polyakov and Mineev (2000), Schauble et al. (2001), and
Polyakov et al. (2007), and rearranging Eq. (4) to:

d56FeMgt ¼ XFe
Bt � DMgt–Fe sil þXFe

fl � DMgt–fl; ð9Þ
d56FeBt ¼ d56FeMgt � DMgt–Fe sil; ð10Þ
d56Fefluid ¼ d56FeMgt � DMgt–fl; and ð11Þ
d56Ferock ¼ ½d56FeMgt �XFe

Mgt=ðXFe
Mgt þXFe

Bt Þ�
þ ½d56FeBt �XFe

Bt=ðXFe
Bt þXFe

MgtÞ�: ð12Þ
5.5.2. Prediction of d56Fe values of magnetite, Fe silicates,

bulk rocks, and exsolved fluid

Based on the constructed model, magnetite is expected
to have positive d56Fe values, whereas biotite and the fluid
will have slightly negative values (Fig. 12). The model pre-
dicts that the d56Fe values of magnetite in equilibrium with
an Fe chloride-bearing fluid and biotite will become pro-
gressively higher (d56Fe up to +0.4&) as temperature de-
creases from 700 to 500 �C (Figs. 12 and 13). The d56Fe
values for the fluid range from �0.39& to �0.05&.
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Removal of the low-d56Fe fluid through volatile loss will
produce an increase in the d56Fe values of the remaining
rock, and this increase will be greatest at the lowest temper-
atures (Fig. 13). Measured d56Fe values for magnetite and
bulk rock from Questa granitoids fall within the values pre-
dicted by the model (Fig. 13). The increase in d56Fe values
of the bulk rock is greatest when the magnetite/Fe silicate
Fe molar ratio is the highest (curves 1 and 2; d56Fe up to
�+0.30&), reflecting the importance of magnetite abun-
dance on the Fe content of the fluid, and the relatively large
magnetite–silicate and magnetite–Fe chloride fractionation
factors. As expected, bulk-rock d56Fe values will be highest
when large amounts of fluid are exsolved (Fig. 13, curves 3
and 4, 10 and 5 wt.% fluid, respectively).

5.6. The Fe isotope composition of the Earth’s crust

The Fe isotope composition of the Earth’s crust based
on mafic- to intermediate-composition igneous rocks is ex-
tremely homogeneous (d56Fe = 0.00 ± 0.08&, 2-SD;
Fig. 2). This isotopic homogeneity is extended to sedimen-
tary rocks that have not undergone extensive anoxic dia-
genesis (e.g., Beard et al., 2003b), and this, in turn,
provides a powerful reference frame for interpreting the ori-
gin of Fe isotope fractionations (Beard and Johnson, 2004;
Johnson and Beard, 2006b; Johnson et al., 2008). The
occurrence of high d56Fe values in some igneous rocks
has lead some researchers to question the validity of using
the Earth’s crust as a reference reservoir (e.g., Poitrasson
and Freydier, 2005). If the total Fe budget of the crust is
considered, however, the contribution of Fe from Fe-poor,
high-silica igneous rocks represents only a small fraction of
the crustal Fe inventory (Fig. 14), a point discussed by
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Fig. 14. Bulk-rock Fe2O3 (wt.%, total Fe) versus SiO2 (wt.%) for
the studied rocks and data taken from the literature (from same
sources as in previous Figures). High-silica igneous rocks represent
a small proportion of the total Fe budget of the Earth’s crust. The
average d56Fe value of rocks that have <70 wt.% SiO2 and >2 wt.%
Fe2O3 (including basalts, andesites, granitoids, and acid volcanic
rocks) is 0.00 ± 0.08& (2 standard deviation errors (2-SD),
n = 108), whereas that of igneous rocks with >70 wt.% SiO2 and
<2 wt.% Fe2O3 is +0.16 ± 0.17& (2-SD, n = 41). The averages
were calculated with data reported in Electronic Annex Tables EA-
1 and EA-2 and data for basalts referenced in Fig. 2.
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Beard and Johnson (2006) and Poitrasson (2006). More-
over, high d56Fe values are not a uniform characterization
of evolved igneous rocks, but instead are produced only
in those systems that developed high volatile contents, spe-
cifically rich in chloride, which subsequently lost volatiles
by fluid exsolution. Based on the low solubility of Fe in
F-rich fluids, magmatic systems that have high F/Cl ratios
are not expected to have unusual Fe isotope compositions.
The inventory of Fe in the crust that is cycled through this
process is very small, probably much less than 1%, indicat-
ing that to an excellent approximation, the average d56Fe
value of the crust lies near zero on the igneous rock scale
of Beard et al. (2003a). This implies that the concentra-
tion-weighted Fe isotope composition of Fe that is deliv-
ered to the sedimentary system also lies very close to
d56Fe = 0&.

6. CONCLUSIONS AND FUTURE DIRECTIONS

High-silica igneous rocks may have d56Fe values up to
+0.30&, significantly higher than those of mafic- to inter-
mediate-composition igneous rocks, which have a restricted
range of d56Fe = 0.00 ± 0.08& (2-SD). Not all high-silica
igneous rocks, however, have high d56Fe values. Igneous
rocks with high d56Fe values appear to be restricted to
highly evolved rocks that contain evidence for loss of Fe
chloride fluids based on volatile contents and anomalous
trace-element ratios. The isotopic effects of fluid loss are
most pronounced in evolved, low-Fe content rocks that lost
Cl-bearing fluids at low magmatic or sub-solidus tempera-
tures. A positive correlation between the magnetite–Fe sili-
cate fractionation and bulk-rock d56Fe values in
mineralized granitoids indicates that the rocks underwent
open-system Fe isotope exchange and fluid loss. Multiple
lines of evidence indicate that high-d56Fe igneous rocks
are not likely to have formed through fractional crystalliza-
tion but by complexation of Fe with Cl in volatile-rich,
high-silica magmatic systems, followed by fluid loss. That
the highest d56Fe values occur in samples that crystallized
at the lowest temperatures or underwent sub-solidus fluid
loss, as indicated by low oxygen isotope temperatures, is
well explained by the relatively high solubility of magnetite
at low temperatures and the large magnetite-fluid fractiona-
tions that occur at low temperatures. The hypothesis pro-
posed here can be tested by analysis of magnetite and Fe
silicate separates from the same rock, which are helpful
for distinguishing processes responsible for Fe isotope
fractionations, compared to bulk-rock Fe isotope composi-
tions alone. Plots of fractionation factors against Fe isotope
compositions of minerals and bulk rocks are useful indica-
tors for high-temperature fractionation processes, as shown
by numerous oxygen isotope studies in the 1980s, and for
iron isotopes by recent studies (Beard and Johnson, 2004).

Our results have implications for transition-metal stable
isotope studies of hydrothermal ore deposits. Fluids
exsolved from siliceous hydrous magmas may represent pre-
cursors to mineralizing fluids that sometimes produce por-
phyry-style Cu or Cu–Au mineralization (e.g., Krauskopf,
1957; Kamenetsky et al., 2002; Halter and Heinrich, 2006).
These types of deposits, as well as hydrothermal Fe deposits,
may have anomalous Fe isotope compositions (e.g.,
Graham et al., 2004; Markl et al., 2006), and our results sug-
gest that superposition of hydrothermal events, including
sub-solidus re-equilibration and precipitation of sulfides
from a Cl-bearing fluid, may control the Fe isotope compo-
sition of such deposits. Because Fe solubility in F-rich fluids
is low, we would not expect Fe isotope compositions of
high-F/Cl magmatic/hydrothermal systems to significantly
deviate from the average of igneous rocks. Because the tran-
sition metals are soluble in chloride-rich fluids, detailed
studies of Fe (and possibly Cu and Zn) isotopes in ore
deposits may provide a unique identification of magmatic
fluid contribution to hydrothermal ore deposits. Future suc-
cess of this application will depend upon high-temperature
experimental studies of Fe isotope fractionation in fluid–
melt and fluid–mineral systems, with particular attention
paid to Fe-Cl speciation.
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