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Abstract

The Fe isotope fractionation factors among aqueous ferrous iron (Fe2þ
aq ), aqueous FeS clusters (FeSaq), and nanoparticu-

late mackinawite under neutral and mildly acidic and alkaline pH conditions have been determined using the three-isotope
method. Combined voltammetric analysis and geochemical modeling were used to determine the Fe speciation in the exper-
imental systems. The equilibrium 56Fe/54Fe fractionation factor at 20 �C and pH 7 has been determined to be �0.32 ± 0.29
(2r)& between Fe2þ

aq (minor FeSaq also present in the experiment) and mackinawite. This fractionation factor was essentially
constant when pH was changed to 6 or 8. When equal molarity of HS� and Fe2þ

aq were added to the system, however, the
isotopic fractionation at pH 7 changed to �0.64 ± 0.36 (2r)&, correlating with a significant increase in the proportion of
FeHS+ and FeSaq. These results highlight a more important role of aqueous Fe–S speciation in the equilibrium Fe isotope
fractionation factor than recognized in previous studies. The isotopic fractionation remained constant when temperature
was increased from 20 �C to 35 �C for fractionation factors between Fe2þ

aq , and mackinawite and between dominantly FeHS+

and mackinawite. Synthesis experiments similar to those of Butler et al. (2005) and Guilbaud et al. (2010) at pH 4 show con-
sistent results: over time, the aqueous Fe–mackinawite fractionation decreases but even after 38 days of aging the fraction-
ation factor is far from the equilibrium value inferred using the three-isotope method. In contrast, at near-neutral pH the
fractionation factor for the synthesis experiment reached the equilibrium value in 38 days. These differences are best explained
by noting that at low pH the FeS mackinawite particles coarsen more rapidly via particle aggregation, which limits isotopic
exchange, whereas at higher pH mackinawite aggregation is limited, and Fe isotope exchange occurs more rapidly, converging
on the equilibrium value. These results suggest that mackinawite formed in natural environments at near-neutral or alkaline
pH are unlikely to retain kinetic isotope fractionations, but are more likely to reflect equilibrium isotope compositions. This in
turn has important implications for interpreting iron isotope compositions of Fe sulfides in natural systems.
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1. INTRODUCTION

Sulfide minerals define the largest range in Fe isotope
compositions measured on Earth. The d56Fe values of Ar-
chean sedimentary pyrite and pyrite-bearing shales range
from �3.7& to +2.1& (Rouxel et al., 2005; Yamaguchi
et al., 2005; Archer and Vance 2006; Dauphas et al.,
2007; Whitehouse and Fedo 2007; Hofmann et al., 2009;
Nishizawa et al., 2010). The origin of the large number of
negative d56Fe values, which are striking relative to the
near-zero d56Fe values of bulk continental and oceanic
crust, remains contentious (e.g., Archer and Vance 2006;
Rouxel et al., 2006; Yamaguchi and Ohmoto, 2006). Rou-
xel et al. (2005) interpret low d56Fe values to reflect the
Fe isotope compositions of the Archean oceans under an
anoxic atmosphere, whereas Archer and Vance (2006) inter-
pret low-d56Fe sedimentary pyrite to indicate coupled bac-
terial sulfate- and Fe3+-reduction, based on d34S–d56Fe
correlations. In contrast to previous interpretations that
pyrite is a passive recorder of the aqueous Fe2+ (Fe2þ

aq ) pool
and that the wide range in d56Fe values reflects Fe redox
changes, Guilbaud et al. (2011a) argue that the negative
d56Fe excursion in sulfides from Neoarchean and Paleopro-
terozoic rocks may reflect partial Fe2þ

aq utilization during
abiotic pyrite formation, based on a combined kinetic iso-
tope fractionation between Fe2þ

aq and mackinawite, and be-
tween mackinawite and pyrite. This interpretation,
however, has been debated (Czaja et al., 2012; Guilbaud
et al., 2012). Low-d56Fe pyrite is so far absent in most of
the Proterozoic rock record, where values become generally
positive, up to +2.1& (Rouxel et al., 2005; Nishizawa et al.,
2010). Any solution to this debate must explain the tempo-
ral changes in d56Fe values for pyrite, and reconcile the fact
that theory predicts pyrite should have the highest d56Fe
values of any of the common minerals found in surface
environments (Polyakov et al., 2007).

Mackinawite is an important precursor phase to pyrite in
marine sedimentary environments (e.g., Schoonen and
Barnes, 1991; Wei and Osseo-Asare, 1996; Rickard, 1997;
Benning et al., 2000; Butler and Rickard 2000; Schoonen
2004). It has been suggested that several different pathways
may be important in pyrite formation in natural low-tem-
perature systems. The H2S pathway was first recognized
by Taylor et al. (1979) and involves H+ as the electron
acceptor (e.g., Rickard, 1997; Rickard and Luther, 1997).
In contrast, the S0 addition and polysulfide pathways in-
volve S as the electron acceptor (e.g., Berner, 1970; Rickard,
1975; Luther, 1991). These pathways all involve precursor
FeS phases, which appear to be essential to pyrite formation
in low-temperature (<100 �C) environments (e.g., Morse
et al., 1987; Rickard et al., 1995; Schoonen, 2004).

Formation of aqueous metal-sulfide clusters, which we
define as FeSaq in the case of Fe (equivalent to FeXSY where
X and Y are unknown but less that 150; Luther and Ric-
kard, 2005), is an important pathway leading to sulfide min-
eral formation, including Fe, Cu, and Zn sulfides (e.g.,
Thompson and Helz, 1994; Theberge and Luther, 1997;
Davison et al., 1999; Luther et al., 1999; Butler and Ric-
kard, 2000; Labrenz et al., 2000; Luther et al., 2002; Wol-
thers et al., 2003; Druschel et al., 2004; Luther and
Rickard, 2005). Rickard et al. (2006) determined the equi-
librium of mackinawite with a monomer of the FeSaq clus-
ter (FeSmack = FeS0) to have a log K of �5.7, and the
equilibrium of mackinawite and Fe2+ and H2S to have a
log K of 3.5:

FeSmack $ FeSaq log K ¼ �5:7

FeSmack þ 2Hþ $ Fe2þ þH2S log K ¼ 3:5

The large bonding changes that occur between hexaquo
Fe2+ ðFeðH2OÞ2þ6 Þ, where Fe2+ is in octahedral coordina-
tion (e.g., Cotton et al., 1993), and FeSaq, where Fe2+ is
in tetrahedral coordination (Theberge and Luther, 1997;
Luther and Rickard, 2005), may be accompanied by signif-
icant Fe isotope fractionations, drawing upon analogies
with other transition metal species (e.g., Schauble, 2004).
Indeed, it is possible that the isotopic fractionation between
Fe2þ

aq and FeSaq could be the major factor in which the Fe
isotope compositions of sulfide minerals are determined.
In diagenetic systems that eventually form sulfide minerals,
the following reaction represents an important pathway in
marine systems when Fe2þ

aq is present (e.g., Liu and Millero,
2002; Butler, 2005):

Fe2þ
aq þH2S or HS� ! FeSaq ! FeSmack

Butler et al. (2005) determined an initial 56Fe/54Fe frac-
tionation factor of �+0.9& between Fe2þ

aq and mackinaw-
ite, which changed to �+0.3& over time, in Fe2+-
dominated pH 4 solutions, which they attribute to a kinetic
fractionation that is independent of temperature. Butler
et al. (2005) inferred that the equilibrium Fe2þ

aq –mackinawite
fractionation was <+0.3&. Guilbaud et al. (2010) extended
the previous experiments of Butler et al. to longer time peri-
ods and found that the kinetic fractionation between Fe2þ

aq

and mackinawite changed from an initial fractionation of
�+1.2& to �+0.3& after 30 days, and they inferred that
isotopic exchange was kinetically restricted at low tempera-
tures. In a subsequent study, using the three-isotope meth-
od (e.g., Matsuhisa et al., 1978; Beard et al., 2010),
Guilbaud et al. (2011b) determined the equilibrium frac-
tionation factor between Fe2þ

aq and mackinawite to be
�0.33 ± 0.12& at 25 �C and pH 4. That the results of But-
ler et al. (2005) and Guilbaud et al. (2010) were far from
equilibrium demonstrates that the three-isotope method
provides a more rigorous assessment of isotopic exchange
kinetics and extent of isotopic exchange than use of natural
isotopic compositions. Moreover, the three-isotope method
allows extrapolation of systems that underwent partial iso-
topic exchange to 100% exchange to infer equilibrium frac-
tionation factors.

In this contribution, we apply the three-isotope method
to the system Fe2þ

aq –FeSaq–mackinawite, extending the re-
sults of Butler et al. (2005) and Guilbaud et al. (2011b) in
several key areas. First, experiments in the current study
were run at pH 4, 6, 7, and 8, a range of pH significantly
higher than the pH 4 experiments of Butler et al. (2005)
and Guilbaud et al. (2011b). The higher pH is more appro-
priate to marine environments, particularly in systems
where bacterial sulfate reduction occurs, which produces
alkalinity. The effects of pH on particle coarsening
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(coarsening here defined as a combination of particle ripen-
ing and aggregation) were also investigated under these
experimental conditions to test the hypothesis by Guilbaud
et al. (2010) that the rate of particle coarsening affects rates
of isotopic exchange. Second, we explore the isotopic frac-
tionation between hexaquo Fe2+ (represented as Fe2þ

aq ) and
FeSaq through varying sulfide contents and hence aqueous
speciation, where speciation was monitored using voltam-
metry. Guilbaud et al. (2011b) proposed that the major
fractionation between aqueous Fe and mackinawite occurs
between hexaquo Fe2+ and FeSaq and predicted that the Fe
isotope fractionation between FeSaq and mackinawite
would be insignificant, and the variations we explored in
aqueous Fe speciation test this prediction. Third, we used
dialysis membranes to attain complete separation of aque-
ous Fe and nanoparticulate mackinawite. Ohfuji and Ric-
kard (2006) noted that the first condensed phases of
mackinawite are tabular particles 2–6 nm thick by 3–
11 nm long, and even with significant particle aggregation,
some of these particles may pass through laboratory filters.
Effective separation of aqueous Fe and nanoparticles of
mackinawite is especially important when using enriched
isotope tracers because cross-contamination would produce
larger apparent amounts of isotopic exchange. We conclude
this contribution by comparing the experimental results to
Fe isotope variations in natural environments where Fe–S
cycling occurs.

2. MATERIALS AND METHODS

2.1. Experimental designs

Experiments investigating isotopic exchange kinetics
and equilibrium fractionations between mackinawite and
Fe2þ

aq or FeSaq (Experiments 3-2 to 3-6, Table 1) were car-
ried out using dialysis membranes at the University of Ver-
mont. Initial experiments (Experimental sets 1 and 2,
Supplementary Table S1) determined the most efficient
membrane size, solution ionic strength, and proportions
of Fe species required to ensure fast diffusion of Fe2þ

aq , FeS-

aq, H2S, and HS� across the membrane, yet maintain com-
plete retention of nanoparticulate mackinawite inside the
membrane. Isotopic exchange experiments using dialysis
membranes (Experiments 3-2 to 3-6) used a solution inter-
nal to the membrane container that contained a suspension
of 57Fe-enriched mackinawite (FeSmack) and a solution
external to the membrane that contained isotopically “nor-
mal” Fe2þ

aq , with or without additional sulfide. In both the
internal and external solutions a 10 mM PIPES buffer was
used to maintain pH, and 0.1 M KBr was added to provide
ionic strength to facilitate isotopic exchange, as demon-
strated by the dialysis membrane tests of Experiment sets
1 and 2 (see details in Supplementary Information). The
57Fe-enriched mackinawite was synthesized by mixing equi-
molar quantities of 57Fe-enriched Fe2þ

aq and sulfide. Stock
solutions of Fe3+ were first prepared by dissolving a mix-
ture of 57Fe-enriched oxide (Oak Ridge National Lab)
and isotopically “normal” Fe2O3 in hot HCl for several
days. Fe2þ

aq solutions were produced by addition of excess
sodium sulfite at pH <2 (reducing Fe3þ

aq to Fe2þ
aq ), followed
by titration of NaOH to desired pH values. Sulfide solu-
tions were prepared fresh for each experiment from sodium
sulfide nonahydrate salts washed under O2-free 18 MX
water, dried, weighed, and dissolved in O2-free 18 MX
water. All preparations and experiments were done inside
an anaerobic chamber (Coy Products). The mackinawite
slurry was stirred to maintain as homogeneous a suspension
as possible before aliquots of the slurry were added to indi-
vidual experimental reactors. 10 ml of the internal macki-
nawite slurry was added to a float-a-lyzer, sealed with a
screw cap, and suspended in 100 ml of the external solution
in a 120 ml glass tube that was then sealed with a rubber
septum. Separate reactors were prepared to allow sampling
at different time points of each experiment; as such, slightly
different molar proportions of isotopically “enriched” and
“normal” Fe were added, but this was accounted for, as de-
scribed in Section 2.4 below.

Experimental set 3-1 (Table 1) was done at the Univer-
sity of Wisconsin-Madison without a dialysis membrane,
following the experimental configuration used by Guil-
baud et al. (2011b), but at pH 7, in contrast to the pH
4 conditions used by Guilbaud et al. (2011b). Two subsets
of isotopic exchange experiments were conducted without
a dialysis membrane: (1) isotopically “normal”
Fe2þ

aq + 57Fe-enriched mackinawite (duplicate Experiments
3-1a and 3-1b), and (2) a reversal, using 57Fe-enriched
Fe2þ

aq + “normal” mackinawite (duplicate Experiments 3-
1c and 3-1d). Experiments were carried out in separate
10 ml serum glass bottles with 10 ml of a solution that
contained 10 mM anoxic PIPES buffer and 0.1 M KBr,
and a final pH adjusted to 7. A stock solution of ferrous
Fe that had a “normal” isotopic composition was pre-
pared by dissolving FeCl2�4H2O in 0.5 M HCl in an
anaerobic chamber. A 57Fe-enriched ferrous stock solution
was prepared by first dissolving pure 57Fe metal (Chem-
gas) in HCl and then mixing with isotopically “normal”
ferrous solution to attain a d57Fe value of �100&. This
level of enrichment is sufficient to provide precise esti-
mates of the extent of isotopic exchange. A stock solution
of mackinawite was prepared by mixing equal molar
quantities of either “normal” or 57Fe-enriched Fe2þ

aq and
sulfide, followed by filtration and resuspending in water.
The experiments were initiated by addition of FeCl2 and
mackinawite from their stock solutions. Sampling was
done by filtering mackinawite particles with a 0.22 lm size
filter paper inside the anaerobic chamber at different time
points, which is identical to the approach used by Guil-
baud et al. (2011b).

A final set of experiments (Experiment set 4, Table 1) was
based on synthesis experiments conducted by Butler
et al. (2005), where FeSmack was precipitated by mixing an
Fe2þ

aq solution (prepared from Mohr’s salt, (NH4)2Fe
(SO4)2�6H2O) and sulfide solution at a 10:1 Fe:S ratio. The
original experiments of Butler et al. (2005) were carried out
at pH 4, using 50 mM Fe2þ

aq and 5 mM HS� over one week.
Follow-up experiments were run for one month at pH 4 by
Guilbaud et al. (2010). We expanded the synthesis experi-
ments to 6 weeks of reaction time and added additional
experiments at pH 7 and 8. For these experiments, the
suspension was filtered through a 0.22 lm filter to separate



Table 1
Comparison of experimental conditions in this study and previous work investigating Fe isotope fractionation between Fe2+ and
mackinawite.

Experiments Isotopic tracer Dialysis
membrane

pH Duration
(days)

Temp
(�C)

Fe
(lM)

Na2S
(lM)

References

Isotopic exchange experiments
56Fe-enriched mackinawite No 4 32 2 50,000 0 Guilbaud et al. (2011)
56Fe-enriched mackinawite No 4 120 25 50,000 0 Guilbaud et al. (2011)

3-1a and 3-1b 57Fe-enriched mackinawite No 7 23 20 100 0 This study
3-1c and 3-1d 57Fe-enriched Fe2þ

aq No 7 23 20 100 0 This study
3-2 57Fe-enriched mackinawite Yes 7 23 20 50 50 This study
3-3 57Fe-enriched mackinawite Yes 7 24 35 100 0 This study
3-4 57Fe-enriched mackinawite Yes 7 12 35 50 50 This study
3-5 57Fe-enriched mackinawite Yes 8 27 20 100 0 This study
3-6 57Fe-enriched mackinawite Yes 6 24 20 100 0 This study

Synthesis experiments

No No 4 7 20 50,000 5000 Butler et al. (2005)
No No 4 0 2 50,000 5000 Butler et al. (2005)
No No 4 0 10 50,000 5000 Butler et al. (2005)
No No 4 0 40 50,000 5000 Butler et al. (2005)
No No 4 27 25 50,000 5000 Guilbaud et al. (2010)
No No 4 30 2 50,000 5000 Guilbaud et al. (2010)

4-1 and 4-2b and 4-
1b F1

No No 7 38 20 50,000 5000 This study

4-1b F2a No No 7 23 20 50,000 5000 This study
4-1c and 4-2 No No 4 38 20 50,000 5000 This study
4-3 No No 8 23 20 50,000 5000 This study
4-4 No No 7 19 20 5000 500 This study
4-5 No No 8 19 20 5000 500 This study

a All samples in this study were filtered through a 0.22 lm filter except Experiment 4-1b F2 where a 0.025 lm filter was used. Separate
reactors were prepared for each time point.
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the mackinawite from the solution. A replicate experimental
set was also done by filtering the slurry through a 0.025 lm
filter to separate the mackinawite from solution.

2.2. Fe phase separation and wet chemical analysis

Solutions from each of the experiments were analyzed to
determine the iron and sulfur speciation by a combination
of in situ solid state Au-amalgam voltammetry, dropping
mercury electrode (DME) polarography, colorimetry,
inductively coupled plasma optical emission spectroscopy
(ICP-OES), and pH measurements. In situ voltammetry
was done by passing a set of connector wires through a
sealed access plug on the anaerobic chamber, allowing elec-
trodes to be used inside the chamber but controlled outside
the chamber by an Analytical Instrument Systems DLK-60
potentiostat and computer controller (see details in Supple-
mentary Information). Solid samples of Fe–S materials
were collected by either filtration (for X-ray Diffraction
analysis) or by subsampling the experiment slurry (for Ra-
man and dynamic laser particle scattering analysis) inside
the anaerobic chamber and analyzed immediately (see de-
tails in Supplementary Information).

2.3. Fe isotope measurement and nomenclature

Prior to isotopic analysis, all samples were purified using
anion-exchange chromatography, following the methods of
Beard et al. (2003). Iron isotope analyses were performed
on separated aqueous Fe (of mixed Fe2þ

aq and FeSaq species)
and mackinawite phases using a multi-collector, inductively
coupled plasma mass spectrometer (MC-ICP-MS, UW-
Madison, WI) following established protocols (Beard
et al., 2010). A fast-washout spray chamber and a decreased
potential difference between extraction and skimmer cones
were employed to avoid memory effects.

Iron isotope compositions are described using standard
d notation, in units of per mil (&):

d56Fe ¼
56Fe=54Fesample

56Fe=54Festd

� 1

� �
� 103 ð1Þ

and

d57=56Fe ¼
57Fe=56Fesample

57Fe=56Festd

� 1

� �
� 103 ð2Þ

where the 56Fe/54Festd and 57Fe/56Festd are the average of
igneous rocks (Beard et al., 2003). The isotopic fraction-
ation between two phases A and B is defined as

a56
A-B ¼

56Fe=54FeA

56Fe=54FeB

ð3Þ

following standard practice. To a very good approxima-
tion, a56

A-B may be related to differences in the d56Fe values
through the relation:

D56FeA-B ¼ d56FeA � d56FeB � 103lna56
A-B ð4Þ

The extent of isotopic exchange is best monitored using
the 57Fe/56Fe ratios because an enriched-57Fe tracer was
used.
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The measured Fe isotope composition of the IRMM-
014 Fe isotope standard was d56Fe = �0.10 ± 0.03& and
d57/56Fe = �0.03 ± 0.06& (average and 1-standard devia-
tion of 22 analyses), on the igneous rock scale. Based on
replicate analyses of standards and samples processed
through the entire analytical procedure, both the d56Fe
and d57/56Fe values are accurate and precise to 0.05&

(1r, n = 85) using the fast-washout spray chamber.

2.4. Calculation of fraction of isotopic exchange (F)

The extent of isotopic exchange (F) towards 100% ex-
change is calculated by:

F ¼ d� di

de � di
ð5Þ

where d is the isotope composition at any time, di is the iso-
tope composition of the starting material, and de is the equi-
librium isotope composition calculated from the mass
balance of each reactor. Although de is difficult to estimate
for exchange experiments involving “normal” isotopic com-
positions, it is accurately calculated for enriched isotope
tracer experiments, such as those used here and by Guil-
baud et al. (2011b). The mass balance of the system was
constrained within 13% error for all the exchange experi-
ments (Supplementary Tables S1 and S2). The isotopic
composition of the starting mackinawite (Supplementary
Table S2) was directly measured for Experiment 3-1 series
where no dialysis membrane was used. For experiments
where a dialysis membrane was used (3-2 to 3-6), the start-
ing composition of mackinawite was calculated using the
average mass balance of different reactors for each experi-
ment and the isotopic composition of the aqueous compo-
nent, which is assumed to be constant in all the experiments
and equal to that used in the preliminary experiments
(Experiment sets 1 and 2, Supplementary Table S1). This
assumption is supported by the almost identical isotopic
compositions for the aqueous component within analytical
errors in the preliminary experiments (Supplementary
Table S1). The large errors in d57/56Fe values of the starting
mackinawite reflect variations of mass balance in the system
and the difficulty in homogenizing the mackinawite slurry
when added to individual reactors. Importantly, calculation
of F using either the aqueous component or mackinawite
agreed within 10% except for a few early time points (see
Supplementary Table S2). It is important to highlight that
we obtained good agreement in the calculation of F using
either solid or aqueous components, which provides an
independent check on mass balance, as well as any issues
of solid-sample separation. The coincidence of these results
indicates that the uncertainty in the d57/56Fe values for the
initial mackinawite impart only a small uncertainty in the
calculated amount of isotopic exchange.

2.5. Optimal experimental conditions for use of dialysis

membranes for separation of nanoparticles

Use of dialysis membranes for separation of nanoparti-
cles is a promising approach for studies of fluid–mineral
interactions, suitable for study of solubility or exchange
properties where physical separation of solids from liquids
is needed, but difficult due to very small particle size. Con-
sidering the small particle size of mackinawite, our initial
concern was that filtration methods used in previous studies
(Butler et al., 2005; Guilbaud et al., 2010; Guilbaud et al.,
2011b) may not have been sufficient for separating the solid
from the aqueous phase. In order to evaluate the possibility
that incomplete solid–liquid separation may cause artifi-
cially high fractions of exchange (F) to be calculated, and
thus a smaller estimated equilibrium fractionation factor,
we conducted experiments using dialysis membranes of dif-
ferent porosity to fully separate aqueous and solid compo-
nents. This new approach, however, poses significant
technical challenges, in terms of attaining adequate trans-
port of soluble species across the membrane while still sep-
arating nanoparticulate mackinawite from aqueous Fe.
Enriched 57Fe-tracer experiments were done in the absence
of solid materials, and these showed that isotopic exchange
between aqueous Fe2+ inside and outside of the membrane
was much faster in 0.1 M KBr solution than that in 0.1 M
KCl solution (56% exchange after 17 h versus 5% exchange
after 26 h, see Experiments 1-6 and 1-6b in Supplementary
Table S1). Similarly fast rates were observed when both
Fe2+ and HS- were present, under conditions where FeHS+

was the dominant form of aqueous Fe (see Section 3.1. for
speciation information), in 0.1 M KBr solution (57% ex-
change after 24 h, Experiment 1-8). Increasing the mem-
brane size from 5 K Dalton to 15 K Dalton increased the
exchange rate for Fe2+ across the membrane to 32% after
46 h in 0.1 M KCl solution (Experiment 2-1b), and close
to 100% exchange occurred after 48 h in 0.1 M KBr solu-
tion (Experiments 2-2c and 2-10). Complete exchange was
also achieved for both Fe2+ and HS- across the membrane
after 48 h when using a 15 K Dalton membrane and 0.1 M
KBr solution (Experiment 2-3c).

Membrane exchange experiments were also done with
mackinawite inside the membrane to reproduce experimen-
tal conditions in the mackinawite exchange experiments.
These experiments were not designed to measure equilib-
rium fractionation between aqueous Fe and mackinawite
but to determine isotopic transport rates of aqueous species
across the membranes in the presence of mackinawite. The
major proportion of total iron was 57Fe-enriched macki-
nawite in these systems compared with approximately equal
mass proportion of aqueous Fe and mackinawite in later
exchange experiments. This set of experiments also varied
the ratio of the volume inside the membrane to the volume
outside the membrane, using ratios of 1:10 and 1:20. In
addition to use of a 15 K Dalton membrane, 100 K Dalton
membranes were tested. Using a 15 K Dalton membrane
and 0.1 M KBr solution produced 67% exchange after
48 h when the volume ratio of the dialysis membrane versus
the containing glass vessel was 1:10 (Experiment 2-4c), and
81% exchange after 48 h when the volume ratio was 1:20
(Experiment 2-5c). Increasing the membrane size to 100 K
Dalton did not significantly increase the exchange rate be-
tween mackinawite and aqueous Fe (Experiment 2-5), and
this suggests that effective aqueous species size was much
smaller than 100 K Dalton. In summary, use of a 15 K Dal-
ton membrane and 0.1 M KBr solution, which we speculate
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minimizes charge buildup on the membrane surface, seemed
to maximize the transport of aqueous Fe2+ and FeSaq

across the membrane. Aqueous Fe and S species are in-
ferred to diffuse more slowly through the 5 K Dalton mem-
brane pores, and faster through the 15 K Dalton membrane
pores. Although the exchange across the membrane re-
quired 48 h to reach 100% isotopic equilibrium, over the
timescales and exchange extent of the experiments by Guil-
baud et al. (2011b), as well as our experiments discussed be-
low, trans-membrane exchange rates are several orders-of-
magnitude faster than exchange between nanoparticulate
mackinawite and aqueous Fe.

3. RESULTS

3.1. Aqueous Fe and S speciation

Two experimental sets (set 3 and 4) utilized different con-
centration ranges of iron and sulfide, as well as different Fe:S
ratios and pH values, to probe possible control of iron and
sulfur speciation on the Fe isotope fractionations. These
changes also produced differences in particle aggregation
rates, which in turn could affect isotopic exchange rates. All
experiments maintained equivalent amounts of Fe2þ

aq and
FeSaq over the experimental duration, although it is possible
that there were changes in the specific molecular size and
structure of FeSaq. Such changes potentially would have af-
fected transport across the membrane or isotopic fraction-
ation if they imparted significant changes in Fe bonding. It
is not possible, however, to quantify such changes.

Experiment set 3 (Supplementary Table S2) investigated
lower concentration ranges of iron (100 lM Fe2+ only). A
subset of these experiments used 50 lM Fe2+ and 50 lM
HS- to form a metastable FeSaq solution. Aqueous specia-
tion was monitored using voltammetry (see Fig. 1 for a rep-
resentative analysis), and these measurements indicated
that the predominant species in the Fe-only experiments
(3-1, 3-3, 3-5, 3-6) was FeðH2OÞ2þ6 . For experiments with
iron and sulfide added, the proportion of FeSaq species in-
Fig. 1. Representative voltammograms for Experiment sets 3 and 4. Far l
much larger range and the potential shifts more negatively for the Fe2+
creased significantly (Experiments 3-2, 3-4). The FeSaq clus-
ter has a more positive potential than Fe2þ

aq , and the shift in
the cathodic voltammogram obtained using 100 lM Fe2+,
relative to 50 lM Fe2+ and 50 lM HS-, indicates a change
in major iron speciation towards the aqueous FeS cluster
(FeSaq). It is important to note that we cannot quantify
the exact amount of FeSaq in these solutions by voltamme-
try, because there is no calibration of voltammetry based on
the specific sizes of aqueous FeS clusters. The voltammetry
results, however, demonstrate that we achieved significant
differences in the proportions of FeðH2OÞ2þ6 and FeSaq over
the range of our experimental conditions.

Experiment set 4 investigated conditions similar to those
used by Butler et al. (2005), which is fundamentally a mack-
inawite synthesis experiment rather than an isotopic ex-
change experiment, although our experiments were run at
pH 7 in addition to the pH 4 conditions used by Butler
et al. (2005). Two mixtures of Fe and S were used, one at
50 mM Fe2+ and 5 mM HS�, and one at 5 mM Fe2+ and
0.5 mM HS� (Supplementary Table S3). Aqueous specia-
tion determined by voltammetry indicates that the predom-
inant iron species was FeðH2OÞ2þ6 under these conditions.
At pH 4 (as in Butler et al., 2005) there is no definable FeSaq

moiety, but in our experiments at pH 7 there is significant
FeSaq in solution. It is important to note that in none of
these experiments was ‘free’ sulfide present. The voltammet-
ric methods used for analysis have a detection limit for
“free” sulfide in the nanomolar range (Glazer et al., 2006).

Thermodynamic modeling was done using Geochemist’s
Workbench program 6.0 and an adjusted minteq database
with additional data for mackinawite and FeSaq data from
Benning et al. (2000) and Rickard et al. (2006), respectively.
Three representative fluid compositions in equilibrium with
mackinawite for the experiments conducted were speciated
across the range of pH values tested (Fig. 2A–C). Modeling
of solution compositions indicates that in the Fe-only (no
added sulfide) experiments (3-1, 3-5, 3-6, see Fig. 2A), the
predominant form of aqueous iron was FeðH2OÞ2þ6 , and
FeSaq was four orders-of-magnitude lower. For the
eft y axis is scale for Experiment set 4; note that the current spans a
peak with higher concentration of Fe2+ for Experiment set 4.



Exp 3-1,3-5,3-6

Exp 3-2

Exp 4

Fig. 2. Calculated speciation of iron and sulfur over the ranges of
pH conditions for Experiment sets 3 and 4. This corresponds to
100 lM Fe in equilibrium with mackinawite (Experiments 3-1, 3-5,
3-6, Panel A), 50 lM Fe + 50 lM S (Experiment 3-2, Panel B), and
50 mM Fe + 5 mM S (Experiment 4, Panel C). Speciation calcu-
lations done with Geochemist’s Workbench v. 6.0 using a modified
minteq database, and additional data on FeSaq and mackinawite
added from Rickard et al. (2006) and Benning et al. (2000),
respectively.
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experiments with 50 lM Fe2+ and 50 lM HS� (Experiment
3-2, see Fig. 2B) FeHS+ becomes the dominant species with
increasing pH, followed by an increasing proportion of
FeSaq. For Experiment set 4 (50 mM Fe2+ and 5 mM
H2S; Fig. 2C), the major aqueous species was FeðH2OÞ2þ6
across all pH values. The molar proportion of different
aqueous Fe species for Experiment 3-1 at pH 7 is 99.6%
FeðH2OÞ2þ6 , 0.29% FeOH+, 0.09% FeHS+ and 0.01% FeSaq.

For Experiment 3-2, where equal molarity of HS- and Fe2+

were used, the proportions were 63.2% FeHS+, 28.2%
FeðH2OÞ2þ6 , 8.52% FeSaq, and 0.08 FeOH+. FeHS+ does
not interact as a separate moiety at the electrode surface
(Luther and Ferdelman, 1993; Luther et al., 1996), and vol-
tammetric measurements of the Fe2þ

aq , H2S, and HS- present
in these solutions were largely consistent with these calcula-
tions. FeSaq is observed voltammetrically at pH lower than
what the speciation calculations suggests, consistent with
observations in other circumneutral pH environments
(Theberge and Luther, 1997; Luther et al., 2003; Druschel
et al., 2008). It is important to note that the presence of
0.1 M KBr in the solutions, which was added to increase
transport across the dialysis membranes, does not signifi-
cantly affect the Fe speciation in the experiments as inferred
from our thermodynamic calculations.

3.2. Solid phase characterization

X-ray diffraction data were obtained on all precipitated
Fe–S materials, and these data indicate that under all condi-
tions the Fe–S solids that were produced were comprised
of at least 90% mackinawite, with minor amounts of smyth-
ite (a slightly iron-deficient Fe–S mineral). Samples analyzed
immediately after collection in the anaerobic chamber
showed no detectable amounts of oxidized iron materials,
and no degree of pyritization to form greigite or pyrite.

The size of the mackinawite particulates (here defined as
either single crystals or aggregates of crystals; the dynamic
light scattering techniques utilized do not distinguish be-
tween the two) was affected by changing pH and Fe:S ratios
of the starting solutions. Particulate size changes (or coarsen-
ing, here defined as including both individual particle size and
particle aggregate size changes) were fastest for lower pH and
higher Fe:S ratio systems (Fig. 3). For Experiment set 3, the
pH and Fe:S ratios employed would have experienced rela-
tively slow particle coarsening. Conversely, under the exper-
imental conditions of Experiment set 4, especially those at pH
4 that were intended to mimic conditions used by Butler et al.
(2005), rapid particle coarsening occurred (Fig. 3).

This in turn indicates that the mackinawite particulates
likely contained a rapidly coarsening non-exchanging core
that hindered further isotopic exchange between aqueous
Fe2+ and mackinawite over time (Guilbaud et al., 2010).
As will be discussed below, the inhibited isotopic exchange
was clearly demonstrated by slower exchange in synthesis
experiments at pH 4 as compared with that at pH 7.

3.3. Equilibrium fractionation factors between aqueous Fe

and mackinawite

The isotope exchange kinetics discussed in Section 2.5
indicate that the long-term extents of exchange for experi-
ments that used dialysis membranes are likely to be accu-
rate given the rapid exchange across the membranes.
Moreover, the long-term extents of exchange in experi-
ments that did not use dialysis membranes are also likely
to be accurate, because coarsening allowed efficient solid–
liquid separation even without a dialysis membrane, as
discussed in Section 3.2. Therefore, the equilibrium Fe



Fig. 3. Results of particle size experiments investigating the role of
pH (6–8) and Fe:S ratio (1:10, 1:1, 10:1) on the kinetics of
mackinawite aggregation.
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isotope fractionation factors between aqueous Fe and
mackinawite may be estimated by extrapolating the
changes in d56Fe values over various extents of partial ex-
change, as calculated from the d57/56Fe values, to 100% ex-
change. We note that plotting the data relative to the
fraction exchanged, rather than a 56Fe/54Fe–57Fe/54Fe plot,
as would typically be used with the three isotope method,
small differences in bulk isotopic compositions of the vari-
ous reactors may be accommodated; small differences in
mass balances in the individual reactors would add scatter
to a 56Fe/54Fe–57Fe/54Fe plot, decreasing the accuracy of
extrapolating to 100% exchange. As noted in Section 2.3,
we obtained good agreement between F calculated using
aqueous or solid phases, which provides an internal check
on the robustness of mass balance, confirming the confi-
dence with which F may be used in extrapolating to 100%
exchange.

Estimates for the equilibrium Fe isotope fractionation
factors for experiments that only contained Fe2þ

aq (no added
sulfide) are illustrated in Fig. 4. In all of the experiments
shown in Fig. 4, >99.6% of the aqueous Fe existed as
FeðH2OÞ2þ6 based on thermodynamic calculations using
Geochemists’ Workbench, which is consistent with ob-
served iron and sulfur speciation by voltammetry in these
experiments. The weighted average fractionation deter-
mined in Experiments 3-1a and 3-1b, which did not involve
dialysis membranes, produced a D56FeFe(II)-mackinawite frac-
tionation of �0.21 ± 0.18&; the weighted average of all
four experiments (3-1a, 3-1b, 3-1c, and 3-1d) produced
D56FeFe(II)-mackinawite fractionation of �0.32 ± 0.29&

(Table 2). This fractionation is the same, within error at
pH 7 and 35 �C (Experiment 3-3; D56FeFe(II)-mackinawite =
�0.43 ± 0.26&), pH 8 and 20 �C (Experiment 3-5;
D56FeFe(II)-mackinawite = �0.32 ± 0.09&), and pH 6 and
20 �C (Experiment 3-6; D56FeFe(II)-mackinawite = �0.36 ±
0.07&). These results suggest that where aqueous Fe is
dominated by FeðH2OÞ2þ6 , there is little effect of tempera-
ture and pH on the isotopic fractionation over the range
explored in the current study.

In contrast, when free sulfide was added, the
D56FeFe(II)–mackinawite fractionation increased in magni-
tude (Fig. 5). At pH 7 and 20 �C (Experiment 3-2),
D56FeFe(II)–mackinawite = �0.64 ± 0.36&, and at pH 7 and
35 �C (Experiment 3-4), D56FeFe(II)–mackinawite = �0.67 ±
0.23&. Theses results suggest a measureable isotopic effect
from added sulfide, but minimal temperature dependence
over the range studied. The speciation changes upon addition
of sulfide include a decrease in FeðH2OÞ2þ6 and increase in
FeHS+ (from 0.09% to 63.2%), as well as an increase in FeSaq

(from 0.01% to 8.52%), based on thermodynamic calcula-
tions using Geochemists’ Workbench, and this is consistent
with observed iron and sulfur speciation by voltammetry in
these experiments.

3.4. Temporal changes of apparent fractionation factors in

FeS synthesis experiments influenced by particulate size

Synthesis experiments that were performed using Na2S
addition and isotopically “normal” Fe2+ (Experiment set
4, Table 1) show that the d56Fe values of aqueous Fe de-
creased with time and the d56Fe of the precipitated macki-
nawite increased with time under various pH conditions
and initial Fe:S molar ratios (Supplementary Figure S2,
Table S3). Such effects were initially observed by Butler
et al. (2005). In order to test whether 0.22 lm filters were
sufficient to separate mackinawite from the aqueous phase,
the remaining supernatant was further filtered through a
0.025 lm filter paper. The results showed almost identical
d56Fe values within analytical errors for aqueous and solid
phases (see Experiment 4-1b F2 in Table S3), demonstrat-
ing that a 0.22 lm filter is sufficient to separate mackinawite
and aqueous components in our experiments due to the ten-
dency for mackinawite to aggregate. Efficient separation of
mackinawite at these conditions is also consistent with our
experiments showing particulate sizes increasing most rap-
idly at both lower pH and higher Fe:S ratio (Fig. 3). As
we discuss below, these temporal changes in the synthesis
experiments are interpreted to reflect isotopic re-equilibra-
tion after an initial kinetic isotope fractionation that was
produced during precipitation.
4. DISCUSSION

4.1. Comparison with previous experiments

We infer the equilibrium fractionation factors via
extrapolation to 100% exchange, a standard approach used
with the three-isotope method. As we have noted in our
previous work on Fe isotope fractionation factors using
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aq (no
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1b). (B) Experiment at pH 7, 35 �C (Experiment 3-3). (C) Experiment at pH 8, 20 �C (Experiment 3-5). (D) Experiment at pH 6, 20 �C
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Table 2
Extrapolated Fe isotope composition of aqueous Fe2+ and mackinawite at equilibrium.

Experimenta Starting materials Temp pH Aqueous Mackinawite D56FeFe(II)–Mack

Outside membrane d56Fe error d56Fe error 2r
(�C) (&) (&) (&) (&) (&) (&)

3-1a “normal” Fe2++“spiked” mackinawite 20 7 �0.60 0.04 �0.38 0.04 �0.22 0.11
3-1b “normal” Fe2++“spiked” mackinawite 20 7 �0.60 0.07 �0.33 0.11 �0.28 0.25
3-1c “spiked” Fe2++“normal” mackinawite 20 7 �0.57 0.08 0.02 0.02 �0.59 0.16
3-1d “spiked” Fe2++“normal” mackinawite 20 7 �0.79 0.05 �0.63 0.20 �0.16 0.40
3-1 Weighted average 20 7 – – – – �0.32 0.29
3-2 “normal” Fe2++HS- 20 7 �0.19 0.12 0.45 0.14 �0.64 0.36
3-3 “normal” Fe2+ 35 7 �0.11 0.03 0.32 0.13 �0.43 0.26
3-4 “normal” Fe2++HS- 35 7 �0.10 0.11 0.56 0.04 �0.67 0.23
3-5 “normal” Fe2+ 20 8 �0.19 0.03 0.13 0.04 �0.32 0.09
3-6 “normal” Fe2+ 20 6 �0.12 0.03 0.24 0.03 �0.36 0.07

a Experiments 3-1 series were carried out without dialysis membrane. About equal concentrations of aqueous Fe2+ and mackinawite were
mixed together and sampling was done by filtering suspension using 0.22 lm filter paper to separate mackinawite from aqueous Fe2+.
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the three-isotope method (e. g., Beard et al., 2010; Li et al.,
2011; Wu et al., 2011, 2012), 100% exchange may not reflect
true isotopic equilibrium, but if the exchange mechanism
approaches equilibrium conditions, 100% exchange likely
reflects the equilibrium fractionation factor. Our results
for both equilibrium exchange experiments and FeS precip-
itation experiments are broadly consistent with those deter-
mined in previous studies, although some important
distinctions exist. The equilibrium 56Fe/54Fe fractionation
factor between FeðH2OÞ2þ6 and mackinawite of
�0.36 ± 0.07& at pH 6 and 20 �C (Fig. 4D) is close to that
of �0.33 ± 0.12& determined at pH 4 and 25 �C by
Guilbaud et al. (2011b), and this lies within error of the
results we obtained at 20 �C for both pH 7 (Fig. 4A) and
8 (Fig. 4C). Guilbaud et al. (2011b) also employed a
three-isotope method to determine equilibrium fraction-
ation factors between Fe2þ

aq and mackinawite. Guilbaud
et al. (2011b) speculated that their fractionation factors ob-
tained at pH 4 would apply to neutral to alkaline pH, and
our results confirm this prediction. The similarity in equilib-
rium fractionation factors determined with and without
dialysis membranes suggests that these methods are compa-
rable to each other, and the likely explanation is that rapid
coarsening of mackinawite particulates allows sufficient
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separation of aqueous phase from the solid phase by con-
ventional filtration methods.

In contrast, however, the current study highlights a
more important role in aqueous Fe–S speciation in the
equilibrium Fe isotope fractionation factor than recognized
in previous studies. Our results show that increases in the
proportion of FeHS+ and FeSaq relative to FeðH2OÞ2þ6 de-
creases the equilibrium aqueous Fe-mackinawite 56Fe/54Fe
fractionation factor at room temperature by �0.3&. This
in turn suggests that the equilibrium fractionation factor
between FeHS+ (and/or FeSaq) and mackinawite is more
negative that that between FeðH2OÞ2þ6 and mackinawite.

Between 20 and 35 �C, there is little change in the aque-
ous Fe–mackinawite fractionation factor. For the non-sul-
fide bearing experiments, the D56FeFe(II)–mackinawite

fractionation remains essentially unchanged at
�0.43 ± 0.26& when temperature changed from 20 �C to
35 �C. In addition, the fractionation factor between aqueous
Fe and mackinawite in the presence of HS- does not change
(�0.67 ± 0.23&) with increasing temperature (Fig. 5).
Small, but significant changes in the equilibrium aqueous
Fe-mackinawite fractionations were noted by Guilbaud
et al. (2011b), who measured a D56FeFe(II)-mackinawite frac-
tionation of �0.52 ± 0.16& at 2 �C and �0.33 ± 0.12& at
25 �C, where FeðH2OÞ2þ6 was the dominant aqueous species.
Overall, the aqueous Fe-mackinawite fractionation is rela-
tively insensitive to temperature, which in part simply re-
flects the small magnitude of these fractionation factors at
low temperature.

Turning to the mackinawite synthesis experiments, in
Fig. 6 we compare the results obtained in the current study
to those of Butler et al. (2005) and Guilbaud et al. (2010),
which were obtained at pH 4. Butler et al. (2005) inter-
preted their FeS precipitation experiments to record kinetic
effects. They investigated the effects of aging the solution at
20 �C, and over time, the aqueous Fe-mackinawite fraction-
ation decreased (Fig. 6), reflecting isotopic exchange be-
tween fluid and mineral. Guilbaud et al. (2010) extended
the experiments to �30 days, and their last time point pro-
duced a positive D56FeFe(II)–mackinawite fractionation factor.
Based on the equilibrium D56FeFe(II)–mackinawite fraction-
ation factor determined in the current study and by Guil-
baud et al. (2011b), it is clear that the last time points in
the FeS precipitation experiments of Butler et al. (2005)
and Guilbaud et al. (2010) were far from equilibrium. Guil-
baud et al. (2010) investigated nanoparticle size changes as
related to their experiments, and together with the work of
Wolthers et al. (2003), showed nanoparticle ripening was
fairly limited and not different between pH 4 and 7. Ohfuji
and Rickard (2006) have noted mackinawite aggregation is
rapid and significant. We have combined these observations
and showed that coarsening (including both ripening and
aggregation) is dependent on pH and Fe:S ratio – if nano-
particles are not ripening significantly, the observation of
micron-scale particulates must therefore reflect aggregates
of nanoparticles, similar to what has been shown by Mor-
eau et al. (2004) and Gilbert et al. (2003) for ZnS particles.
Gilbert et al. (2003) additionally note that aggregation can
affect transport of potential adsorbates within aggregates.
Rapid particle aggregation of mackinawite nanoparticles
may therefore result in an aggregate of nanoparticles con-
taining an inner core of nanoparticles isolated from isotopic
exchange with the bulk fluid. In summary, we interpret the
results of Butler et al. (2005) and Guilbaud et al., 2010 to
reflect the high degree of aggregation that mackinawite
undergoes at low pH or high Fe:S ratios, which in turn lim-
its isotopic equilibration. In contrast, the FeS precipitation
experiments obtained in the current study that were run at
neutral pH reached the equilibrium aqueous Fe-mackinaw-
ite fractionation factor after 38 days (Fig. 6), indicating
more extensive isotopic equilibration following precipita-
tion. This directly reflects the lower rate of aggregation
(Fig. 3) by mackinawite at neutral pH, as discussed above.
These results suggest that mackinawite that formed in nat-
ural environments at near-neutral pH is unlikely to retain
kinetic isotope fractionations, contrary to the arguments
of Guilbaud et al. (2011a, 2011b), but is more likely to
reflect equilibrium isotope compositions. Moreover, the
results of our precipitation experiments confirm our infer-
ence that the equilibrium Fe2þ

aq -mackinawite fractionation
is slightly negative. Collectively, these observations indicate
that the Fe isotope compositions of mackinawite in natural
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Fig. 6. Temporal variation in the D56FeFe(II)aq–Mack fractionation
produced during precipitation of mackinawite. Experiments by
Butler et al. (2005) and Guilbaud et al. (2010) used a Fe:S molar
ratio of 50 mM:5 mM, and the pH was allowed to float to a final
pH of 4 at 25 �C. Our experiment at pH 4 was a replicate of Butler
et al. (2005)’s experiments but extended to longer times and it
shows consistent results with those of Butler et al. and Guilbaud
et al. (2010). The solid and dashed line indicates the equilibrium
fractionation factor of �0.32 ± 0.29& and �0.36 ± 0.07&

between aqueous Fe and mackinawite determined in this study at
pH 7 and pH 6, respectively. Importantly, the mackinawite
precipitation experiments done at pH 7 (this study) reached
isotopic equilibrium for the final time point, in contrast to
precipitation at pH 4 (Butler et al., 2005; Guilbaud et al., 2010),
reflecting the greater extent of isotopic exchange at neutral pH.
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systems may be different than those inferred from previous,
low-pH experiments.

4.2. Comparison of fractionations predicted from theory and

measured in experiment

Equilibrium isotope fractionation factors can be ob-
tained through calculation of the reduced partition function
ratio, or “beta factor” (b56/54) for Fe species or minerals
using ab initio or spectroscopic approaches. Under condi-
tions of equilibrium, beta factors may be combined, as with
any pathway-independent thermodynamic property. Using
a variety of b56/54 values for FeðH2OÞ2þ6 and mackinawite,
the predicted D56FeFe(II)–mackinawite fractionation at 20 �C
ranges from +2.79& using the b56/54 values for
FeðH2OÞ2þ6 and mackinawite from Rustad et al. (2010)
and Polyakov and Soultanov (2011), respectively. If the
uncertainty in the b56/54 value for mackinawite is consid-
ered, the predicted D56FeFe(II)–mackinawite fractionation at
20 �C could be as low at +1.43&. In contrast, a much lar-
ger fractionation factor is predicted if the b56/54 value based
on a DFT–PCM model for FeðH2OÞ2þ6 is used from Anbar
et al. (2005); in this case, the predicted D56FeFe(II)–mackinawite

fractionation at 20 �C is +4.89&. These predicted equilib-
rium fractionation factors are strongly inconsistent with
the experimental results of the current study or those ob-
tained by Guilbaud et al. (2011b).

Discrepancies between predicted and experimentally
determined equilibrium Fe isotope fractionation factors
have been recently discussed in the literature (Beard et al.,
2010; Rustad et al., 2010; Polyakov and Soultanov, 2011),
and the consensus for systems that do not involve sulfide
is that previously calculated b56/54 values for aqueous Fe
species have generally been too high because the effects of
extended hydration spheres were not included. Clearly,
however, the experimental results obtained here and by
Guilbaud et al. (2011b) again raise the issue of disagree-
ment between predicted and measured equilibrium Fe
isotope fractionation factors, at least in the case of sul-
fide-bearing systems. For comparison, the predicted frac-
tionation between FeðH2OÞ2þ6 and another FeS mineral,
troilite, range from +1.41 to +3.51&, calculated from the
range in b56/54 factors that have been proposed for
FeðH2OÞ2þ6 (Schauble et al., 2001; Anbar et al., 2005;
Domagal-Goldman and Kubicki 2008; Ottonello and Zucc-
olini 2009; Rustad et al., 2010), and using the b56/54 factor
for troilite published by Polyakov et al. (2007). Considering
that the structure of troilite and mackinawite is dramati-
cally different, where Fe is octahedrally coordinated by S
in troilite, but tetrahedrally coordinated in mackinawite,
the difference between the predicted fractionations for two
minerals is surprisingly small, implying that one of the cal-
culated b56/54 factors for Fe–S minerals may be wrong. We
suggest that given the evidence that the b56/54 factor for
FeðH2OÞ2þ6 published by Rustad et al. (2010) is correct
(see discussion in Beard et al., 2010), the b56/54 for macki-
nawite proposed by Polyakov and Soultanov (2011) may
be significantly more in error than estimated. Polyakov
and Soultanov (2011) acknowledge that their calculated
b56/54 value for mackinawite is based on very old spectro-
scopic data (Bertaut et al., 1965), which may have had sig-
nificantly greater uncertainties than reported. Refinement
of the b56/54 factor for mackinawite is therefore important
for future work.
4.3. Comparison of natural environments and experimental

studies

Our experimental results, as well as those of Butler et al.
(2005) and Guilbaud et al. (2010, 2011a, 2011b), provide an
interpretive context for the large range in d56Fe values mea-
sured for pyrite in modern marine sediments (Severmann
et al., 2006) and Precambrian rocks (Rouxel et al., 2005;
Yamaguchi et al., 2005; Archer and Vance 2006). It has been
suggested that two pathways may be important in pyrite
formation in natural systems, the polysulfide and H2S
pathways. Both pathways involve precursor FeS phases,
which appear to be essential in low temperature (<100 �C)
environments (e.g., Morse et al., 1987; Rickard et al., 1995;
Schoonen 2004). Understanding the origin of the Fe isotope
compositions of pyrite from natural environments, there-
fore, requires tracing the isotopic compositions of aqueous
Fe(II), FeS, and pyrite and their attendant fractionations.

We compare the Fe isotope compositions determined in
modern marine sediments to those produced from various
experimental studies in two parts, considering first the mea-
sured d56Fe values (Fig. 7), and second, the isotopic
fractionations among various Fe components (Fig. 8).
As previously discussed by Severmann et al. (2006) and



Fig. 7. Iron isotope compositions of aqueous Fe(II), FeS, and
pyrite from the California continental margin (Severmann et al.,
2006), and data produced from FeS and pyrite synthesis exper-
iments at 40 and 100 �C by Guilbaud et al. (2011a); d56Fe values
from Guilbaud et al. normalized to a starting composition of
d56Fe = 0. Data from the California margin reflect sediment
sections where Fe cycling is dominated by microbial dissimilatory
iron reduction (DIR), as well as those that are rich in sulfide,
produced by microbial dissimilatory sulfate reduction (DSR).
Solid-phase, HCl-extractable Fe is divided into samples that
contain >85% Fe(II) of total Fe, and those that contain <85%
Fe(II); as discussed in Johnson et al. (2008), d56Fe values calculated
for FeS (part C) have the greatest confidence for samples that
contain >85% Fe(II). Isotopic data for Fe(II)aq and pyrite from the
California margin are as measured. All results, including the
experimental study of Guilbaud et al. (2011a), cast in terms of
fraction of pyritization.
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Johnson et al. (2008), pore fluid Fe(II) contents in modern
marine sediments are highest where microbial dissimilatory
iron reduction (DIR) is active, but low where high sulfide
contents are generated by microbial dissimilatory sulfate
reduction (DSR), and these relations produce distinct fields
in terms of pore fluid Fe(II) contents and the fraction of
pyritization (Fig. 7A). This in turn produces distinct fields
for d56Fe values for pore fluid Fe(II) and the degree of pyr-
itization for DIR and DSR (Fig. 7B), where DIR produces
large quantities of aqueous Fe(II) that has low d56Fe values,
and DSR produces small quantities of aqueous Fe(II) that
has relatively high d56Fe values. Turning to the measured
Fe isotope compositions for FeS and pyrite, FeS from the
California margin sediments has moderately positive
d56Fe values (Fig. 7C) and pyrite has moderately negative
d56Fe values (Fig. 7D). Compared to the experimental
study of Guilbaud et al. (2011a), who cast their data in
terms of the degree of pyritization, a significantly more ex-
treme range in isotopic compositions was produced in their
laboratory experiments.

In Fig. 8 the Fe isotope fractionations among aqueous
Fe(II), FeS, and pyrite determined from the experimental
studies of Butler et al. (2005), Guilbaud et al. (2010,
2011a, 2011b), and the current study, are compared with
those measured in modern marine sediments from the Cal-
ifornia margin (Severmann et al., 2006). The near-zero
Fe(II)aq–FeS fractionation measured in the California mar-
gin sediments that are dominated by sulfide (highest frac-
tion of pyritization) overlap with the equilibrium
Fe(II)aq–FeS fractionation factor determined in the current
study and by Guilbaud et al. (2011b). There is no evidence
in the California margin sediments for the large positive ki-
netic Fe(II)aq–FeS isotope fractionation during rapid pre-
cipitation of FeS, determined by Butler et al. (2005),
Guilbaud et al. (2010), or in the current study. The very
negative Fe(II)aq–FeS fractionations measured in the Cali-
fornia margin sediments are restricted to samples that have
a low degree of pyritization, where Fe cycling is dominated
by DIR (Fig. 8A). Where DIR is actively pumping
low-d56Fe Fe(II)aq, the highly negative Fe(II)aq–FeS fracti-
onations indicate that Fe(II)aq and FeS are not in isotopic
equilibrium (Fig. 7A), although the slight trend in d56Fe
values for FeS and the degree of pyritization in Fig. 7C is
suggestive of some partial re-equilibration. The degree to
which Fe(II)aq and FeS may be out of isotopic equilibrium
in the DIR-dominated parts of the sediment column likely
reflects the relative rate of production of low-d56Fe Fe(II)aq

and the rate of isotopic exchange between Fe(II)aq and FeS.
This contrasts with sediment sections that are rich in sul-
fide, where Fe(II)aq and FeS are close to isotopic equilib-
rium. It therefore appears that in the absence of extensive
production of Fe(II)aq by DIR, Fe isotope equilibrium be-
tween Fe(II)aq and FeS is likely in natural systems.

Measured FeS–pyrite fractionations in the California
margin sediments lie between +1 and +1.5& for samples
whose Fe cycle is dominated by sulfide (high fraction of
pyritization), and these generally decrease to �+0.5& for
samples where Fe cycling is dominated by DIR (Fig. 8B).
These relations are interpreted to reflect partial Fe isotope
re-equilibration of FeS and Fe(II)aq in the DIR-dominated



Fig. 8. Isotopic fractionations among Fe(II)aq, FeS, and pyrite for
modern marine sediments from the California continental margin
(Severmann et al., 2006), the current study, and the experiments of
Guilbaud et al. (2011a). The equilibrium Fe(II)aq–FeS fraction-
ation (grey bar in part A) encompasses those where aqueous Fe is
FeðH2OÞ2þ6 and for where sulfide was present (current study;
Guilbaud et al., 2011b). Arrows note direction of kinetic isotope
fractionation produced during rapid precipitation of FeS from
Fe(II)aq (part A; Butler et al., 2005; Guilbaud et al., 2010), as well
as rapid conversion of FeS to pyrite (part C; Guilbaud et al.,
2011a). All results cast in terms of degree of pyritization, as in
Fig. 7.
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sediment sections, as discussed above. Much more extreme
FeS–pyrite isotope fractionations were measured in the
experimental study of Guilbaud et al. (2011a), who studied
conversion of FeS to pyrite at 40 and 100 �C over periods of
hours to days. Guilbaud et al. (2011a) argued that such
large FeS–pyrite fractionations could be an explanation
for negative d56Fe values measured for pyrite in the rock re-
cord, if such pyrite was produced by small extents of pyri-
tization, where the greatest lowering of d56Fe values occurs
in their experiments (Fig. 7D). There have been no experi-
mental determinations of the Fe isotope fractionation be-
tween pyrite and other Fe species under demonstrably
equilibrium conditions, but the very high b56/54 factor for
pyrite that is calculated by different methods, including ab

initio (Blanchard et al., 2009) and Mössbauer (Polyakov
et al., 2007) approaches suggests that, under equilibrium
conditions, pyrite should have one of the highest d56Fe val-
ues of any mineral. The positive FeS–pyrite fractionations
measured either in the California margin sediments or in
the experiments of Guilbaud et al. (2011a), therefore, likely
reflect non-equilibrium fractionations, consistent with
expectations based on pyrite formation pathways (e.g., But-
ler et al., 2005).

Finally, the measured Fe(II)aq–pyrite fractionations
from the California margin sediments are compared to
the fraction of pyritization in Fig. 8C. Based on the rela-
tions among the different Fe pools and isotopic composi-
tions discussed above, it is not anticipated that the
Fe(II)aq–pyrite fractionations in the California margin sed-
iments should reflect equilibrium conditions. The highly
negative Fe(II)aq–pyrite fractionations measured for sam-
ples that are dominated by DIR (low fraction of pyritiza-
tion) simply reflects the very low-d56Fe values produced
for Fe(II)aq by DIR, as discussed above. In contrast, the
positive Fe(II)aq–pyrite fractionations that are associated
with samples dominated by DSR are in the same direction
as the kinetic fractionation model proposed by Guilbaud
et al. (2011a), although they do not reach the extreme val-
ues of the Guilbaud et al. (2011a) model.
4.4. Implications for Fe isotope compositions of pyrite in the

rock record

Guilbaud et al. (2011a) suggested that the entire range in
d56Fe values for pyrite in the rock record may be explained
by a two-step process of kinetic isotope fractionations, first
involving precipitation of FeS from Fe(II)aq, and second,
conversion of FeS to pyrite. Guilbaud et al. argue that
the range in d56Fe values for pyrite requires neither redox
changes nor microbial Fe cycling. To produce the negative
d56Fe values for pyrite that are common in Neoarchean and
Paleoproterozoic marine sedimentary rocks (e.g., Rouxel
et al., 2005; Yamaguchi et al., 2005), Guilbaud et al.
(2011a) invoke the maximum kinetic isotope fractionation
observed in experiments between Fe(II)aq and FeS, and re-
strict the proportion of conversion of Fe(II)aq to FeS to rel-
atively small proportions of the initial Fe(II)aq pool,
followed by a kinetic isotope fractionation upon conversion
of FeS to pyrite. The applicability of these results to the an-
cient rock record has been debated in Czaja et al. (2012)
and Guilbaud et al. (2012).

Based on the experimental results obtained in the cur-
rent study, the conditions favored by Guilbaud et al.
(2011a) seem unlikely, given the fact that under neutral
pH conditions (as studied here) the initially large kinetic
Fe(II)aq–FeS fractionation produced during FeS precipita-
tion was largely erased by isotopic re-equilibration over sev-
eral weeks (Fig. 6). Our results show that the conditions of
particle aggregation seem to play a critical role in the pres-
ervation of the kinetic isotope fractionation levels where
low pH and high Fe:S ratios trend towards more rapid
aggregation and associated FeS core material that would
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be isolated from equilibrium processes. The results ob-
tained in the current study at neutral pH are important in
this regard, in contrast to those obtained at low pH in prior
studies, because pore fluids in modern anoxic marine sedi-
ments are characterized by near neutral pH (�6.5) to
slightly alkaline pH values (� 8) (e.g., Bischoff and Sayles
1972; Froelich et al., 1979; Walter and Burton 1990; Morse
et al., 1992). The pH values of the pore fluids in authigenic
and early diagenetic environments in the Precambrian are
not well constrained, given the fact that estimates for the
pH of the Precambrian seawater vary greatly, ranging from
5.5 to 9 (Kempe and Degens 1985; Grotzinger and Kasting
1993; Ohmoto et al., 2004). It is important to note, how-
ever, that microbial diagenesis involving both sulfate and
iron reduction produces alkalinity, and so we infer that
pore fluids should have had neutral to alkaline pH. That
the Fe(II)aq–FeS fractionations measured for samples from
the California margin that have high degrees of pyritization
lie close to the equilibrium fractionation provides strong
support for expecting isotopic equilibrium between Fe2þ

aq

and FeS, rather than the extreme fractionation favored in
the model of Guilbaud et al. (2011a).

5. CONCLUSIONS

Equilibrium Fe isotope fractionation factors among
aqueous iron, aqueous FeS clusters (FeSaq), and nanopartic-
ulate mackinawite have been determined in this study using
a three-isotope method. As indicated by voltammetry and
geochemical modeling, the major species are Fe2+(H2O)6

(99.6%) for the experiments with Fe2þ
aq and mackinawite,

and change to FeHS+ (63.2%)>FeðH2OÞ2þ6 (28.2%)>FeSaq

(8.52%) for experiments with Fe2þ
aq , HS�, and mackinawite

at pH 7. The equilibrium 56Fe/54Fe fractionation factor at
20 �C and pH 7 has been determined to be �0.32 ± 0.29
(2r)& between Fe2þ

aq and mackinawite. This fractionation
factor remained essentially unchanged with varying pH
(6–8) and temperature conditions (20–35 �C). When free sul-
fide was added to the system, however, the fractionation fac-
tor decreased �0.3& as a result of increases in the
proportion of FeHS+ and FeSaq relative to FeðH2OÞ2þ6 .
Our replicate of Butler et al.’s and Guilbaud et al.’s precip-
itation experiments at pH 4, show broadly consistent results:
over time, the aqueous Fe-mackinawite fractionation de-
creased and changed from a positive value to more negative
values, moving towards the equilibrium fractionation fac-
tor. The apparent isotopic fractionation, however, was still
far from equilibrium after 38 days at pH 4 conditions,
reflecting the high rate of aggregation that mackinawite
undergoes at low pH, which limits isotopic equilibration.
In contrast, the FeS precipitation experiments obtained in
the current study that were run at neutral pH reached the
equilibrium aqueous Fe-mackinawite fractionation factor
after 38 days, indicating more extensive isotopic equilibra-
tion following precipitation, reflecting a lower degree of
particle aggregation at neutral pH. These results suggest
that mackinawite that formed in natural environments at
near-neutral pH are unlikely to retain kinetic isotope
fractionations, but are more likely to reflect equilibrium
isotope compositions. Although the pH of pore fluids in
Precambrian diagenetic sediments is unknown, if either
microbial sulfate or iron reduction occurred, the alkalinity
that these processes produce suggests that such fluids would
have neutral to alkaline pH. We conclude that the Guilbaud
et al. (2011a) model, which has been debated (Czaja et al.,
2012; Guilbaud et al., 2012), for Fe isotope fractionation
of Fe sulfides likely represents extreme experimental condi-
tions that may be rare in marine diagenetic systems.
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