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Abstract

Stable Fe isotope fractionations were investigated during exposure of hematite to aqueous Fe(II) under conditions of var-
iable Fe(II)/hematite ratios, the presence/absence of dissolved Si, and neutral versus alkaline pH. When Fe(II) undergoes elec-
tron transfer to hematite, Fe(II) is initially oxidized to Fe(III), and structural Fe(III) on the hematite surface is reduced to
Fe(II). During this redox reaction, the newly formed reactive Fe(III) layer becomes enriched in heavy Fe isotopes and light
Fe isotopes partition into aqueous and sorbed Fe(II). Our results indicate that in most cases the reactive Fe(III) that under-
goes isotopic exchange accounts for less than one octahedral layer on the hematite surface. With higher Fe(II)/hematite molar
ratios, and the presence of dissolved Si at alkaline pH, stable Fe isotope fractionations move away from those expected for
equilibrium between aqueous Fe(II) and hematite, towards those expected for aqueous Fe(II) and goethite. These results point
to formation of new phases on the hematite surface as a result of distortion of Fe–O bonds and Si polymerization at high pH.
Our findings demonstrate how stable Fe isotope fractionations can be used to investigate changes in surface Fe phases during
exposure of Fe(III) oxides to aqueous Fe(II) under different environmental conditions. These results confirm the coupled elec-
tron and atom exchange mechanism proposed to explain Fe isotope fractionation during dissimilatory iron reduction (DIR).
Although abiologic Fe(II)aq – oxide interaction will produce low d56Fe values for Fe(II)aq, similar to that produced by Fe(II)
oxidation, only small quantities of low-d56Fe Fe(II)aq are formed by these processes. In contrast, DIR, which continually
exposes new surface Fe(III) atoms during reduction, as well as production of Fe(II), remains the most efficient mechanism
for generating large quantities of low-d56Fe aqueous Fe(II) in many natural systems.
� 2010 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

Iron oxides are an important component of the Fe cycle
in surface environments, reflecting the end product of Fe(II)
oxidation, as well as substrates for reductive processes. Re-
dox transformations of iron play an important role in the
fate and transport of natural and contaminant compounds
0016-7037/$ - see front matter � 2010 Elsevier Ltd. All rights reserved.
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in soil and groundwater environments (Lovley, 1989; Heij-
man et al., 1995; Rügge et al., 1998). Under oxygen-limited
conditions, dissimilatory iron-reducing bacteria produce
Fe(II) through enzymatic reduction of Fe(III) oxide sur-
faces (Heijman et al., 1993; Fredrickson and Gorby,
1996). Aqueous Fe(II) in the presence of mineral surfaces
has been shown to reduce and attenuate contaminants in
the subsurface (e.g., Buerge and Hug, 1999; Liger et al.,
1999; Pecher et al., 2002; Vikesland and Valentine, 2002;
Hofstetter et al., 2003; Strathmann and Stone, 2003; Elsner
et al., 2004a,b).

Extensive literature exists on interaction of Fe(II) with
oxide/hydroxide surfaces (e.g., Liger et al., 1999; Williams
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and Scherer, 2004; Hiemstra and van Riemsdijk, 2007; Lar-
ese-Casanova and Scherer, 2007). Electron transfer during
these abiotic interactions is well documented (e.g., Tronc
et al., 1984; Williams and Scherer, 2004; Silvester et al.,
2005; Kerisit and Rosso, 2006; Hiemstra and van Riemsdijk,
2007; Larese-Casanova and Scherer, 2007). Mössbauer spec-
troscopy has shown that at low Fe(II) concentrations, sorbed
Fe(II) species undergo interfacial electron transfer and atom
exchange with structural Fe(III) in hematite, and when Fe(II)
concentrations exceed surface site saturation, a stable sorbed
Fe(II) phase forms on the hematite surface (Williams and
Scherer, 2004; Larese-Casanova and Scherer, 2007). Crystal
truncation rod diffraction has provided indirect evidence for
oxidation of adsorbed Fe(II) on hematite based on the obser-
vation that the Fe–O bond lengths of the surface Fe atoms
are characteristic of Fe(III) (Tanwar et al., 2008, 2009). Iso-
topic tracer studies have documented significant atom ex-
change between aqueous Fe(II) and ferrihydrite and
goethite, but limited exchange with hematite (e.g., Pedersen
et al., 2005; Handler et al., 2009).

In this study, stable Fe isotope fractionations between
Fe(II) and hematite are used to interrogate changes in the
surface structure of hematite. In particular, we sought to
test the coupled electron and atom exchange mechanism
proposed to explain the Fe isotope fractionations produced
by dissimilatory iron reduction (DIR) in previous studies
(Crosby et al., 2005, 2007). A number of experimental stud-
ies have shown isotopically light aqueous Fe(II) relative to
the initial Fe(III) substrate produced by DIR (Beard et al.,
1999, 2003; Icopini et al., 2004; Crosby et al., 2005; Johnson
et al., 2005; Crosby et al., 2007). Using acid extractions,
Crosby et al. (2005) determined for the first time that the
high 56Fe/54Fe component required for isotopic mass bal-
ance was a reactive Fe(III) layer on the oxide surface (de-
fined here as Fe(III)reac). The isotopic fractionations
between aqueous Fe(II) and Fe(III)reac during dissimilatory
microbial reduction of hematite match those determined in
equilibrium experiments (Skulan et al., 2002; Welch et al.,
2003), and Crosby et al. (2005, 2007) interpreted this to re-
flect coupled electron and atom exchange between Fe(II)
and the oxide surface, that was catalyzed by bacteria
Table 1
Summary of experiments.

Experiment Descriptiona

1A pH 7, no Si, 1� agitation
1B pH 7, no Si, constant agitation
1C pH 7, no Si, constant agitation, variable F
2A pH 7, Si added, 1� agitation
2B pH 7, Si added, constant agitation
3A pH 8.7, no Si, 1� agitation
3B pH 8.7, no Si, constant agitation
4A pH 8.7, Si added, 1� agitation
4B pH 8.7, Si added, constant agitation
Controls No hematite at pH 7 and 8.7, with and w

a Fe(II)/hematite ratio is 0.5/50 mM for all experiments except experim
denotes that the reactor was agitated once at the time of sampling, and “c
on a roller tube.

b Data tables are presented in electronic annexes.
through production of Fe(II). Moreover, Wu et al. (2009)
noted distinct Fe isotope fractionations were produced by
microbial hematite reduction as a function of pH and dis-
solved Si. Because Fe isotope fractionations fundamentally
reflect the nature of Fe bonding, changes in isotopic frac-
tionation can be used to monitor changes in Fe bonding
in surface layers of hematite that accompany electron trans-
fer between Fe(II) and hematite. In addition to determining
the effect of pH, studying the effects of dissolved Si was a
goal because this is a common species in warm groundwater
systems and is known to inhibit contaminant reduction by
reduced Fe species (Kohn et al., 2005; Mishra and Farrell,
2005; Reardon et al., 2008). Dissolved silica was also
important in Precambrian marine systems prior to develop-
ment of silica-secreting organisms (e.g., Maliva et al., 2005;
Konhauser et al., 2007), and hence the potential influence
of Si on Fe(II)–Fe(III) oxide isotope exchange may have
important implications for interpretation of the Fe isotope
record in Archean and Proterozoic rocks.

2. METHODS

2.1. Experimental design

Experiments were conducted with and without 2.14 mM
Si (Na2SiO3�9H2O) at pH 7 and pH 8.7 (see Table 1 for a
summary of the experiments conducted). The reactors were
either agitated once at the time of sampling, or agitated
continuously on a tube roller. Hematite (a-Fe2O3) was pur-
chased from Fisher Scientific (Naltham, MA, USA). This is
the same hematite used in the DIR experiments of Wu et al.
(2009). Particles were approximately spherical, had an aver-
age diameter of 100 nm, as determined by TEM, and had a
BET surface area of 10.8 m2/g. Experiments were carried
out in separate 20 mL serum glass bottles with 10 mL an-
oxic (N2-bubbled) Pipes buffer (10 mM) with or without
2.14 mM Si, containing 50 mmol/L of hematite. An excep-
tion is experiment 1C, where the effects of variable molar
Fe(II)/hematite ratios on the measured isotopic fractiona-
tions were tested. The experiments were initiated by addi-
tion of FeCl2 from an anaerobic stock solution. All
Data tableb

EA1
EA2

e(II)/hematite ratios EA3
EA4
EA5
EA6
EA7
EA8
EA9

ithout Si, 1� and constant agitation EA10

ent 1C where Fe(II)/hematite ratios are variable. “1� agitation”

onstant agitation” denotes that the reactor was constantly agitated



Table 2
Summary of operational terms.

Term Description Quantity Isotopic composition

Fe(II)aq Aqueous Fe(II) Measured Measured
Fe(II)sorb (0.05 M HCl) = 0.05 M
HCl extract

Sorbed Fe(II) extracted by 0.05 M HCl Measured Measured

Fe(II)sorb (0.5 M HCl) Sorbed Fe(II) extracted by 0.5 M HCl Measured Assumed to be equal to that of Fe(II)sorb

(0.05 M HCl)
Fe(II)sorb Sum of Fe(II)sorb (0.05 M HCl) and

Fe(II)sorb (0.5 M HCl)
Calculated Assumed to be equal to that of Fe(II)sorb

(0.05 M HCl)
FeHCl = 0.5 M HCl extract Fe extracted by 0.5 M HCl

A mixture of part of Fe(III)reac and
Fe(II)sorb (0.5 M HCl)

Measured Measured

Fe(III)reac Reactive Fe(III) layer on hematite surface Calculated Calculated
Fe(II) in hematite Fe(II) in bulk dissolution of hematite by

1 M HCl
Measured Assumed to be equal to bulk hematite
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sampling was carried out in an anaerobic chamber (Coy
Products, Grass Lake, MI, USA). A parallel set of hema-
tite-free control experiments was conducted under identical
conditions, which confirmed maintenance of anaerobic
conditions.

2.2. Fe phase separation and wet chemical analysis

Table 2 contains a summary of the operational terms rel-
evant to the Fe phases analyzed for bulk concentration and
isotope composition. Bottles containing 10 mL aliquots of
the reaction slurries were centrifuged to remove the aque-
ous fraction (Fe(II)aq) after 8, 13, and 20 days for all exper-
iments, except experiment 1C (see Table 1), where samples
were taken after 4, 8, and 12 days. The remaining solids
were leached for 10 min using 0.05 M HCl, which removed
the majority of sorbed Fe(II) (Fe(II)sorb) without dissolving
any underlying Fe(III), as was confirmed by Fe(II) and to-
tal Fe measurements. Fe(II) and total Fe concentrations
were measured using Ferrozine (Stookey, 1970), and Fe(III)
was determined by difference. The Fe concentrations were
measured three times for each sample and the error is with-
in 3%. A second extraction using 0.5 M HCl for one hour
dissolved a small amount of ferric oxide based on trial tests,
and this presumably reflects the most reactive part of the
hematite crystals. This reactive fraction is referred to as
“Fe(III)reac” for purposes of Fe isotope fractionation and
mass-balance calculations (see Section 3.2; Table 2), the
same usage we followed in our previous studies (Crosby
et al., 2005, 2007; Wu et al., 2009). The 0.5 M HCl extrac-
tion also dissolved any remaining sorbed Fe(II). Total
Fe(II)sorb is defined as the sum of Fe(II)sorb (0.05 M HCl)
and Fe(II)sorb (0.5 M HCl) (Table 2). In order to obtain
high proportions of Fe(III) in the 0.5 M HCl extract,
extraction time was extended to 18 h for later time point
samples.

Complete recovery of Fe(II) (101 ± 12%) was achieved
by measuring Fe(II) that partitioned into the hematite
and was not recoverable with 0.5 M HCl. This effect has
been noted by other studies of Fe(II)aq-iron oxide interac-
tions (e.g., Jeon et al., 2003; Williams and Scherer, 2004;
Larese-Casanova and Scherer, 2007). Remaining hematite
was dissolved using 1 M HCl at 70 �C and Fe(II) in hema-
tite was measured using NH4F to mask the influence of
Fe(III) on the absorption spectra (Krishnamurti and Huang,
1990). No Fe(II) was detected in pure hematite that was not
exposed to Fe(II), using two sequential extractions with the
same method. All samples were passed through 0.2 lm fil-
ters, and aqueous and the 0.05 M HCl fractions were acidi-
fied with HCl. Silica concentrations in aqueous phase
samples and HCl extracts were measured by ICP-OES.

For hematite-free control experiments, aqueous samples
were quantitatively recovered for all of the pH 7 experi-
ments. A white Fe(II)–Si gel formed in all of the pH 8.7 plus
Si experiments, and mixed-valence green rust formed in the
pH 8.7 no Si experiments that were agitated once; green
rust was not observed for the experiments that were con-
stantly agitated. Samples were centrifuged to separate
Fe(II)–Si gel or green rust from the aqueous fraction, and
the supernatant was passed through a 0.2 lm filter. The
Fe–Si gel or green rust pellet was removed using a pipette
and dissolved using 0.5 M HCl. 1 mL of 0.5 M HCl was
then added to the bottle in order to retrieve the residue at-
tached to the bottle wall. Finally, the filter paper was col-
lected and dissolved in 7 M HCl to completely recover
added Fe for the pH 8.7 plus Si control experiments. Con-
centrations of Fe and Si in different fractions were mea-
sured, as described above.

2.3. Fe isotope measurements and nomenclature

All Fe(II)aq, 0.05 M HCl, and 0.5 M HCl fractions were
purified using anion-exchange chromatography, followed
by Fe isotope measurements using a MC-ICP-MS, as previ-
ously described (Beard et al., 2003). The isotopic composi-
tion of Fe(II) contained in hematite could not be measured
due to the small amount of Fe(II) relative to the large
amount of Fe(III) in hematite. Data are reported as
56Fe/54Fe ratios relative to the average of igneous rocks,
in standard d notation:

d56Fe ¼
56Fe=54Fesample

56Fe=54Festd

� 1

� �
� 103 ð1Þ

where 56Fe/54Festd is the average of igneous rocks. d57Fe
values may be defined in an analogous manner using the
57Fe/54Fe ratio, and because natural Fe sources were used,
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d57Fe and d56Fe values are related in a mass-dependent
manner. Measured external precision in d56Fe values is
±0.08& (2r) based on replicate standard analyses
(n = 112). For Fe(II)aq in pH 8.7 plus Si experiments, where
Fe contents were less than 15 lg, the precision in d56Fe val-
ues is conservatively estimated as ±0.16& (2r). On the
igneous rock scale, the d56Fe value of the IRMM-014 stan-
dard is �0.09& (Beard et al., 2003). Partial dissolution tests
show that the initial d56Fe value of the hematite was
+0.13&, and that the hematite is isotopically homogenous
within analytical uncertainty (Wu et al., 2009). The initial
d56Fe value of FeCl2 was �0.52& ± 0.05& (2r; n = 28).

Stable Fe isotope fractionation between two compo-
nents A and B are described as

a56
A�B ¼

56Fe=54FeA

56Fe=54FeB

ð2Þ

following standard practice. Under equilibrium conditions,
a56

A�B reflects fundamental differences in the thermodynamic
properties of components A and B, which may be related to
differences in the molecular partition functions through
classical statistical thermodynamics (see recent review in
Schauble, 2004). To a very good approximation, a56

A�B
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Fig. 1. Proportions of aqueous Fe(II), sorbed Fe(II) in the 0.05 M HC
interactions between Fe(II) and hematite at pH 7 in the absence of dissolve
constantly agitated with variable Fe(II)/hematite ratios (C–G) and in the
constantly agitated (I). Fe(II)/hematite ratio was 0.5 mM/50 mM for e
duplicate suspensions. Note that the proportion of sorbed Fe(II) in the 0
may be related to differences in the d56Fe values through
the relation:

D56FeA�B ¼ d56FeA � d56FeB � 103 ln a56
A�B: ð3Þ
3. RESULTS

3.1. Proportions and isotopic compositions of components

that underwent atom exchange

The proportions of aqueous Fe(II) and 0.05 M HCl-
extractable Fe(II)sorb were relatively constant with time at
pH 7, regardless of the presence or absence of Si and agita-
tion times, although the proportions of these components
were a function of the total Fe(II)/hematite ratios of spe-
cific experiments (Fig. 1, electronic annex Tables EA1–5).
The proportion of Fe(II)aq was much smaller at pH 8.7
(Fig. 2, Tables EA6–9), and Fe(II)sorb extracted using
0.05 M HCl was the major component of total Fe(II), an
observation that was not affected by presence or absence
of Si and agitation times. Sorption of Fe(II) onto hematite
was �35% and �70% in pH 7 and pH 8.7 experiments,
respectively, which is consistent with increased sorption of
Cl) Fe(II) in hematite

13 20

pH 7
no Si

con ag

4 8 12

Fe(II)/hematite
0.5 mM/5 mM

C pH 7
no Si

con ag

Exp.1C

8 12

/hematite
M/50 mM

pH 7
no Si

con ag

4 8 12

F Fe(II)/hematite
0.3 mM/50 mM

pH 7
no Si

con ag

Exp.1C

13 20

pH 7
Si added

1x ag

 (days)
8 13 20

I pH 7
Si added
con ag

Exp.2B

Time (days)

l extract and 0.5 M HCl extract, and Fe(II) in hematite during
d Si agitated once during sampling (A), constantly agitated (B), and
presence of Si (2.14 mM Si) agitated once during sampling (H) and
xperiment 1A, 1B, 2A and 2B. See tables EA1-5 for errors from
.5 M HCl extract is very small compared with other phases.



8 13 20
0

50

100

C pH 8.7
Si added

1x ag

Exp.4A

Time (days)

Fe
(II

) (
%

)

8 13 20

D pH 8.7
Si added
con ag

Exp.4B

Time (days)

0

50

100

pH 8.7
no Si
1x ag

A Exp.3A

Fe
(II

) (
%

)

B pH 8.7
no Si

con ag

Exp.3B
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Fe(II) to hematite surfaces when pH is increased (e.g., Liger
et al., 1999; Jeon et al., 2001; Strathmann and Stone, 2003).
The sum of aqueous Si, and Si in 0.05 M HCl and 0.5 M
HCl extracts, was essentially equal to the amount added,
within analytical error (Fig. EA1, Tables EA4, 5, 8 and
9), suggesting no silica was precipitated in these experi-
ments. The 0.05 M HCl extraction recovered exclusively
Fe(II), whereas 0.5 M HCl extractions removed a mixture
of Fe(II) and Fe(III).

A minor fraction of Fe(II) was incorporated into the
hematite structure (�20% and �10% of added Fe(II) in
pH 7 and 8.7 experiments, respectively; Figs. 1 and 2,
Tables EA1–9), and could be recovered only through com-
plete dissolution of the mineral by heating in 1 M HCl. The
apparently irreversible incorporation of reducing equiva-
lents into the hematite structure is consistent with other
reports of incomplete recovery of added Fe(II) by acidificat-
ion with weak (0.5 M) HCl at room temperature (e.g., Jeon
et al., 2003; Williams and Scherer, 2004; Larese-Casanova
and Scherer, 2007). Because the Fe(II) incorporated in hema-
tite reflects electron transfer to the interior of the crystals
(Kerisit and Rosso, 2006, 2007), and not transfer of atoms,
no Fe isotope effects are anticipated. The Fe(II) in the inte-
rior of the hematite crystals could only undergo isotopic ex-
change with the solution if solid-state diffusion occurred on
the timescales of the experiments, which is not possible at
the low temperature used in this study. For the hematite-free
control experiments, added Fe(II) existed exclusively as
Fe(II)aq at pH 7 (Table EA10). At pH 8.7, a large proportion
of Fe(II) formed Fe–Si gel in plus Si experiments and green
rust in the no Si experiments (Fig. EA2, Table EA10).

The Fe isotope composition of Fe(II)aq is measured di-
rectly, and the isotopic composition of Fe(II)sorb is obtained
from the 0.05 M HCl extraction. That these isotopic com-
positions do not match those of the starting FeCl2 clearly
indicates that atom exchange occurred (Figs. 3 and 4). As
noted by Crosby et al. (2005, 2007) and Wu et al. (2009),
determination of the Fe isotope composition of Fe(III)
sampled in the 0.5 M HCl extraction (d56FeFe(III)reac) re-
quires “unmixing” the Fe(II) and Fe(III) components (Figs.
5 and EA3). To do this, d56Fe values of the Fe(II) compo-
nent were assumed to be the same as Fe(II)sorb recovered by
the 0.05 M HCl extraction; this assumption is supported by
the observation of consistent isotopic fractionations over a
range of Fe(II)aq and Fe(II)sorb contents (Crosby et al.,
2007; Wu et al., 2009).

The d56Fe value for Fe(III)reac is calculated by extrapo-
lating from the d56Fe value for Fe(II)sorb, through the mea-
sured d56Fe value of the 0.5 M HCl extraction to the
intercept at XFe(II) = 0 (Fig. 5). The most precise estimates
of d56FeFe(III)reac are obtained for 0.5 M HCl extracts that
have high proportions of Fe(III). The 0.5 M HCl extracts
of the pH 7 no Si experiments contained Fe(III)/total Fe ra-
tios greater than 0.8, compared with Fe(III)/total Fe ratios of
�0.4 in the pH 7 Si added experiments (Tables EA1–5). Most
of the 0.5 M HCl extracts of the pH 8.7 experiments, except
for those from the initial time point, were predominately
composed of Fe(III), with Fe(III)/total Fe ratios > 0.6
(Tables EA6–9). The 2r errors for d56FeFe(III)reac were prop-
agated from uncertainties for XFe(II) and d56Fe values of
Fe(II)sorb and 0.5 M HCl extract using ISOPLOT (Ludwig,
1991) and were mostly <0.4& for extracts with <60% Fe(III)
and <0.2& for extracts with >60% Fe(III). Calculated
d56FeFe(III)reac values for the no Si experiments were +1.1&

at pH 7, and ranged from +1.1 to +1.6& at pH 8.7 (Figs. 3
and 4). For the Si added experiments, the d56FeFe(III)reac val-
ues ranged from +1.0 to +2.0& at pH 7, and +0.8 to +2.5&

at pH 8.7.
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The uncertainties in the calculated d56Fe values for
Fe(III)reac directly reflect the extent of extrapolation to
XFe(II) = 0 in Fig. 5, where the proportion of Fe(II) in the
0.5 M HCl extraction is high, the differences will be largest
between the measured d56Fe values in the 0.5 M HCl
extraction and the calculated d56Fe value for Fe(III)reac,
and this will be correlated with a relatively high uncertainty
for the Fe isotope composition of Fe(III)reac. This relation
can be clearly seen, for example, in Fig. 3E and F, as well
as Fig. 4C and D, where relatively high uncertainties for
the d56Fe values of Fe(III)reac are associated with samples
that have the largest extrapolation from the d56Fe values
of the 0.5 M HCl extraction. As discussed below, the uncer-
tainties in d56FeFe(III)reac are propagated to the uncertainties
in the isotopic fractionation factor (a56

A�B or D56FeA�B).

3.2. Abundances of components in the total reactive Fe pool

The proportions of Fe components that underwent iso-
topic exchange during Fe(II)aq-hematite interaction may be
calculated using an isotopic mass-balance equation (Crosby
et al., 2007; Wu et al., 2009). The mole sum of Fe(II)aq,
Fe(II)sorb, and Fe(III)reac is defined as the total reactive
Fe pool (MTOT ReacFe) that underwent isotopic exchange,
and this pool must have the same isotopic composition as
the starting system, as described by the following equation:
d56FeSys �MTOT ReacFe ¼ d56FeFeCl2 � ðMFeðIIÞaq þMFeðIIÞsorbÞ
þ d56FeHem �MFeðIIIÞreac

¼ d56FeFeðIIÞaq �MFeðIIÞaq

þ d56FeFeðIIÞsorb �MFeðIIÞsorb

þ 56FeFeðIIIÞreac �MFeðIIÞreac ð4Þ

The Fe(II) incorporated into the hematite was excluded
from Eq. (4) because the Fe(II) atoms in bulk hematite are
the product of in situ reduction of structural Fe(III) via
electron addition, and therefore, as noted above, could
not have undergone atom exchange with Fe(III) on the sur-
face. Evidence for conversion of Fe(III) to Fe(II) within
hematite lies in work which has demonstrated that electrons
readily delocalize and rapidly diffuse away from the initial
site of interfacial electron transfer to the interior of the
hematite lattice (Kerisit and Rosso, 2006, 2007).

In our experiments, the moles of Fe(II)aq (MFe(II)aq) are
determined by the measured concentrations and the volume
of Fe(II)aq. The moles of Fe(II)sorb (MFe(II)sorb) are the sum
of Fe(II) measured in the 0.05 M HCl and 0.5 M HCl ex-
tracts. The moles of Fe(III)reac (MFe(III)reac) cannot be di-
rectly measured but can be calculated based on the above
isotopic mass balance expression. Solving Eq. (4) for
MFe(III)reac produces:
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MFeðIIIÞreac ¼
d56FeFeCl2 � ðMFeðIIÞaq þMFeðIIÞsorbÞ � d56FeFeðIIÞaq �MFeðIIÞaq � 56FeFeðIIÞsorb �MFeðIIÞsorb

d56FeFeðIIIÞreac � d56FeHem

ð5Þ
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It is important to emphasize that MFe(III)reac is the
amount of Fe(III) in hematite required to attain isotopic
mass balance among Fe(II)aq, Fe(II)sorb, and Fe(III)reac,
and this is not the same as the measured Fe(III) in the
0.5 M HCl extract. Calculated MFe(III)reac values were al-
ways greater than the measured Fe(III) content in the
0.5 M HCl extract; this, in fact, was an important goal in
our experimental design, because if the moles of measured
Fe(III) is less than MFe(III)reac, the likelihood of dissolving
unreacted hematite during extraction is low. Embedded in
Eq. (5) is the assumption that the calculated d56FeFe(III)reac

in 0.5 M HCl extract is representative of the isotope
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composition of total Fe(III)reac. This assumption is sup-
ported by previous work that showed no isotopic fraction-
ation occurs during proton-promoted dissolution of
hematite using HCl (Skulan et al., 2002; Beard et al.,
2003; Wu et al., 2009). The d56FeSys values calculated for
each experiment, based on the molar proportions of Fe(II)
and hematite added in each experiment, ranged from �0.2
to �0.4&. In order to make direct comparisons with previ-
ous isotopic studies, the data for each experiment were nor-
malized to a system Fe isotope composition of d56FeSys = 0.

Increased pH generally reduced the amount of Fe(III)reac,

as well as the size of the total reactive Fe pool, regardless of
the presence of Si (Table 3, Fig. EA4). The size of the reactive
Fe pool did not significantly change over time in the no Si
experiment, regardless of pH and agitation times. In the
pH 7 plus Si experiment, the total amount of reactive Fe de-
creased from day 8 to day 13 and then leveled off. In the pH
8.7 plus Si experiment, the size of the reactive Fe pool
increased gradually from day 8 to day 20. The relative pro-
portions of Fe(II)aq, Fe(II)sorb, and Fe(III)reac (XFe(II)aq,
XFe(II)sorb, XFe(III)reac) did not change significantly with
time at pH 7, regardless of the presence of Si and agitation
times (Table 3, Fig. EA4). These components also remained
relatively constant over time at pH 8.7 in the absence of Si.
In contrast, the proportions of Fe(II)aq, Fe(II)sorb, and
Fe(III)reac changed significantly over time at pH 8.7 in the
presence of Si. XFe(III)reac increased over time, accompanied
by complementary variations in XFe(II)sorb and XFe(II)aq.

4. DISCUSSION

When Fe(II) undergoes electron exchange with hematite,
Fe(II) is oxidized to Fe(III) and incorporated into hematite,
and structural Fe(III) in hematite is reduced to Fe(II) that is
released to the solution. Because Fe–O bond lengths change
significantly when redox reactions occur (Eggleston et al.,
2003; Tanwar et al., 2008), isotopic exchange should pro-
duce newly formed Fe(III)reac that becomes enriched in
heavy isotopes, and Fe(II)aq and Fe(II)sorb that become en-
riched in light isotopes (Crosby et al., 2005, 2007). The
changes in Fe isotope compositions of Fe(II)aq, Fe(II)sorb,

and Fe(III)reac, relative to the initial d56Fe values for hema-
tite and FeCl2, provide clear evidence for such isotopic
exchange. Below, we first discuss the isotopic fractionations
among these components and compare them to those ex-
pected for the system Fe(II)aq-hematite based on indepen-
dent prior studies. Next we discuss the effects of pH and
dissolved Si on the Fe isotope fractionations, which provide
insights into the bonding environments of surface Fe(III).
Finally, we address the implications for using Fe isotopes
to trace biogeochemical cycling in nature.

4.1. Isotopic fractionations among Fe(II)aq–Fe(II)sorb–Fe(III)reac

The stable isotope fractionation between Fe(II)aq and
Fe(II)sorb, defined as D56FeFe(II)aq–Fe(II)sorb, was relatively
invariant at �0.49 ± 0.15& throughout all experimental
conditions (Figs. 6 and 7). This fractionation is similar to
those obtained in dissimilatory iron reduction experiments,
which obtained d56FeFe(II)aq–Fe(II)sorb = �0.30 ± 0.08&
(Crosby et al., 2007), and �0.49 ± 0.09& (Wu et al., 2009),
and suggests that isotopic equilibrium was obtained between
Fe(II)aq and Fe(II)sorb. In contrast, the Fe isotope fraction-
ation between Fe(II)aq and reactive Fe(III), defined as
D56FeFe(II)aq–Fe(III)reac, varied depending upon experimental
conditions. D56FeFe(II)aq–Fe(III)reac changed little with time
in the pH 7 no Si experiments, whereas in the pH 7 Si added
experiments, it decreased from �2.22 ± 0.24& at day 8 to
�3.21 ± 0.50& at day 20 when agitated once (Fig. 6), and
from �2.40 ± 0.18& at day 8 to �3.49 ± 0.49& at day 20
when agitated constantly (Fig. 6). In the pH 8.7 no Si exper-
iments, D56FeFe(II)aq–Fe(III)reac also decreased similarly
regardless of agitation times (Fig. 7).

The measured D56FeFe(II)aq–Fe(III)reac fractionations deter-
mined at pH 7, without Si, can be directly compared to the
experimentally determined Fe(II)aq-hematite fractionations
obtained by combining the studies of Skulan et al. (2002)
and Welch et al. (2003), which produce D56FeFe(II)aq-hem =
�3.1& at room temperature. Calculated Fe(II)aq-hematite
fractionations range from �0.2 to �3.0&, using the pre-
dicted fractionation factors based on spectroscopic data or
ab initio calculations (Anbar et al., 2005; Blanchard et al.,
2009; Ottonello and Zuccolini, 2009), but it is now recognized
that there may be a systematic offset in predicted Fe isotope
fractionations for aqueous species and minerals (Blanchard
et al., 2009; Beard et al., 2010). We therefore prefer the exper-
imentally determined Fe(II)aq-hematite fractionation factors
even if this is obtained through combining two separate
experiments. At pH 7, in the absence of Si, the measured
D56FeFe(II)aq–Fe(III)reac fractionations (Fig. 6A and B) lie
essentially within the 0.3& uncertainty of the experimentally
determined equilibrium value. The initial isotopic contrast
between the FeCl2 and hematite (prior to mixing) is
�0.65& (d56FeFeCl2 = �0.52&, d56Fehem = +0.13&), and
the fact that, after mixing, the Fe(II)aq–Fe(III)reac fraction-
ation attained a value of �2.81 ± 0.12& (1� agitation) and
�2.87 ± 0.19& (constant agitation) suggests that the hema-
tite-bound Fe(III) sampled by the 0.5 M HCl extraction
underwent equilibrium isotope exchange. These results pro-
vide confirmation that the mechanism of coupled electron
transfer and atom exchange proposed by Crosby et al.
(2005, 2007) between Fe(II)aq and Fe(III)reac is responsible
for producing Fe isotope fractionations during DIR. More-
over, our results confirm the proposal of Crosby et al.
(2007) that the Fe isotope fractionations produced between
Fe(II)aq and hematite are fundamentally equilibrium
fractionations.

4.2. Effects of dissolved Si and elevated pH

At pH 7 in the presence of dissolved Si, the initial�0.65&

isotopic contrast between FeCl2 and hematite moved toward
the equilibrium Fe(II)aq-hematite fractionation of �3.1&

(Fig. 6C and D). These data suggest a slower rate of isotopic
equilibration between Fe(II)aq and Fe(III)reac in the presence
of dissolved Si at neutral pH. Surface complexation modeling
has shown that Si species bind directly to iron oxide surfaces
through inner-sphere complexes (Sigg and Stumm, 1981;
Barrow and Bowden, 1987), and thus may retard isotopic
exchange rates. The effects of Si binding may explain the



Table 3
Reactive Fe species and calculated Fe isotope fractions for interactions between aqueous Fe(II) and hematite.a

Day Fe(II)aq Fe(II)sorb Fe(III)reac
b Tot Reac X- X- X- DFe(II)aq–

Fe(II)sorb

2r DFe(II)aq–
Fe(II)reac

2r

(mM) (mM) (mM) Fe poolc (mM) Fe(II)aq
d Fe(II)sorb Fe(III)reac errore error

Exp 1A (pH 7, no Si, 1� agitation)

8 0.322 0.171 0.455 0.948 0.34 0.18 0.48 �0.52 0.08 �2.69 0.11
13 0.299 0.160 0.439 0.898 0.33 0.18 0.49 �0.59 0.08 �2.84 0.11
20 0.311 0.162 0.468 0.940 0.33 0.17 0.50 �0.66 0.08 �2.89 0.11

Exp 1B (pH 7, no Si, constant agitation)

8 0.292 0.150 0.543 0.985 0.30 0.15 0.55 �0.58 0.08 �2.77 0.11
13 0.267 0.157 0.524 0.948 0.28 0.17 0.55 �0.65 0.08 �2.87 0.11
20 0.263 0.146 0.471 0.879 0.30 0.17 0.54 �0.62 0.08 �2.96 0.12

Exp 1C (pH 7, no Si, constant agitation, variable Fe(II)/hematite ratios)

Fe(II):hematite = 0.5 mM:5 mM

4 0.498 0.018 – – – – – �0.18 0.11 – –
8 0.460 0.017 0.223 0.701 0.66 0.02 0.32 �0.23 0.11 �1.48 0.18
12 0.512 0.017 0.145 0.674 0.76 0.03 0.21 �0.25 0.11 �1.66 0.27

Fe(II):hematite = 0.5 mM:25 mM

4 0.427 0.070 – – – – – �0.70 0.11 – –
8 0.390 0.050 0.395 0.835 0.47 0.06 0.47 �0.47 0.11 �2.33 0.22
12 0.416 0.062 0.373 0.851 0.49 0.07 0.44 �0.53 0.11 �2.34 0.21

Fe(II):hematite = 0.5 mM:50 mM

4 0.359 0.122 0.373 0.854 0.42 0.14 0.44 �0.50 0.11 �2.80 0.46
8 0.347 0.112 0.542 1.000 0.35 0.11 0.54 �0.70 0.11 �2.83 0.18
12 0.345 0.119 0.381 0.844 0.41 0.14 0.45 �0.64 0.11 �3.11 0.50

Fe(II):hematite = 0.3 mM:50 mM

4 0.235 0.115 0.547 0.896 0.26 0.13 0.61 �0.71 0.11 �2.59 0.14
8 0.143 0.108 0.329 0.580 0.25 0.19 0.57 �0.51 0.11 �2.78 0.27
12 0.170 0.096 0.287 0.553 0.31 0.17 0.52 �0.68 0.11 �3.15 0.20

Fe(II):hematite = 0.1 mM: 50 mM

4 0.043 0.067 0.293 0.403 0.11 0.17 0.73 �0.58 0.11 �2.57 0.14
8 0.032 0.062 0.355 0.448 0.07 0.14 0.79 �0.56 0.11 �2.50 0.22
12 0.033 0.063 0.182 0.278 0.12 0.23 0.65 �0.66 0.11 �2.82 0.14

Exp 2A (pH 7, Si added, 1� agitation)

8 0.315 0.181 0.294 0.790 0.40 0.23 0.37 �0.29 0.08 �2.22 0.24
13 0.303 0.189 0.238 0.729 0.42 0.26 0.33 �0.45 0.08 �2.73 0.31
20 0.325 0.206 0.202 0.733 0.44 0.28 0.28 �0.49 0.08 �3.21 0.50

Exp 2B (pH 7, Si added, constant agitation)

8 0.285 0.170 0.374 0.829 0.34 0.20 0.45 �0.43 0.08 �2.40 0.18
(continued on next page)
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Table 3 (continued)

Day Fe(II)aq Fe(II)sorb Fe(III)reac
b Tot Reac X- X- X- DFe(II)aq–

Fe(II)sorb

2r DFe(II)aq–
Fe(II)reac

2r

(mM) (mM) (mM) Fe poolc (mM) Fe(II)aq
d Fe(II)sorb Fe(III)reac errore error

13 0.277 0.172 0.235 0.683 0.40 0.25 0.34 �0.55 0.08 �3.05 0.37
20 0.296 0.193 0.193 0.682 0.43 0.28 0.28 �0.54 0.08 �3.49 0.49

Exp 3A (pH 8.7, no Si, 1� agitation)

8 0.075 0.344 0.260 0.678 0.11 0.51 0.38 �0.36 0.08 �2.51 0.14
13 0.060 0.347 0.286 0.693 0.09 0.50 0.41 �0.53 0.08 �2.76 0.14
20 0.088 0.355 0.213 0.656 0.13 0.54 0.33 �0.46 0.08 �3.17 0.23

Exp 3B (pH 8.7, no Si, constant agitation)

8 0.070 0.366 0.202 0.638 0.11 0.57 0.32 �0.46 0.08 �2.98 0.20
13 0.056 0.350 0.307 0.713 0.08 0.49 0.43 �0.51 0.08 �2.88 0.15
20 0.072 0.342 0.210 0.624 0.12 0.55 0.34 �0.52 0.08 �3.41 0.28

Exp 4A (pH 8.7, Si added, 1� agitation)

8 0.025 0.374 0.077 0.476 0.05 0.78 0.16 0.02 0.12 �2.50 0.48
13 0.017 0.413 0.123 0.554 0.03 0.75 0.22 �0.36 0.12 �2.50 0.29
20 0.014 0.405 0.209 0.628 0.02 0.64 0.33 0.05 0.12 �1.58 0.20

Exp 4B (pH 8.7, Si added, constant agitation)

8 0.025 0.330 0.071 0.426 0.06 0.77 0.17 �0.30 0.12 �3.80 0.90
13 0.016 0.373 0.156 0.546 0.03 0.68 0.29 �0.44 0.12 �2.49 0.28
20 0.014 0.348 0.262 0.624 0.02 0.56 0.42 �0.21 0.12 �2.14 0.20

a Fe(II)/hematite ratio is 0.5 mM:50 mM for all experiments except Exp 1C.
b see text for details about calculation of Fe(III)reac concentrations.
c Tot Reac Fe pool is the total reactive Fe pool, based on the components that were open to isotopic exchange: Fe(II)aq + Fe(II)sorb + Fe(III)reac.
d x is the mole fraction of each component out of the total reactive Fe pool.
e 2r errors were generated by the Excel add-in Isoplot, based on uncertainties in isotopic measurements and the fraction of Fe(II) in the 0.5 M HCl extractions.
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Fig. 6. Temporal variations in Fe(II)aq–Fe(II)sorb (�) and Fe(II)aq–Fe(III)reac (N) isotope fractionation factors for pH 7 experiments. Error
bars for each time point reflect 2r uncertainties propagated from errors in measured d56Fe values for Fe(II)aq and Fe(II)sorb, and calculated
uncertainties in d56FeFe(III)reac. Gray horizontal bars show weighted averages for each fractionation factor. Initial isotopic contrast between
FeCl2 and hematite (prior to mixing) is �0.65&. Dashed line indicates predicted D56FeFe(II)aq-goethite fractionation of �1.0& (see text). Shaded
horizontal bars indicate experimentally determined D56FeFe(II)aq-hematite fractionation of �3.1 ± 0.3& (see text).
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decrease in the size of the reactive Fe pool observed in the pH
7, Si-bearing experiments (see Section 3.2). That isotopic
equilibrium is ultimately achieved after 20 days suggests that
at neutral pH binding of Si did not significantly distort Fe–O
bonding in surface hematite crystals.

At pH 8.7, in the absence of Si, the D56FeFe(II)aq–Fe(III)reac

fractionations in the 1� agitated experiments moved to-
ward the expected equilibrium Fe(II)aq-hematite fraction-
ation, and scattered about the expected fractionation in
the constantly agitated experiments (Fig. 7A and B). This
behavior likely reflects rapid attainment of isotopic equilib-
rium in the constantly agitated experiments, which mini-
mized formation of stagnant boundary layers at the
mineral-fluid interface that may have hindered isotopic ex-
change with the ambient solution.

Formation of an Fe hydroxide precipitate at pH 8.7 raised
the possibility that this component could affect the Fe isotope
compositions of Fe(II)aq and Fe(II)sorb. In the pH 8.7 no Si
hematite-free control experiments, the fractionation factor
between Fe(II)aq and precipitate averaged �0.30 ± 0.13&

when agitated once, which was similar to the fractionation
factors between Fe(II)aq and residue in the bottle of
�0.26 ± 0.19& and�0.30 ± 0.22& for experiments agitated
once and constantly, respectively (Table EA10). This sug-
gests that the residue attached to the bottle in the pH 8.7 no
Si control experiment was probably green rust. The oxidant
responsible for formation of green rust remains unknown.
These results indicate that, operationally, a green rust phase
will have the same isotopic composition as Fe(II)sorb, and
therefore it is unlikely to affect the Fe(II)aq–Fe(III)reac fracti-
onations in hematite-bearing experiments under kinetic con-
ditions because the Fe(II)aq–Fe(II)sorb fractionation is small,
and the proportion of Fe(II)sorb is low; under equilibrium
conditions, the Fe(II)aq–Fe(III)reac fractionation is indepen-
dent of isotopic fractionations among other phases.

Experiments at pH 8.7, in the presence of Si, produced
unusual results. The D56FeFe(II)aq–Fe(III)reac was approxi-
mately �2.50& at day 8 and day 13, and then changed to
�1.58 ± 0.20& at day 20 when agitated once (Fig. 7); the
fractionation changed from �3.80 ± 0.90& at day 8 to
�2.14 ± 0.20& at day 20 when agitated constantly (Fig. 7).
Aqueous speciation calculations using Geochemists’ Work-
bench (Bethke, 2002) show that in all experiments, aqueous
Fe(II) existed as P97% Fe(II)(H2O)6

2+ under these condi-
tions, which indicates that differences in Fe(II)aq–Fe(III)reac

stable Fe isotope fractionations reflect changes in the nature
of Fe(III)reac and not Fe(II)aq. This conclusion is consistent
with the relatively constant Fe(II)aq–Fe(II)sorb fractionations
in all experiments. Formation of an Fe–Si gel will have the
same isotopic effects as Fe(II)sorb and have no impact on
the D56FeFe(II)aq–Fe(III)reac fractionations, as evidenced in
the pH 8.7 Si added, hematite-free control experiments,
where the measured fractionation factor between Fe(II)aq

and Fe–Si gel was indistinguishable from the average
D56FeFe(II)aq–Fe(II)sorb fractionation for all hematite-bearing
experiments (Wu et al., 2009).

Stable Fe isotope fractionations reflect fundamental dif-
ferences in bonding environments (Schauble, 2004), and we
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interpret the unusual isotopic fractionations measured in
the pH 8.7, Si-bearing experiments to reflect bonding
changes for Fe. Using the hematite-goethite and hematite-
lepidocrocite fractionations predicted by Polyakov
and Mineev (2000) and Polyakov et al. (2007), where
D56Fehem-goe = +2.1& and D56Fehem-lepid = +2.5& at
room temperature, and the experimentally determined
D56FeFe(II)aq-hem fractionation of �3.1& (see previous
Section 4.1), we may infer equilibrium Fe(II)aq-goethite and
Fe(II)aq-lepidocrocite Fe isotope fractionations of �1.0&

and �0.6&, respectively. The predicted Fe(II)aq-goethite
fractionation, if obtained using the difference in reduced
partition function ratios between hematite and goethite,
coupled to the experimentally determined Fe(II)aq-hematite
fractionation, has recently been experimentally confirmed
(Beard et al., 2010). The distinct Fe isotope fractionations
between hematite and goethite reflect the contrast in Fe
bonding environments and mineral structure. In hematite,
Fe is octahedrally coordinated by oxygen, with two thirds
of the octahedral interstices filled with Fe(III), and layers
of FeO6 octahedra are connected by edge- and face-sharing.
In contrast, the goethite structure involves double bands of
edge-sharing FeO3(OH)3 octahedra, where only half of the
octahedral interstices are filled with Fe(III), and these are
linked by corner-sharing to form tunnels crossed by hydro-
gen bridges, producing distinct Fe–O bond lengths relative
to hematite (Blake et al., 1966; Schwertmann and Cornell,
1991). There are only small differences in Fe bonding be-
tween goethite (a-FeO�OH) and lepidocrocite (c-FeO�OH)
(Schwertmann and Cornell, 1991), consistent with the rela-
tively small predicted lepidocrocite-goethite stable Fe iso-
tope fractionations.

In the presence of Si, at pH 8.7, the D56FeFe(II)aq–Fe(III)reac

fractionation moved away from the expected �3.1&

Fe(II)aq-hematite fractionation and toward the Fe(II)aq-
goethite fractionation with time (Fig. 7C and D). This result
suggests that temporal changes in Fe bonding occurred; i.e.,
D56FeFe(II)aq–Fe(III)reac fractionations that lie between those
expected for Fe(II)aq-hematite and Fe(II)aq-goethite may re-
flect distortions in Fe–O bonds. Mössbauer spectroscopy
work has indicated that surface reactivity of hematite with re-
gard to electron transfer could change over time during
Fe(II) and hematite interactions (Larese-Casanova and
Scherer, 2007), which is consistent with the observed
temporal variation in the isotopic fractionations in our
experiments.

The changes in D56FeFe(II)aq–Fe(III)reac fractionations may
also reflect changes in Fe bonding due to surface silica spe-
cies. Adsorption of Si to hematite could change the local
bonding environment of reactive Fe(III) on the surface by
forming Si–O–Fe bonds, and growth of Si polymers on
hematite surfaces at high pH may with time distort progres-
sively larger numbers of Fe–O bonds(Wu et al., 2009),
and such a model may explain the temporal variations in
D56FeFe(II)aq–Fe(III)reac in the pH 8.7 plus Si experiments
(Fig. 7C and D). Scanning tunneling microscopy (STM)
has shown that different surface sites can result in substan-
tially different electron transfer characteristics as a result of
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different solvent reorganization energies (Eggleston et al.,
2004). The presence of Si polymers could potentially alter
surface sites of hematite, subsequently affecting their elec-
tron transfer characteristics. This type of surface site alter-
ation may be similar to the findings of Rea et al. (1994),
who proposed that a population of labile sites that con-
tained more distorted octahedral geometry at local environ-
ments are characteristic of the ferrihydrite surface.
B

Fig. 8. Fe(II)aq–Fe(III)reac isotope fractionation factors versus
calculated number of octahedral layers that underwent isotopic
exchange for experiments at pH 7 no Si with variable Fe(II)/hematite
ratios (A) and experiments at pH 7 plus Si and pH 8.7 with and
without Si (B). For pH 7 no Si experiments, as more octahedral layers
underwent isotopic exchange, the D56FeFe(II)aq–Fe(III)reac fractiona-
tions move from that expected for hematite towards that predicted
for goethite. The D56FeFe(II)aq–Fe(III)reac fractionations also deviate
from that expected for hematite in the presence of Si and/or at high
pH, indicating formation of a new reactive Fe(III) phase other than
hematite.
4.3. Number of octahedral layers involved in Fe isotope

exchange

It is useful to cast the moles of the Fe(III)reac component
in our experiments in terms of the number of surface/near-
surface octahedral layers that underwent isotopic exchange,
based on the moles of the Fe(III)reac component and the
average diameter of the hematite crystals used in the exper-
iments (100 nm). Cell parameters of a = 0.50 nm and
c = 1.38 nm were used for the hematite hexagonal unit cell
(Schwertmann and Cornell, 1991), and a constant density
was assumed in the calculation. For the majority of the
experiments, the reactive Fe(III) on the hematite surface
that underwent isotopic exchange accounted for less than
one octahedral layer (Figs. 8 and EA5). As greater numbers
of octahedral layers on the hematite surface underwent iso-
topic exchange, as observed in the pH 7 no Si experiments
with increasing Fe(II)/hematite ratios, as well as in the pH
8.7 plus Si experiments, the D56FeFe(II)aq–Fe(III)reac fraction-
ation moved from that expected for Fe(II)aq-hematite to-
wards a fractionation characteristic of Fe(II)aq-goethite
(Fig. 8A); these results suggest a progressive increase in
the number of distorted Fe–O bonds over time.

Consideration of thermodynamic relations indicates the
possibility of Fe(III) oxyhydroxide precipitation on the
hematite surface in the high pH experiments, as well as
experiments with high Fe(II)aq/hematite ratios. It is there-
fore possible that part of the Fe(III)reac component may
be precipitated Fe oxyhydroxide. Such precipitation could
not, however, accounted for the transition toward
Fe(II)aq-goethite fractionation factors in high pH and high
Fe(II)aq/hematite experiments, based on the equilibrium
D56FeFe(II)aq-Ferrihydrite fractionation of �3.0& determined
by Wu et al. (2010) using the “three-isotope” method. That
the D56FeFe(II)aq–Fe(III)reac fractionations for the pH 8.7 plus
Si experiment are distinct from those for the other two
experiments which lie close to the equilibrium Fe(II)aq-
hematite fractionation (Figs. 6 and 7), indicates that the
presence of a Si polymer at high pH is the likely cause for
the observed fractionations, reflecting stronger distortion
of Fe–O bonds. In contrast, the number of octahedral lay-
ers involved was relatively constant with time for the exper-
iments that used 0.5 mM Fe(II)aq and 50 mM hematite
(Fig. 8B). In summary, our experiments have shown that
different experimental conditions, including variable
Fe(II)/hematite ratios, the presence of dissolved ions like
Si, and/or high pH, likely changed local bonding environ-
ments of surface hematite through alteration of the amount
and/or intensity of distortion of Fe–O bonds, resulting in
distinct Fe(II)aq–Fe(III)reac Fe isotope fractionations. These
results demonstrate that stable isotope fractionations may
serve as a proxy for the changes in structure of the surface
Fe oxide that undergoes electron and atom exchange after
exposure to aqueous Fe(II). Moreover, these findings sug-
gest that the Fe isotope compositions of aqueous Fe may
be controlled by the isotopic properties of surface Fe during
aqueous-oxide interaction, rather than the bulk mineral; the
important role of surface Fe(III) in determining the Fe iso-
tope composition of Fe(II)aq was also seen in the system
Fe(II)aq-goethite (Beard et al., 2010).

4.4. Implications for tracing biogeochemical cycling in the

modern and ancient Earth

There is a growing body of data which indicates that
negative d56Fe values for Fe(II)aq in natural systems reflects
DIR (e.g., Bergquist and Boyle, 2006; Severmann et al.,
2006; Staubwasser et al., 2006; Fehr et al., 2008; Severmann
et al., 2008; Homoky et al., 2009; Teutsch et al., 2009; Tan-
galos et al., 2010). This in turn has led workers on ancient
marine sedimentary rocks to suggest that negative d56Fe
values, particularly for Fe-rich rocks, most likely reflect an-
cient DIR (e.g., Yamaguchi et al., 2005; Archer and Vance,
2006; Jenkyns et al., 2007; Johnson et al., 2008a,b; Sever-
mann et al., 2008), although other workers have favored
abiological processes for production of negative d56Fe val-
ues in the ancient rock record (Rouxel et al., 2005; Anbar
and Rouxel, 2007). As highlighted by Johnson et al.
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(2008b), this debate centers on the quantities of low-d56Fe
aqueous Fe(II) produced, where DIR, if sustained by a flux
of reactive Fe(III) and organic carbon, is thought to pro-
duce greater quantities of low-d56Fe Fe(II)aq than abiolog-
ical Fe(II) oxidation and precipitation, which produces only
small quantities of Fe(II)aq that have low d56Fe values.

Our results confirm the proposal by Crosby et al. (2007)
that the mechanism for producing Fe isotope fractionation
during microbial reduction of hematite lies in isotopic ex-
change between Fe(II)aq and reactive Fe(III) on the oxide
surface. The resultant isotopic fractionations can be entirely
explained by the intrinsic Fe(II)aq-oxide/hydroxide fractio-
nations that have been measured or predicted for abiologic
systems. Crosby et al. (2007) suggested that the role of bac-
teria was to catalyze isotopic exchange via electron pump-
ing to the surface of iron oxides. The results presented
here, however, show that isotopic exchange may occur in
abiologic systems where Fe(II) and Fe(III) oxide are in
close proximity, most likely requiring significant sorbed
Fe(II). The changes in isotopic fractionations as a function
of pH and dissolved silica are broadly the same for the abi-
ologic experiments of the current study and those produced
by DIR under conditions of variable pH and dissolved sil-
ica (Wu et al., 2009). In light of these results, it may be log-
ical to ask, “can Fe isotopes be used to distinguish
biological and abiological processes?”.

For Fe(II)aq – oxide interactions that involve hematite,
our results indicate that isotopic exchange is limited to
one or two surface layers of octahedra, consistent with
the 55Fe tracer experiments of Pedersen et al. (2005), which
showed extremely limited exchange. In an abiologic system
where Fe(II)aq and hematite interact, the changes in d56Fe
values for Fe(II)aq that would result from atom and elec-
tron exchange will be determined by the molar ratio of
Fe(II)aq and hematite, specifically surface Fe(III) on hema-
tite. At the low ratios used in the current study (generally
1:100 Fe(II)aq:hematite), the isotopic shifts for Fe(II)aq will
be relatively large. If, however, in an abiologic system, the
proportions of Fe(II)aq and hematite remain unchanged,
only relatively small quantities of low-d56Fe Fe(II)aq will
be produced through coupled atom and electron exchange,
where the decrease in d56Fe will be greatest at very low
Fe(II)aq:hematite ratios. In an open abiologic system, such
as that involving flow of large quantities of Fe(II)aq through
a ferric oxide/hydroxide matrix, the d56Fe values for
Fe(II)aq will initially decrease but then recover to be equal
to the isotopic composition of the input Fe(II)aq, as shown
by the Fe(II)aq-goethite flow-through experiments of Mi-
kutta et al. (2009).

In contrast, during DIR, new surface layers of hematite
are continually exposed due to net reduction and generation
of Fe(II)aq. The results presented here demonstrate that these
surfaces, and the generated Fe(II)aq, will undergo isotopic ex-
change on timescales of days. In a closed-system, microbial
hematite reduction does not run to completion due to
eventual inhibition by sorbed Fe(II) (e.g., Urrutia et al.,
1998; Roden and Urrutia, 1999; 2002; Roden, 2004), but if
DIR-generated Fe(II)aq is advected away, DIR is a very
efficient pump for producing large quantities of low-d56Fe
aqueous Fe(II). Although isotopic mass balance requires that
the aqueous Fe(II) released in such an open reaction system
would become less negative with increasing extent of
reduction, significant amounts of low-d56Fe aqueous Fe(II)
could nevertheless be generated during partial Fe(III) oxide
reduction. In addition, if continued input of Fe(III) oxide
(i.e. fresh Fe(III)reac) and organic matter occurs, as in modern
marine sediments, production and export of low-d56Fe
aqueous Fe(II) via partial Fe(III) oxide reduction and Fe
isotopic exchange could be sustained indefinitely.

Full application of these results to tracing biological and
abiological Fe redox cycling in modern or ancient natural
environments requires consideration of additional factors.
First, it must be recognized that hematite, although attrac-
tive experimentally because it is amenable to acid leaching,
is not the most important Fe(III) oxide in most low-temper-
ature aqueous environments. Although reaction of Fe(II)aq

with poorly crystalline Fe(III)-hydroxides such as ferrihy-
drite rapidly produces mixed Fe(II)-Fe(III) oxides, reflect-
ing high apparent rates of Fe isotope exchange (Pedersen
et al., 2005), Fe isotope exchange rates between Fe(II)aq

and ferrihydrite can be markedly decreased in complex
solutions (Jones et al., 2009; Wu et al., 2010). Our full
understanding of Fe isotope exchange kinetics in systems
analogous to nature therefore remains incomplete. Second,
prediction of the Fe isotope variations expected in natural
systems requires assessment of the relative fluxes of different
Fe species (Fe(II)aq, oxides, hydroxides) and basin-scale
modeling. In conditions of low Fe(II)aq contents, such as
in modern seawater, or hypothesized for the photic zone
in the Neoarchean and Paleoproterozoic oceans, abiologic
Fe(II)aq-oxide Fe isotope exchange could indeed produce
low d56Fe values for Fe(II)aq in a manner similar to that
produced by abiologic Fe(II) oxidation (e.g., Bullen et al.,
2001; Rouxel et al., 2005); such a record would most likely
be preserved in Fe-poor rocks such as Ca–Mg carbonates.
Abiologic Fe(II) oxidation, or abiologic Fe(II)aq-oxide
interaction, however, cannot explain the low d56Fe values
found in Fe-rich marine sedimentary rocks, because these
require mobilization of large quantities of low-d56Fe
Fe(II)aq (e.g., Johnson et al., 2008b). Abiologic Fe(II)aq-
oxide interaction, at high Fe(II)aq:oxide ratios, will not pro-
duce low d56Fe values for Fe(II)aq. Similarly, extensive oxi-
dation of Fe(II) produces low d56Fe values in the remaining
Fe(II)aq only after large extents of oxidation, where the
quantities of Fe(II)aq are very low. It is, therefore, not suf-
ficient to consider only the d56Fe values for modern or an-
cient natural systems when evaluating the role of abiologic
or biologic processes, but the depositional and mass-bal-
ance constraints and potential Fe pathways of the specific
settings also need to be taken into account.

5. CONCLUSIONS

Iron isotope fractionations among aqueous Fe(II) and
Fe(III) oxide surface atoms (Fe(III)reac) provide insight into
changes in the surface structure of hematite during interac-
tion with aqueous Fe(II), under conditions of variable
Fe(II)/hematite ratios, the presence/absence of dissolved
Si, and neutral versus alkaline pH. The D56FeFe(II)aq–Fe(III)reac

fractionations in the absence of Si at neutral pH lie within the
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0.3& uncertainty of the experimentally determined equilib-
rium D56FeFe(II)aq-hem fractionation of �3.1& (Skulan et al.,
2002; Welch et al., 2003), clearly demonstrating that isotopic
(atom) exchange occurred between Fe(II)aq and the surface
Fe atoms on the hematite crystals. These findings confirm
the coupled electron and atom exchange mechanism pro-
posed to explain the Fe isotope fractionations produced dur-
ing microbial hematite reduction (Crosby et al., 2005, 2007).
In the presence of dissolved Si at high pH or with higher
Fe(II)/hematite molar ratios, the D56FeFe(II)aq–Fe(III)reac frac-
tionation often deviated from the expected �3.1& Fe(II)aq-
hematite fractionation and moved towards those expected
for aqueous Fe(II) and goethite, suggesting formation of
new phases on the hematite surface as a result of distortion
of near-surface Fe–O bonds and Si polymerization at high
pH. In addition, high pH and the presence of Si appears to
slow the rate of isotopic exchange between Fe(II)aq and
Fe(III)reac. Surface phase alteration may have important
implications for the reducibility of Fe(III) oxides by dissim-
ilatory iron-reducing bacteria (e.g., Cutting et al., 2009), as
well as the reactivity of aqueous Fe(II) when interacting with
contaminants in the presence of oxide surfaces (Buerge and
Hug, 1999; Elsner et al., 2004b).

As suggested by numerous studies of Fe isotopes in nat-
ural environments (e.g., Bergquist and Boyle, 2006; Sever-
mann et al., 2006; Staubwasser et al., 2006; Fehr et al.,
2008; Severmann et al., 2008; Homoky et al., 2009; Teutsch
et al., 2009; Tangalos et al., 2010), dissimilatory microbial
iron reduction (DIR) remains the most likely process for
producing large quantities of aqueous Fe(II) that has low
d56Fe values. Although abiologic Fe(II)aq-oxide interac-
tions, as studied here, may produce low d56Fe values similar
to those produced by abiologic oxidation of Fe(II), this
only occurs at low Fe(II)aq/oxide ratios. DIR, on the other
hand, continually exposes new surface Fe(III) layers, which,
along with production of Fe(II), suggests that DIR is a
more efficient “pump” for producing large quantities of
low-d56Fe Fe(II)aq than abiologic Fe(II) oxidation or
Fe(II)aq-oxide interaction.
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