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Abstract

Microbial dissimilatory iron reduction (DIR) has been identified as a mechanism for production of aqueous Fe(II) that has
low 56Fe/54Fe ratios in modern and ancient suboxic environments that contain ferric oxides or hydroxides. These studies sug-
gest that DIR could have played an important role in producing distinct Fe isotope compositions in Precambrian banded iron
formations or other marine sedimentary rocks. However, the applicability of experimental studies of Fe isotope fractionation
produced by DIR in geochemically simple systems to ancient marine environments remains unclear. Here we report Fe iso-
tope fractionations produced during dissimilatory microbial reduction of hematite by Geobacter sulfurreducens in the presence
and absence of dissolved Si at neutral and alkaline pH. Hematite reduction was significantly decreased by Si at alkaline (but
not neutral) pH, presumably due to Si polymerization at the hematite surface. The presence of Si altered Fe isotope fraction-
ation factors between aqueous Fe(II) or sorbed Fe(II) and reactive Fe(III), reflecting changes in bonding environment of the
reactive Fe(III) component at the oxide surface. Despite these changes in isotopic fractionations, our results demonstrate that
microbial Fe(III) oxide reduction produces Fe(II) with negative d56Fe values under conditions of variable pH and dissolved
Si, similar to the large inventory of negative d56Fe in Neoarchean and Paleoproterozoic age marine sedimentary rocks.
� 2009 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

Bacterial dissimilatory iron reduction (DIR) is a major
pathway of organic carbon oxidation in modern marine sed-
iments where reactive Fe(III) hydroxides are present (e.g.,
Lovley, 1991; Thamdrup, 2000). A flux of organic carbon
driven by anoxygenic CO2 fixation coupled to Fe(II) oxida-
tion (Cloud, 1965; Garrels et al., 1973; Widdel et al., 1993)
could have supplied the organic carbon and Fe(III) required
to facilitate DIR in the early Earth (Lovley, 2000). DIR has
been hypothesized to have played an important role in pro-
ducing distinct Fe isotope compositions in Precambrian
banded iron formations (BIFs) or other marine sedimentary
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rocks (Staubwasser et al., 2004; Yamaguchi et al., 2005; Berg-
quist and Boyle, 2006; Severmann et al., 2006; Jenkyns et al.,
2007; Johnson et al., 2008a,b; Severmann et al., 2008). Exper-
imental studies of Fe isotope fractionation produced by
DIR, however, have been limited to date in exploring the
effects of pH and dissolved ions, potentially limiting the
applicability of previous studies to conditions that were anal-
ogous to ancient marine environments.

A number of experimental studies have shown that
aqueous Fe(II) produced by DIR has low 56Fe/54Fe ratios
relative to the initial Fe(III) substrate (Beard et al., 1999,
2003; Crosby et al., 2005, 2007). Experimental studies by
Crosby et al. (2005, 2007) provided an important break-
through in identifying the fundamental mechanism for Fe
isotope fractionation during DIR, which involves coupled
electron transfer and atom (isotope) exchange between
aqueous Fe(II) (Fe(II)aq) and a reactive Fe(III) component
(Fe(III)reac) on the Fe(III) oxide surface (Fig. 1). Bacteria
are envisioned to catalyze isotopic exchange between
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Fig. 1. Schematic illustration of bacterial reduction of hematite (modified after Crosby et al., 2007, not to scale). Part of the aqueous Fe(II)
(Fe(II)aq) produced sorbs to hematite surface (Fe(II)sorb), and then undergoes electron transfer and Fe(II)–Fe(III) atom exchange, producing a
reactive layer of Fe(III) at the oxide surface (Fe(III)reac) that has 56Fe/54Fe ratios which are higher than those of the initial hematite, balanced
by Fe(II)aq that has 56Fe/54Fe ratios which are lower than the initial hematite. The left side shows overall isotopic fractionation between
Fe(II)aq and Fe(III)reac of ��3&, the expected fractionation where Fe(III)reac is hematite. The right side, however illustrates the changes
observed in this study in the presence of Si, and at high pH, where fractionation between Fe(II)aq and Fe(III)reac does not reflect that of the
equilibrium Fe(II)aq-hematite fractionation, suggesting Fe(III)reac is a phase other than hematite or that Fe bonding is significantly different
than that in the Si-absent, circum-neutral pH experiments.
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Fe(II)aq and Fe(III)reac atoms on the substrate surface dur-
ing transfer of electrons to the substrate.

In this study, the isotopic fractionations produced by
DIR are explored over a range in pH and dissolved ion con-
tents to better approximate conditions that existed in an-
cient marine environments, particularly with regard to
dissolved Si, which likely existed in Precambrian oceans
at levels approaching saturation with amorphous Si
(2.14 mM Si) at �25 �C (Maliva et al., 2005; Konhauser
et al., 2007). We investigated Fe isotope fractionation dur-
ing hematite reduction by Geobacter sulfurreducens, in the
presence and absence of dissolved Si, at neutral as well as
alkaline pH. Silica polymerization at high pH (e.g., Stumm
et al., 1967; Davis et al., 2002) was hypothesized to influ-
ence hematite reduction rates, and therefore has potential
to affect the quantities of isotopically fractionationated
Fe(II) produced by DIR. Moreover, adsorption of Si to
hematite may change local bonding environments of reac-
tive Fe(III) on the surface by forming Si–O–Fe bonds
(e.g., Schwertmann and Thalmann, 1976; Vempati and
Loeppert, 1989; Masion et al., 2001; Doelsch et al., 2003),
potentially influencing Fe isotope fractionations. Our re-
sults demonstrate that pH and Si may exert strong controls
on the rates of reduction, as well as Fe isotope fractiona-
tions, but that DIR remains a viable explanation for the
large Fe isotope excursions produced in Neoarchean to
Paleoproterozoic marine sedimentary record.

2. EXPERIMENTAL DESIGN AND METHODS

2.1. Experimental design

In designing the experiments, our intention was to
bridge the gap between the relatively simple conditions used
in previous experiments on Fe isotope fractionation during
DIR and those that may be closer to those of the Precam-
brian oceans in several components, including dissolved
ions and pH. We examined the effects of dissolved ions
using Si, because one of the most dramatic contrasts in sea-
water chemistry between the Precambrian and Phanerozoic
lies in dissolved Si, where Si in the Precambrian oceans may
have reached saturated conditions, prior to evolution of Si-
secreting organisms in the Phanerozoic (Maliva et al., 2005;
Konhauser et al., 2007). We used a dissolved Si content of
2.14 mM, which is close to solubility of amorphous Si in
water at 25 �C (Iler, 1979). In addition to conducting exper-
iments in neutral-pH Pipes (1,4-piperazine-N,N0-bis-2-eth-
anesulfonic acid, sesquisodium salt) buffer, analogous to
our previous studies (Crosby et al., 2005, 2007), we per-
formed experiments at pH 8.7, obtained upon addition of
2.14 mM Na2SiO3 to neutral-pH Pipes buffer. In the ab-
sence of precise knowledge about the pH conditions of Pre-
cambrian oceans (see Section 4.3), we chose not to modify
this pH value. In addition, this value is closer to that of
modern seawater (pH 8.1), and is slightly higher than the
point of zero charge for hematite (8.5; e.g., Stumm, 1992;
Liger et al., 1999; Jeon et al., 2001), which allows testing
of any effects due to negatively (pH > 8.5) vs. positively
(pH < 8.5) charged hematite surfaces.

2.2. Fe(III) oxide substrate

The Fe(III) oxide substrate used in the current study was
hematite (a-Fe2O3) purchased from Fisher Scientific (Nal-
tham, MA, USA). X-ray diffraction confirmed that the
material is hematite, and that no other phases were present.
The BET surface area was determined to be 10.8 m2/g and
the particle had an average diameter of 100 nm (determined
by TEM). Although hematite is not the most common
Fe(III) mineral utilized by iron-reducing bacteria in natural
systems (Roden, 2008), it is amenable to partial dissolution
by weak HCl as a means for determining the components
that have undergone isotopic exchange (Crosby et al.,
2005, 2007). In addition, among the various Fe(III) oxides,
hematite is the only mineral yet studied where the Fe iso-
tope fractionation factors have been determined in abiolog-
ic systems to provide a reference frame for interpreting the
fractionations produced in biological systems (see Section
4.2).

2.3. Bacterial strains and culturing

Experiments were performed using the dissimilatory
Fe(III)-reducing bacterium G. sulfurreducens strain PCA



Table 1
Initial Fe isotope compositions of hematite and tests for isotopic
homogeneity.

Sample Aliquota Analyses

d56Fe 2-SEb d57Fe 2-SEb

Hematite starting material

1 0.12 0.02 0.18 0.02
2 0.15 0.02 0.21 0.02

Hematite partial dissolution

1.7% dissolved Aqueous 0.21 0.03 0.31 0.03
1.7% dissolved Solids 0.10 0.03 0.17 0.02
8.6% dissolved Aqueous 0.13 0.02 0.24 0.02
8.6% dissolved Solids 0.11 0.02 0.16 0.02
17.0% dissolved Aqueous 0.16 0.02 0.26 0.02
17.0% dissolved Solids 0.08 0.03 0.15 0.02
23.4% dissolved Aqueous 0.16 0.03 0.23 0.02
23.4% dissolved Solids 0.11 0.02 0.14 0.02

a Different aliquots are from the same sample but were separately
processed through anion-exchange chromatography.

b 2-SE is the internal standard error based on forty 10-s on-peak
integrations taken for each analysis.
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(Caccavo et al., 1992). G. sulfurreducens was grown with
fumarate as the electron acceptor, and acetate as the carbon
and energy source, prior to inoculation of the hematite-
bearing experiments. Cells were harvested and washed twice
with sterile, anaerobic Pipes buffer (10 mM, pH 7) before
adding �108 cells/mL to 100 mL of sterile, anaerobic, H2-
saturated Pipes buffer containing 50 mM of hematite
(100 mM Fe(III)). Eight experiments (four pairs of dupli-
cate reactors) were conducted: with and without 2.14 mM
Si (added as Na2SiO3�9H2O) at pH 7, and with and without
2.14 mM Si at pH 8.7. H2 served as the only energy source
for Fe(III) reduction. The ionic strength of all the media
was about 0.02 M. Non-growth conditions (no added C,
N, or P) were employed to avoid precipitation of carbon-
ate- and phosphate-containing Fe minerals, which could
complicate interpretation of the Fe isotope data. The bot-
tles were incubated at 30 �C in the dark, and all sampling
and extraction was carried out inside an anaerobic chamber
(Coy Products, Grass Lake, MI, USA).

2.4. Sampling and extraction procedures

Aliquots (10 mL) of the hematite suspensions were col-
lected periodically over the course of 60 days and centri-
fuged (under N2 in gas-tight plastic centrifuge tubes) to
isolate the aqueous fraction. The remaining solids were ex-
tracted for 10 min with 0.05 M HCl to remove the majority
of sorbed Fe(II) (defined as Fe(II)sorb) without dissolving
any underlying Fe(III); the lack of dissolution of any
Fe(III) oxide in this step was confirmed through Fe(II)
and total Fe measurements. Fe(II) and total Fe concentra-
tions were measured using Ferrozine (Stookey, 1970) with
and without hydroxylamine-HCl, and Fe(III) was determined
by difference. A second extraction was performed using
0.5 M HCl for �18 h to remove any remaining Fe(II)sorb,
and to dissolve a small amount of Fe(III) oxide. All samples
were passed through 0.2 lm filters to avoid carryover of
hematite particles, and aqueous and 0.05 M HCl fractions
were acidified with HCl to a final concentration of
�0.5 M to stabilize dissolved Fe. Silica concentrations in
aqueous phase samples and HCl extracts were measured
using an ICP-OES.

2.5. Abiologic Fe–Si gel experiments

In order to gain insight into potential Fe isotope effects
through formation of Fe(II)–Si gel in the pH 8.7 Si added
experiments, we conducted abiologic experiments in the ab-
sence of hematite. FeCl2 (0.5 mM) with an initial d56Fe va-
lue of �0.52& was added to 10 mL of 10 mM anaerobic
Pipes buffer containing 2.14 mM Si at pH 8.7. The bottles
were agitated either once during sampling or constantly
on a roller table, as noted in the data table. After 8 days,
samples were centrifuged to remove Fe(II)–Si gel from
aqueous fraction. The supernatant was passed through a
0.2 lm filter. The Fe–Si gel pellet was dissolved using
0.5 M HCl. One milliliter of 0.5 M HCl was then added
to the bottle in order to retrieve residue attached to the bot-
tle wall. Finally, the filter paper was collected and dissolved
in 7 M HCl to completely recover added Fe. Concentra-
tions of Fe and Si in different fractions were measured as
described above.

2.6. Fe isotope measurements and control tests

All Fe-containing solutions including 14 synthetic solu-
tions were purified using anion-exchange chromatography
(typical column yields 98%), followed by Fe isotope mea-
surements using a MC-ICP-MS, as previously described
(Beard et al., 2003). Fe(II)aq fractions from pH 8.7 experi-
ments were not analyzed for isotopic compositions due to
their very low Fe contents (<10 lg). Data are reported as
56Fe/54Fe ratios relative to the average of igneous rocks
in standard d notation, in units of per mil (&):

d56Fe ¼
56Fe=54Fesample

56Fe=54FeIgRxs

� 1

� �
� 103 ð1Þ

Data are also reported as d57Fe values, based on the
57Fe/54Fe ratio, defined in an analogous manner. Measured
external precision in d56Fe values is ±0.08&, which is two
standard deviations (2r) based on replicate standard analy-
ses (n = 112). On the igneous rock scale, the d56Fe value of
the IRMM-014 standard is �0.09& (Beard et al., 2003).
The Fe isotope fractionation between two phases or species
A and B is defined as:

D56FeA–B ¼ d56FeA � d56FeB ð2Þ

following standard practice.
To check that the hematite used as a substrate was isoto-

pically homogeneous, several partial dissolutions were done
using 3 M HCl for varying lengths of time. Complete disso-
lution of bulk samples using 7 M HCl indicated that the
initial d56Fe value of the hematite was +0.13& (Table 1).
All of the partial dissolution tests indicated that the hematite
is isotopically homogenous within analytical uncertainty
(Table 1).
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Accuracy of Fe isotope results were evaluated by analy-
sis of 14 synthetic solutions that consisted of 5 mL of
10 mM Pipes with 2.4–8.0 lg of Fe of known isotopic com-
position added to them. The average d56Fe value of these
synthetic solutions was 0.46 ± 0.14 (2r; n = 14), which is
identical to the isotope composition measured for the pure
Fe solution (d56Fe = 0.46 ± 0.08; 2r; n = 36).

3. RESULTS

We first compare hematite reduction rates as a function
of pH and the presence and absence of Si. Differences
among the biological experiments in their Fe isotope com-
positions and proportions of Fe species are then presented,
followed by results from Fe–Si gel experiments.

3.1. Comparison of hematite reduction at pH 7 and pH 8.7,

with and without Si

Over the course of 60 days, only a small fraction of
hematite (<1%) was reduced under the experimental condi-
tions (Fig. 2, electronic annex Tables EA1–4). The extent of
hematite reduction was �10-fold lower at elevated pH in
the presence of Si (Fig. 2A and C). The pH effect was smal-
ler (�2-fold) but still significant in the absence of Si (Fig. 2B
and D). Total recovery of Si was attained when the Si con-
tents of the aqueous aliquot and 0.05 M HCl and 0.5 M
HCl extracts were summed (Fig. 3, Table 2). This observa-
tion excludes the possibility that Fe(II) was sequestered in
acid-insoluble iron-silicates, which may occur at high pH
(Klein, 2005). The low total Fe(II) contents at pH 8.7 in
the presence of Si, therefore, reflects significantly decreased
hematite reduction by G. sulfurreducens, rather than pro-
duction of an Fe(II) phase that was not sampled. Total
A

C

Fig. 2. Hematite reduction by Geobacter sulfurreducens in the presence
absence of Si at pH 7 (B) and 8.7 (D). � = Fe(II)aq; d = Fe(II)sorb in 0.
Fe(II) (sum of Fe(II)aq and Fe(II)sorb in the 0.05 M and 0.5 M HCl extra
Fe(II) decreased slightly after 40 or 51 days in three of
the four experiments, but this did not correlate with
changes in Si contents within measurement uncertainties
(Fig. 3). The strong decrease in total Fe(II) at day 60 in
the pH 8.7 no Si experiment was likely due to incomplete
homogenization of the hematite suspension during sam-
pling at the last time point.

Fe(II)aq and 0.05 M HCl-extractable Fe(II)sorb com-
prised the majority of total Fe(II) at pH 7, regardless of
the presence or absence of Si (Fig. 2A and B). The amount
of Fe(II)aq was much smaller at pH 8.7 (Fig. 2C and D),
and Fe(II)sorb extracted with 0.05 M HCl was the major
component of total Fe(II). This result is consistent with in-
creased sorption of Fe(II) to hematite surfaces when pH is
increased (e.g., Liger et al., 1999; Jeon et al., 2001; Strath-
mann and Stone, 2003). The 0.05 M HCl extraction recov-
ered exclusively Fe(II), whereas 0.5 M HCl extractions
removed a mixture of Fe(II) and Fe(III). Most of the
0.5 M HCl extracts, except for those from the initial time
point, were predominately composed of Fe(III), with
Fe(III)/total Fe ratios >0.6 (Tables EA1–4).

3.2. Fe isotope exchange during hematite reduction

The d56Fe values of Fe(II)aq (d56FeFe(II)aq) and Fe(II)sorb

(d56FeFe(II)sorb) varied little over time in Si free medium
(Fig. 4B and D), and were �1.3& and �0.9& lower than
the initial hematite substrate, respectively (Fig. 4B). These
results are consistent with previous studies of bacterial
hematite reduction without Si (Crosby et al., 2005, 2007).

d56FeFe(II)aq and d56FeFe(II)sorb increased gradually over
time in the pH 7 Si added experiment (Fig. 4A), whereas
at pH 8.7, d56FeFe(II)sorb decreased by �0.5& (Fig. 4C).
d56FeFe(II)aq and d56FeFe(II)sorb values were �0.5–1.0&
B

D

of dissolved Si (2.14 mM Si) at pH 7 (A) and 8.7 (C), and in the
05 M HCl extract; N = Fe(II)sorb in 0.5 M HCl extract; h = Total
cts). Error bars show the range of duplicate suspensions.
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Fig. 3. Temporal variations in Si concentrations for experiments at pH 7 (A) and pH 8.7 (B). � = aqueous Si; d = Si in 0.05 M HCl extract;
N = Si in 0.5 M HCl extract; h = Total Si (sum of aqueous Si and Si in the 0.05 M and 0.5 M HCl extracts).

Table 2
Dissolved Si and Fe(II) concentrations of aqueous, 0.05 M HCl and 0.5 M HCl extracts and Si:Fe ratios for experiments at pH 7 and pH 8.7.

Experiments Replicate Day Aqueous 0.05 M HCl 0.5 M HCl

Si (mM) Fe(II) (mM) Si (mM) Fe(II) (mM) Si:Fe Si (mM) Fe(II) (mM) Si:Fea

pH 7 1 1 2.109 0.037 0.038 0.031 1.2 0.021 0.013 1.3
2 1 2.088 0.034 0.047 0.053 0.9 0.033 0.015 1.2
1 8 1.897 0.146 0.024 0.044 0.5 0.032 0.016 0.9
2 8 1.898 0.145 0.043 0.080 0.5 0.058 0.017 1.0
1 13 1.907 0.231 0.123 0.392 0.3 0.282 0.038 0.9
2 13 1.910 0.240 0.122 0.381 0.3 0.280 0.034 1.0
1 20 1.872 0.321 0.089 0.315 0.3 0.210 0.036 0.9
2 20 1.860 0.323 0.077 0.263 0.3 0.162 0.036 0.8
1 27 1.886 0.392 0.095 0.344 0.3 0.226 0.039 0.8
2 27 1.856 0.394 0.097 0.335 0.3 0.207 0.035 0.8
1 40 1.715 0.481 0.106 0.388 0.3 0.199 0.041 0.7
2 40 1.701 0.491 0.073 0.318 0.2 0.164 0.034 0.7
1 51 1.639 0.424 0.078 0.337 0.2 0.158 0.045 0.6
2 51 1.623 0.419 0.096 0.436 0.2 0.210 0.040 0.6
1 60 1.471 0.423 0.065 0.312 0.2 0.151 0.028 0.6
2 60 1.489 0.405 0.080 0.379 0.2 0.174 0.033 0.6

pH 8.7 1 1 2.008 0.009 0.052 0.012 4.3 0.039 0.015 3.4
2 1 2.027 0.008 0.072 0.016 4.4 0.073 0.016 4.5
1 8 1.956 0.014 0.039 0.021 1.9 0.079 0.017 3.1
2 8 1.889 0.013 0.057 0.026 2.2 0.150 0.019 4.6
1 13 1.918 0.010 0.087 0.043 2.0 0.292 0.019 6.2
2 13 1.931 0.007 0.073 0.032 2.3 0.233 0.015 6.6
1 20 1.834 0.011 0.029 0.041 0.7 0.180 0.019 3.5
2 20 1.931 0.011 0.031 0.035 0.9 0.170 0.019 3.7
1 27 1.947 0.008 0.079 0.063 1.3 0.265 0.023 4.0
2 27 1.973 0.008 0.068 0.046 1.5 0.196 0.023 3.8
1 40 1.871 0.009 0.052 0.059 0.9 0.186 0.027 2.8
2 40 1.888 0.009 0.062 0.057 1.1 0.199 0.024 3.2.
1 51 1.945 0.009 0.053 0.044 1.2 0.133 0.023 2.8
2 51 1.972 0.009 0.058 0.049 1.2 0.161 0.026 2.9
1 60 1.901 0.007 0.048 0.050 1.0 0.150 0.021 2.8
2 60 1.955 0.007 0.045 0.040 1.1 0.122 0.022 2.7

a Si:Fe ratios were combined Si in 0.05 M HCl and 0.5 M HCl extracts versus total sorbed Fe(II) (equal to Fe(II) in 0.05 M HCl extract plus
Fe(II) in 0.5 M HCl extract).
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and �0.4–0.7& lower than the initial hematite, respectively,
at pH 7 (Fig. 4A). d56FeFe(II)sorb averaged �1.2& lower
than the initial hematite at pH 8.7 (Fig. 4C). At all time
points the d56Fe values of the 0.5 M HCl extracts were sim-
ilar to or greater than the initial hematite substrate, indicat-
ing that isotopically heavy Fe(III)reac formed at the
hematite surface through isotopic exchange with Fe(II)aq

and Fe(II)sorb.
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Fig. 4. Temporal changes in d56Fe values for Fe(II)aq, 0.05 M HCl-extractable Fe(II)sorb, and total Fe (both Fe(II) and Fe(III)) in the 0.5 M
HCl extract. Errors are smaller than the symbol size unless otherwise indicated. Error bars show the range of duplicate suspensions. The
horizontal bars show the initial Fe isotope composition of the hematite substrate.
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3.3. Calculation of d56Fe values for the Fe(III) end-member in

the 0.5 M HCl extracts

Following Crosby et al. (2005, 2007), we may assume
that the bulk Fe isotope composition of 0.5 M HCl extracts
are a mixture of Fe(II) and Fe(III)reac, where Fe(II) reflects
Fe(II)sorb not recovered by the 0.05 M HCl extraction, and
Fe(III)reac is a reactive Fe(III) component on the hematite
surface that was open to isotopic exchange. We assume that
the d56Fe values of the Fe(II) component are the same as
Fe(II)sorb recovered by the 0.05 M HCl extraction; this
assumption is supported by the observation of consistent
isotopic fractionations over a range of Fe(II)aq and Fe(II)-

sorb contents (Crosby et al., 2007). This approach allows
calculation of the d56Fe value of the Fe(III)reac component
of the 0.5 M HCl extracts (d56FeFe(III)reac) using a simple
isotopic mass balance equation (Crosby et al., 2007):

d56Fe0:5 M HCl ¼ X FeðIIÞd
56FeFeðIIÞsorb

þ X FeðIIIÞd
56FeFeðIIIÞreac ð3Þ

where X represents the mole fractions of Fe(II) and Fe(III)
in the 0.5 M HCl extract. XFe(II) and d56Fe0.5 M HCl from
this mass-balance relation are plotted in Fig. 5 for each of
the four experiments. In addition, d56FeFe(II)sorb is plotted
at XFe(II) = 1.0, and with these additional points, a mixing
line was constructed for each time point to calculate the
d56Fe values for the pure Fe(III) component (where
XFe(II) = 0).

The most precise estimates of d56FeFe(III)reac are ob-
tained for 0.5 M HCl extracts that have high proportions
of Fe(III). The Excel add-in ISOPLOT (Ludwig, 1991)
was used to calculate the 2r errors in d56FeFe(III)reac, incor-
porating uncertainties for Ferrozine measurement and mea-
sured isotopic compositions. Because the 0.5 M HCl
extracts for the two duplicate reactors contain different pro-
portions of Fe(II) and Fe(III), each of the two duplicates
was calculated individually to obtain its d56FeFe(III)reac

and 2r error using ISOPLOT (Fig. 5), and the average
was taken and errors were propagated for the average.
All 0.5 M HCl extracts had more than 40% of Fe(III),
and most had greater than 60% Fe(III). The calculated er-
rors for d56FeFe(III)reac were <0.4& for extracts with <60%
Fe(III) and <0.2& for extracts with >60% Fe(III). Calcu-
lated d56FeFe(III)reac values for the Si added experiments
ranged from +0.8& to +1.9& at pH 7, and +0.2& to
+1.5& at pH 8.7 (Fig. 5A and C). For the no Si experi-
ments, the d56FeFe(III)reac values ranged from +1.2& to
+1.8& at pH 7 and +0.7& to +1.3& at pH 8.7 (Fig. 5B
and D). All of these d56FeFe(III)reac values were significantly
higher than that of the initial hematite.

3.4. Isotopic fractionations among Fe(II)aq–Fe(II)sorb–

Fe(III)reac at pH 7 and 8.7

The D56FeFe(II)aq–Fe(II)sorb fractionation was invariant
throughout the pH 7 experiments, for which the weighted
average (calculated using ISOPLOT) values were
�0.20 ± 0.16& and �0.49 ± 0.09&, respectively, for the
no Si and plus Si systems (Fig. 6). In comparison, Crosby
et al. (2007) measured the values of �0.30 ± 0.08& for bac-
terial reduction of hematite at pH 7 in the absence of Si
(Fig. 6B). The reason for the small difference between this
study and Crosby et al. (2007) is unknown but may reflect
the more efficient recovery of Fe(II)sorb using 0.05 M HCl
compared to sodium acetate.
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Fig. 5. Mixing diagrams illustrating calculation of Fe(III) end-member component in the 0.5 M HCl extracts, which contained mixtures of
Fe(II) and Fe(III). d56Fe–XFe(II) pairs for each time point (days shown in legend) reflect those measured in the 0.5 M HCl extract (XFe(II) < 1.0)
or in the 0.05 M HCl extract (XFe(II) � 1.0). Extraploation from XFe(II) = 1.0 and d56FeFe(II)sorb, through the d56Fe and XFe(II) measured for the
0.5 M HCl extract, to XFe(II) = 0.0 allows calculation of the d56Fe values for the pure Fe(III) component in the extract.

A B

Fig. 6. Temporal variations in Fe(II)aq–Fe(II)sorb (�) and Fe(II)aq–Fe(III)reac (N) isotope fractionation factors for experiments at pH 7 in the
presence of Si (A) and absence of Si (B). Error bars for each time point reflect 2r uncertainties propagated from errors in measured d56Fe
values for Fe(II)aq and Fe(II)sorb, and calculated uncertainties in d56FeFe(III)reac based on errors in the extrapolations shown in Fig. 5. Gray
horizontal bars show weighted averages for each fractionation factor from this study. Dotted horizontal bars show weighted average for
Fe(II)aq–Fe(II)sorb fractionation factor from Crosby et al. (2007; DAVG is shown in italics). Black horizontal lines indicate Fe(II)aq–Fe(III)reac

fractionation factor for the system Fe(II)–hematite. The Fe(II)aq–Fe(III)reac fractionation factor for Si added pH 7 experiments deviated from
that of the system Fe(II)–hematite, reflecting involvement of an Fe(III)reac component that is not hematite.
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The D56FeFe(II)aq–Fe(III)reac fractionation also showed little
variation with time in the pH 7 no Si experiments (Fig. 6B).
The mean fractionation of �2.60 ± 0.19& was slightly
smaller than that measured by Crosby et al. (2007)
(�2.95 ± 0.19&), although these fractionations overlap
within error. In the pH 7 Si added experiment, the
D56FeFe(II)aq–Fe(III)reac fractionation was �2.70 ± 0.36& at
day 8, which was comparable to the average fractionation
measured in the no Si experiment. The D56FeFe(II)aq–Fe(III)reac

fractionation decreased after day 8 to a constant value of
�1.64 ± 0.18& (Fig. 6A). This is a markedly different frac-
tionation than any yet measured during bacterial reduction
of hematite.

Almost the entire Fe(II) inventory existed as Fe(II)sorb at
pH 8.7 (Fig. 2), preventing accurate measurement of
d56FeFe(II)aq. We therefore cast isotopic fractionations with
Fe(III)reac relative to Fe(II)sorb and compare these to
values obtained in the pH 7 experiments (Fig. 7). The
D56FeFe(II)sorb–Fe(III)reac fractionation was �1.76 ± 0.21&

for the pH 8.7 no Si experiment (Fig. 7D). This value
overlaps with that of �2.11 ± 0.21& for the pH 7 no Si
experiment (Fig. 7B). In both of these experiments,
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Fig. 7. Temporal variations in Fe(II)sorb–Fe(III)reac isotope fractionation factors for pH 7 Si added (A), pH 7 no Si (B), pH 8.7 Si added (C),
and pH 8.7 no Si (D) experiments. Error bars for each time point reflect 2r uncertainties propagated from errors in measured d56FeFe(II)sorb

values and calculated uncertainties in d56FeFe(III)reac based on errors in the extrapolations shown in Fig. 5. Gray horizontal bars show
weighted averages for each fractionation factor from this study for silica-absent experiments. Black horizontal lines indicate Fe(II)sorb–
Fe(III)reac fractionation factor for the system Fe(II)–hematite. The Fe(II)sorb–Fe(III)reac fractionation factors for silica-bearing experiments
deviated from that of the system Fe(II)–hematite, reflecting involvement of an Fe(III)reac component that is not hematite, such as a Fe–O–Si
polymer on the surface of the hematite substrate.
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D56FeFe(II)sorb–Fe(III)reac values did not systematically vary
with time. In contrast, D56FeFe(II)sorb–Fe(III)reac fractionations
varied with time in the Si added experiments, particularly at
high pH (Fig. 7A and C). In the pH 7 experiment, the frac-
tionation was �2.41 ± 0.38& at day 8 and then decreased
to an average of �1.43 ± 0.34& that remained constant
(Fig. 7A). In the pH 8.7 experiment, the fractionation was
MTOT ReacFe ¼
d56FeFeðIIÞaq �MFeðIIÞaq þ d56FeFeðIIÞsorb �MFeðIIÞsorb þ d56FeFeðIIIÞreac �MFeðIIIÞreac

d56FeSys

¼ MFeðIIÞaq þMFeðIIÞsorb þMFeðIIIÞreac ð4Þ
approximately �1.2& at day 8 and day 13, and then in-
creased to�1.74 ± 0.15& at day 20; the last two time points
averaged �2.66 ± 0.18& (Fig. 7C).

3.5. Proportions of Fe(II)aq, Fe(II)sorb, and Fe(III)reac in the

reactive Fe pool

The mole sum of Fe(II)aq, Fe(II)sorb, and Fe(III)reac

comprises the total reactive Fe pool (MTOT ReacFe) that
underwent isotopic exchange (Fig. 1), and this pool must
have the same isotopic composition as the starting hematite
substrate (Crosby et al., 2005). In our experiments, the mo-
les of Fe(II)aq (MFe(II)aq) are determined by the measured
concentrations and the volume of Fe(II)aq. The moles of
Fe(II)sorb (MFe(II)sorb) are the sum of Fe(II) measured in
the 0.05 M HCl and 0.5 M HCl extracts. The moles of
Fe(III)reac (MFe(III)reac) cannot be directly measured but
can be calculated based on isotopic mass balance con-
straints as follows (Crosby et al., 2007):
In order to make direct comparisons with previous isotopic
studies, we normalize to a system Fe isotope composition of
d56FeSys = 0 by subtracting +0.13& from all measured
d56Fe values, as well as the initial calculated d56FeFe(III)reac

value. Solving Eq. (4) for MFe(III)reac produces the relation:

MFeðIIIÞreac¼
�d56FeFeðIIÞaq �MFeðIIÞaq�d56FeFeðIIÞsorb �MFeðIIÞsorb

d56FeFeðIIIÞreac

ð5Þ

Note here that MFe(III)reac is the amount of Fe(III) in hema-
tite that is required to attain isotopic mass balance among
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Fe(II)aq, Fe(II)sorb, and Fe(III)reac; MFe(III)reac is not equal
to the measured Fe(III) in the 0.5 M HCl extract. It is
important to note that the calculated amount of MFe(III)reac

based on isotopic mass balance (Eq. (5)) were always great-
er than the moles of Fe(III) measured in the 0.5 M HCl ex-
tract, which indicates that none of the original unreacted
hematite substrate was dissolved in the 0.5 M HCl extracts.
This is critical, because if the 0.5 M HCl extract contained
Fe(III) from the original hematite, the effect would be to
produce anomalously low fractionations, which would af-
fect our conclusions.

Crosby et al. (2007) adopted an alternative to Eq. (5)
by recasting d56FeFe(III)reac in terms of the mean
D56FeFe(II)aq–Fe(III)reac fractionation that was measured for
all time points. This approach was used to minimize error
propagations that were associated with sometimes large
uncertainties in the individually calculated d56FeFe(III)reac

values for each sample because Fe(II) contents in their
0.5 M HCl extracts were often high, requiring a large
extrapolation to the pure Fe(III) end-member (Fig. 5). In this
study we do not assume a constant D56FeFe(II)aq–Fe(III)reac

because (1) there does not appear to be a constant
D56FeFe(II)aq–Fe(III)reac fractionation that is applicable to all
samples and (2) we obtained higher proportions of Fe(III)
in our 0.5 M HCl extracts (typically >60%) relative to that
of Crosby et al. (2007) due to longer extraction time with
0.5 M HCl (�18 h vs. 1 h). We therefore use Eq. (5) to calcu-
late the moles of Fe(III)reac because we were able to infer a
precise d56Fe value for the Fe(III)reac component. For pH
8.7 experiments, the d56FeFe(II)aq values are calculated
assuming that the average D56FeFe(II)aq–Fe(II)sorb fractiona-
tions for the systems with and without Si are the same as
those at pH 7, equal to �0.20& and �0.49&, respectively.
This assumption is required because d56FeFe(II)aq was not di-
rectly measured in the pH 8.7 experiments, but introduces
negligible error in Eq. (5) due to the very small quantities
of Fe(II)aq in these experiments (Fig. 2C and D).

The molar quantities of Fe(II)aq, Fe(II)sorb, and Fe(III)reac,
as well as the total reactive Fe pool, are summarized in Table 3.
A key result is that increased pH reduced the size of the total
reactive Fe pool, regardless of the presence of Si, commensu-
rate with the lower extent of hematite reduction; this in turn
led directly to a reduction in the moles of the Fe(III)reac. Tem-
porally, in the pH 7 experiments, the total amount of reactive
Fe increased from day 8 to day 13 and then leveled off, regard-
less of the presence of Si. In the pH 8.7 Si added experiments,
the size of the reactive Fe pool decreased rapidly after reaching
a peak at day 13. In comparison, in the pH 8.7 no Si experi-
ments, the size of the reactive Fe pool did not significantly
change from day 13 to day 40, but decreased about half at
day 60, which, as noted earlier, likely reflects a sampling error
at the last time point.

The relative proportions of Fe(II)aq, Fe(II)sorb, and
Fe(III)reac (XFe(II)aq, XFe(II)sorb, XFe(III)reac) did not signifi-
cantly change with time at pH 7, regardless of the presence
of Si (Fig. 8A). They also remained relatively constant over
time at pH 8.7 in the absence of Si (Fig. 8B). In contrast,
the proportions changed significantly over time at pH 8.7
in the presence of Si (Fig. 8B). XFe(III)reac increased slightly
from day 8 to day 13, then decreased dramatically to a con-
stant value at the end of the experiment. These variations
were accompanied by complementary variations in
XFe(II)sorb.

3.6. Fe isotope fractionations upon formation of Fe–Si gel

Although we found no evidence for formation of Fe-sil-
icate minerals using XRD, the very low Fe(II)aq contents in
the pH 8.7 Si added experiments raised the possibility that
an Fe(II)–Si gel formed that was sampled in the 0.05 M and
0.5 M HCl extractions (Fig. 3, Table EA-3). The potential
Fe isotope effects of this phenomenon were investigated in
abiologic experiments in the absence of hematite (Table
4). These experiments demonstrated that Fe(II)-rich Si gels
may form at pH 8.7. The measured fractionation factor
between aqueous Fe(II) and Fe–Si gel was �0.51 ±
0.18&, which is indistinguishable from the average
D56FeFe(II)aq–Fe(II)sorb fractionation at pH 7 (Fig. 6). The
exact composition of residues in the bottles and on the filter
papers remains unknown, but possibilities include some
Fe hydroxides and Si polymers. The fact that the
D56FeFe(II)aq-Fe–Si gel fractionation is indistinguishable from
the D56FeFe(II)aq–Fe(II)sorb fractionation demonstrates that
Fe(II) in the Fe–Si gel will essentially have the same Fe
isotope composition as sorbed Fe(II), and thus have no
influence on the D56FeFe(II)sorb–Fe(III)reac fractionation in
the pH 8.7 Si added experiments. This important conclu-
sion allows us to directly compare D56FeFe(II)sorb–Fe(III)reac

fractionations across all experiments.

4. DISCUSSION

Our experiments demonstrate significant changes in
reduction rates and isotopic fractionations as a function
of pH and Si. Below we discuss possible mechanisms
responsible for the variable reduction rates, as well as differ-
ences in Fe bonding environments that may explain the dif-
ferences in isotopic fractionations relative to pure Fe(II)/
hematite systems. Finally, we discuss the applicability of
our experiments to marine environments in the
Precambrian.

4.1. Effect of pH and Si on hematite reduction

Hematite reduction by G. sulfurreducens was inhibited at
elevated pH, dramatically so in the presence of Si. It has
been shown that accumulation of biogenic Fe(II) on Fe(III)
oxide and Fe(III)-reducing bacterial cell surfaces governs
the extent of crystalline Fe(III) oxides reduction through
blockage of active surface sites (e.g., Urrutia et al., 1998;
Roden and Urrutia, 1999, 2002; Roden, 2004). At alkaline
pH, Fe(II) existed exclusively as sorbed Fe(II) and the
amount of Fe(II)sorb was, in fact, comparable to that at
pH 7 (Fig. 2). A decline in the total extent of hematite
reduction at high pH can therefore be explained by the ab-
sence of Fe(II)aq accumulation and associated rapid block-
age of active surface sites by Fe(II)sorb. The dramatic effect
of Si at alkaline pH may be similarly attributed to sorption
(or precipitation) of Si onto hematite surfaces, further
reducing the number of surface sites available for bacterial



Table 3
Reactive Fe species and calculated Fe isotope fractions for Geobacter sulfurreducens reduction of hematite.

Day Reduction ratea

(%Fe(II)/d)
Fe(II)aq

(mM)
Fe(II)sorb

(mM)
Fe(III)reac

b

(mM)
Tot Reac Fe
poolc (mM)

X–
Fe(II)aq

d
X–
Fe(II)sorb

X

Fe(III)reac

DFe(II)aq –
Fe(II)sorb

2r
errore

DFe(II)aq–
Fe(III)reac

2r
error

DFe(II)sorb–
Fe(III)reac

2r
error

With Si at pH 7 experiment

8 3.54E�02 0.145 0.079 0.117 0.341 0.43 0.23 0.34 �0.29 0.08 �2.70 0.36 �2.41 0.37
13 2.45E�02 0.236 0.422 0.619 1.277 0.18 0.33 0.48 �0.31 0.08 �1.57 0.12 �1.27 0.15
20 1.47E�02 0.322 0.325 0.410 1.057 0.30 0.31 0.39 �0.24 0.08 �1.63 0.16 �1.39 0.18
40 3.40E�03 0.486 0.390 0.332 1.209 0.40 0.32 0.27 �0.17 0.08 �1.94 0.30 �1.77 0.31
60 7.85E�04 0.414 0.376 0.310 1.100 0.38 0.34 0.28 0.00 0.08 �1.66 0.19 �1.67 0.21

Without Si a t pH 7 experiment

8 2.73E�02 0.292 0.165 0.368 0.825 0.35 0.20 0.45 �0.40 0.08 �2.75 0.17 �2.34 0.19
13 1.06E�02 0.322 0.314 0.648 1.284 0.25 0.24 0.50 �0.48 0.08 �2.41 0.11 �1.92 0.14
20 2.80E�03 0.347 0.249 0.497 1.093 0.32 0.23 0.45 �0.44 0.08 �2.66 0.14 �2.22 0.16
40 6.31E�05 0.421 0.375 0.626 1.423 0.30 0.26 0.44 �0.53 0.08 �2.75 0.14 �2.21 0.16
60 1.42E�06 0.415 0.211 0.624 1.250 0.33 0.17 0.50 �0.57 0.08 �2.61 0.16 �2.03 0.18

With Si at pH 8.7 experiment

8 3.40E�03 0.014 0.041 0.280 0.335 0.04 0.12 0.84 – – – – �1.16 0.15
13 1.42E�03 0.009 0.054 0.573 0.636 0.01 0.09 0.90 – – – – �1.22 0.11
20 4.15E�04 0.011 0.058 0.159 0.227 0.05 0.25 0.70 – – – – �1.74 0.15
40 1.25E�05 0.009 0.084 0.101 0.193 0.05 0.43 0.52 – – – – �2.57 0.26
60 3.76E�07 0.007 0.066 0.078 0.151 0.05 0.44 0.51 – – – – �2.74 0.25

Without Si at pH 8.7 experiment

8 1.73E�02 0.008 0.159 0.157 0.323 0.02 0.49 0.48 – – – – �1.94 0.14
13 9.11E�03 0.004 0.371 0.517 0.892 0.00 0.42 0.58 – – – – �1.56 0.11
20 3.72E�03 0.008 0.365 0.365 0.737 0.01 0.49 0.49 – – – – �1.75 0.12
40 2.88E�04 0.014 0.385 0.332 0.731 0.02 0.53 0.45 – – – – �1.95 0.15
60 2.23E�05 0.009 0.252 0.202 0.463 0.02 0.54 0.44 – – – – �1.75 0.14

a Rate of reduction, in percentage Fe(II) reduced per day, calculated from the first-order rate law: [Fe(II)Tot](t) = [Fe(II)Tot]max(1 � e�kt), where regression of the measured date produced
k = 0.0732 (R2 = 0.916), 0.1897 (R2 = 0.809), 0.1752 (R2 = 0.459), and 0.1279 (R2 = 0.769) for with Si at pH 7, without Si at pH 7, with Si at pH 8.7, and without Si at pH 8.7 experiments,
respectively. Instantaneous reduction rates were determined from the first derivative of the first-order rate law: d[Fe(II)Tot]/dt = k[Fe(II)Tot]max(e�kt).

b See text for details about calculation of Fe(III)reac concentrations.
c Fereac is the total reactive Fe pool, based on the components that were open to isotopic exchange: Fe(II)aq + Fe(II)sorb + Fe(III)reac.
d X is the mole fraction of each component out of the total reactive Fe pool.
e 2r errors were generated by the Excel add-in Isoplot, based on uncertainties in isotopic measurements and the fraction of Fe(II) in the 0.5 M HCl extracts.
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Fig. 8. Temporal variations in the proportions of Fe(II)aq,
Fe(II)sorb, and Fe(III)reac in the reactive Fe pool (see Section 3.5).
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reduction. Co-association of Si and Fe with bacterial cell
surfaces (Fein et al., 2002) could also have contributed to
inhibition of hematite reduction at higher pH, although
to our knowledge the nature of cell surface–Si–Fe(II) inter-
actions has not yet been explored. Adsorption of Si onto Fe
and Al oxides increases with increasing pH, and reaches a
maximum at pH 9 (Hingston and Raupach, 1967; Huang,
1975; Sigg and Stumm, 1981). Adsorption of Si onto Fe
oxide surfaces has also been observed in natural environ-
ments (Carlson and Schwertmann, 1981; Fortin et al.,
1993). It seems likely that the Si in the 0.05 M HCl and
0.5 M HCl extractions included Si adsorbed to the hematite
surface, as well as that adsorbed to cell surfaces.

Silica species bound to hematite at high pH may have
been in the form of complex Si polymers, given their higher
binding affinities with oxide surfaces at high pH relative to
monomeric Si species (Stumm et al., 1967; Browman et al.,
1989; Meng et al., 2000; Davis et al., 2002). For example, an
oligomeric form of Si, containing less than 35 Si atoms, has
an affinity for aluminum at least 106 times greater than
monomeric Si (Taylor et al., 1997). The presence of a poly-
mer layer on the cell surface, coupled with blockage of sur-
face sites by biogenic Fe(II) (as well as perhaps surface
Fe(II)–Si phases; see below), are all interpreted to be
responsible for suppression of hematite reduction in the
presence of Si at pH 8.7.

4.2. Effect of pH and Si on Fe isotope fractionation

Differences in Fe(II)aq–Fe(III)reac and Fe(II)sorb–
Fe(III)reac isotope fractionations as a function of pH and
Si (Figs. 6 and 7) may reflect speciation changes among
the Fe(II)aq, Fe(II)sorb, and Fe(III)reac components. It is
possible to identify equilibrium isotopic fractionations be-
tween these various Fe pools when viewed in terms of
changes in the relative molar proportions of the Fe
pools. The relatively constant D56FeFe(II)aq–Fe(III)reac and
D56FeFe(II)sorb–Fe(III)reac fractionations over time in the pH
7 no Si experiment (Figs. 6B and 7B, Table 3) suggest stea-
dy-state conditions and are inferred to reflect equilibrium
fractionations, given the fact that the relative proportions
of the reactive Fe components changed little over time
(Fig. 8A). The relatively constant D56FeFe(II)sorb–Fe(III)reac

fractionations (Fig. 7D, Table 3) and reactive Fe pool com-
ponents (Fig. 8B) over time for the pH 8.7 no Si experi-
ments are similarly inferred to reflect equilibrium
fractionations. For reference, the abiologic equilibrium
Fe(II)aq–hematite fractionation at room temperature is esti-
mated to be ��3.1&, as determined by the sum of the equi-
librium aqueous Fe(II) (FeII(H2O)6

2+)–Fe(III)
(FeIII(H2O)6

3+) fractionation of �2.95& (Welch et al.,
2003) and the equilibrium aqueous Fe(III)–hematite frac-
tionation of ��0.1& (Skulan et al., 2002). Based on this
value, the equilibrium Fe(II)sorb–hematite fractionation is
estimated to be �2.6& at room temperature, assuming an
average Fe(II)sorb–Fe(II)aq fractionation of +0.5&, as
determined in this study. The D56FeFe(II)sorb–Fe(III)reac equi-
librium fractionations in pH 8.7 no Si experiment deviate
slightly from those expected for Fe(II)sorb–hematite
(Fig. 7D), possibly reflecting changes in the speciation of
Fe(II)sorb as a function of pH.

It is more difficult to determine if equilibrium isotopic
fractionations were attained in the Si added experiments, gi-
ven their great temporal variation. It is unlikely that the dif-
ferent Fe(II)aq–Fe(III)reac and Fe(II)sorb–Fe(III)reac

fractionations among the experiments reflect significant
differences in the speciation of Fe(II)aq. The average
D56FeFe(II)aq–Fe(II)sorb fractionation was �0.20 ± 0.16& in
pH 7 Si added experiments, which is similar to �0.49 ±
0.09& in the pH 7 no Si experiments (Fig. 6). Speciation
calculations using Geochemist’s Workbench (Bethke,
2002) show that Fe(II)(OH)+ comprises less than 3% of
the total aqueous Fe(II) species for all the experiments, sug-
gesting that Fe(II)aq speciation had little impact on the
fractionations in our experiments. Formation of an
Fe(II)–Si surface species and/or precipitate would also
not significantly affect the measured isotopic fractionations
because our abiologic experiments showed that the frac-
tionation between aqueous Fe(II) and Fe(II) in Fe–Si gel
(Table 4) is essentially identical to the fractionation between
Fe(II)aq and Fe(II)sorb in the absence of Si (see Section 3.6).
The significantly different Fe(II)aq–Fe(III)reac and Fe(II)-

sorb–Fe(III)reac isotope fractionations in Si added experi-
ments may therefore reflect (1) speciation changes in
Fe(II)sorb and/or (2) changes in the bonding of Fe in the
Fe(III)reac component relative to Fe bonding in hematite.

Adsorption of Si to hematite could have changed the
local bonding environment of reactive Fe(III) on the
surface by forming Si–O–Fe bonds, thereby altering the
D56FeFe(II)sorb–Fe(III)reac fractionations (Fig. 1). Silica species
have long been recognized as an effective means to stabilize
ferrihydrite and inhibit its transformation to more stable
minerals such as goethite and hematite (Schwertmann and
Taylor, 1989; Schwertmann and Cornell, 1991; Mayer
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and Jarrell, 1996). Schwertmann and Thalmann (1976) and
Carlson and Schwertmann (1981) speculated that Si–O–Fe
bonds were probably responsible for this stabilization. The
nature of Si–O–Fe bonds in oxides have been studied by
infrared spectroscopy (e.g., Vempati and Loeppert, 1989),
and surface complexation modeling has shown that Si spe-
cies bind directly to iron oxide/hydroxide surfaces through
inner-sphere complexes (Sigg and Stumm, 1981; Barrow
and Bowden, 1987), restricting crystal growth by sorption
to growth sites (Karim, 1984; Quin et al., 1988; Zhao
et al., 1994). Experimental studies using Fe K-edge EXAFS
(Extended X-ray Absorption Fine Structure) spectroscopy
has shown that Si ligands strongly influence the atomic
environments of Fe during hydrolysis of Fe(III), and when
Si/Fe>1, Si ligands inhibit corner-sharing Fe octahedral
linkages and promote a two-dimensional growth of Fe spe-
cies through edge-sharing linkages (Doelsch et al., 2000;
Masion et al., 2001). More recent work using Fourier trans-
form infrared (FTIR) and Nuclear Magnetic Resonance
(NMR) spectroscopy found that with increasing pH, more
Si atoms occur in the vicinity of Fe(III) atoms, forming
Si–O–Fe bonds that are stable enough and restrict displace-
ment by OH� ions (Doelsch et al., 2001; Doelsch et al.,
2003).

The presence of Si in ferrihydrite affects its transforma-
tion to hematite, suggesting that Si influences Fe bonding
environments, where Vempati and Loeppert (1989) detected
differences in lattice vibration of IR spectra between hema-
tite formed from Si-containing ferrihydrite and that formed
in the absence of Si. Campbell et al. (2002) proposed that
structural incorporation of Si into hematite formed by heat-
ing Si-bearing ferrihydrite caused deformation of the hema-
tite unit cell, producing a net decrease in the number of
Fe(III) ions per unit cell. The geometry and structure of
the iron silicate complexes formed at the surfaces of iron
oxy-hydroxides are expected to be similar to that found
for the Fe–Si aqueous solutions, where Si substitutes for
double-corner FeO6 octahedra in iron oxy-hydroxide poly-
meric complexes (Pokrovski et al., 2003). Because polymer-
ization of Si can occur on the time scale of days to years
(Iler, 1979), it is reasonable to speculate that growth of Si
polymers with time affected bonding in the reactive Fe(III)
component on the time scale of our experiments, thus
explaining the temporal variations of the Fe(II)sorb–
Fe(III)reac fractionations in the Si added experiments
(Fig. 6A and C).

Based on the moles of the Fe(III)reac component calcu-
lated from isotopic mass balance (Eq. (5)) and average
diameter of the hematite substrate (measured by TEM),
the Fe(III)reac sampled in the HCl extractions is equivalent
to an Fe monolayer in thickness. It therefore seems reason-
able that lattice distortions and Si polymerization could
have affected Fe in the Fe(III)reac component (Fig. 1). Be-
cause stable isotope fractionations reflect fundamental dif-
ferences in bonding environments (e.g., Schauble, 2004),
the changes in Fe(II)sorb–Fe(III)reac fractionations in the
Si added experiments are interpreted to reflect these
changes in Fe bonding relative to the initial hematite sub-
strate. Changes in Fe(III) bonding following Fe(II)–iron
oxide/hydroxide interactions has been demonstrated using
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57Fe Mössbauer spectroscopy studies of hematite, goethite,
and ferrihydrite (Williams and Scherer, 2004; Larese-Casa-
nova and Scherer, 2007). Finally, our assertion that the dif-
ferent Fe(II)–Fe(III)reac fractionations may, in at least some
cases, reflect different bonding environments for Fe in the
Fe(III)reac component is supported by predicted Fe isotope
fractionations among various Fe(III) oxides and hydrox-
ides. Polyakov and Mineev (2000) and Polyakov et al.
(2007) predict that at 30 �C, goethite should have a d56Fe
value that is 2.1& lower than hematite, and lepidocrocite
should have a d56Fe value that is 2.5& lower than hematite,
providing some indication of the possible changes in isoto-
pic fractionation among the Fe(III) oxide/hydroxides due
to bonding differences. Although such differences have
not been confirmed experimentally, and we cannot indepen-
dently identify the mineralogy of the Fe(III)reac component
in our experiments, these observations are consistent with
our hypothesis. Our results also demonstrate how stable
Fe isotope analysis may be used to explore changes in Fe
bonding on the surface of oxide minerals.

4.3. Application to the Precambrian oceans

The largest excursion in d56Fe values for marine sedi-
mentary rocks occurred in the Neoarchean and continued
into the Paleoproterozoic. For example, sedimentary pyrite
and C-rich shales between 2.7 and 2.5 Ga has significantly
negative d56Fe values, in contrast to the general near-zero
or slightly positive values for Proterozoic-age pyrite and
C-rich shales (Rouxel et al., 2005; Yamaguchi et al., 2005;
Johnson et al., 2008b). Contrasting proposals have been
made to explain this excursion, including extensive oxide
precipitation (Rouxel et al., 2005) or cycling by Fe-reducing
bacteria (Johnson et al., 2008b). Rouxel et al. (2005) inter-
preted the isotopic compositions of these sedimentary rocks
to directly reflect those of ancient seawater, where light
d56Fe values could be produced by extensive oxide precipi-
tation. However, the inferred large fluctuations in Fe iso-
tope compositions of seawater are considered unlikely
when the possible Fe residence times in the Archean oceans
are taken into account (Johnson et al., 2008b). Several stud-
ies have argued that microbial Fe reduction is the most
likely explanation for producing low-d56Fe, Fe-rich sedi-
mentary rocks because extensive oxide precipitation will
produce low-d56Fe values but very low Fe contents (John-
son et al., 2008a; Severmann et al., 2008). Our experimental
results indicate that microbial reduction of hematite is cer-
tainly capable of producing low-d56Fe Fe(II) under condi-
tions of high dissolved Si and over a range of pH
conditions. Under conditions of high pH, the majority of
Fe(II) produced exists as sorbed Fe(II) on the hematite sur-
face, including Fe–Si polymers in the presence of mM dis-
solved Si. Our experiments, however, probably represent
an end-member case, because it is expected that microbial
Fe reduction in natural environments in the Precambrian
would likely involve poorly crystalline ferric oxy-hydrox-
ides such as ferrihydrite, which would undergo much more
extensive microbial reductive dissolution (e.g., Lovley,
1991; Zachara et al., 1998; Roden, 2003). The smaller
Fe(II)–Fe(III)reac fractionations that are produced at ele-
vated pH and in the presence of Si (relative to neutral pH
conditions in the absence of Si), indicates that greater ex-
tents of microbial Fe cycling would be required to produce
a large inventory of low-d56Fe Fe in the marine sedimentary
rock record. Successive reduction–oxidation cycles seem the
most likely way very low-d56Fe values would be produced
by bacterial Fe reduction (Johnson and Beard, 2006; Sever-
mann et al., 2006, 2008). It remains unknown, however, if
such effects are seen during microbial reduction of
ferrihydrite.

The strong effect of pH on the extent and magnitude of
isotopic fractionation, particularly in the presence of dis-
solved Si, highlights the importance of constraining the
pH of the Precambrian oceans. Estimates for the pH of
the Precambrian oceans vary greatly. Kempe and Degens
(1985) suggested that bicarbonate contents in Precambrian
seawater significantly exceeded those of Ca, requiring a pH
greater than 9. Ohmoto et al. (2004) calculated the pCO2 re-
quired to stabilize siderite, and estimated that Precambrian
seawater had a pH range of 5.5–7.5. Grotzinger and
Kasting (1993) estimated a more modest drop in pH due
to elevated pCO2 contents in the Precambrian, suggesting
that seawater pH may have ranged between 7.5 and 8, only
slightly lower than the modern value of 8.1. In addition to
the uncertainties in constraining pH of Precambrian seawa-
ter, it is possible that the pH of pore fluids in authigenic and
early diagenetic environments where microbial Fe reduction
may have occurred were different. For example, Klein
(2005) calculates that pH must have exceeded 8 to explain
the co-occurrence of greenalite, magnetite, and siderite,
the earliest Fe–Si–O–CO3 authigenic and diagenetic phases
formed during banded iron formation genesis. Although
the pH range of our experiments spans most of these esti-
mates for Precambrian seawater or authigenic/early diage-
netic mineral formation, constraining the specific Fe
isotope effects that would be expected during microbial
Fe reduction will require well-constrained estimates of pa-
leo pH.

5. CONCLUSIONS

New experimental work has expanded our knowledge of
the conditions under which microbial Fe(III) oxide reduc-
tion produces significant Fe isotope fractionation, including
mildly alkaline pH and the presence of dissolved Si, provid-
ing a closer analog to conditions that may have existed in
ancient marine settings. Our experiments used hematite as
the substrate because abiologic Fe(II)–Fe2O3 isotopic
fractionations have been determined by previous experi-
mental studies, providing an important reference frame
for interpreting biological experiments, and hematite is
amenable to partial acid dissolution to investigate subcom-
ponents that underwent isotopic exchange. Isotopic fractio-
nations between aqueous and sorbed Fe(II) were essentially
constant in all of the hematite reduction experiments,
regardless of pH or the presence or absence of Si, and these
fractionations were essentially the same as those determined
between Fe(II)aq and Fe–Si gels in separate abiologic exper-
iments. In contrast, the isotopic fractionations between
Fe(II)aq or Fe(II)sorb and Fe(III)reac often deviated signifi-
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cantly from those expected for Fe(II)aq–hematite and
Fe(II)sorb–hematite, based on known equilibrium aqueous
Fe(III)aq–hematite, Fe(III)aq–Fe(II)aq, and Fe(II)aq–Fe(II)sorb

fractionations. Given the constant and similar Fe(II)aq–
Fe(II)sorb and Fe(II)aq–Fe–Si gel fractionations, these differ-
ences most likely reflect changes in Fe bonding in the
Fe(III)reac component. Deviations from the expected
Fe(II)aq–hematite and Fe(II)sorb–hematite fractionations
were most significant for the Si-bearing experiments, and
we suggest that this can be attributed to changes in Si–O–Fe
bonding of the oxide surface. The 1–2& shifts in fractiona-
tions involving Fe(III)reac are similar to the shifts predicted
to occur between Fe(III) oxide (hematite) and Fe(III)
hydroxide (goethite, lepidocrocite) based on theory (Polya-
kov and Mineev, 2000; Polyakov et al., 2007), providing sup-
port for the hypothesis that changes in surface Fe(III)
bonding may be reflected in stable isotope fractionations.

Our results demonstrate that microbial Fe reduction is a
viable mechanism for producing Fe(II) that has negative
d56Fe values, even under conditions of elevated pH and dis-
solved Si that may have characterized ancient ocean waters.
Results obtained with hematite, which is less reactive than
poorly crystalline Fe(III) hydroxides (ferrihydrite) likely
represent an end-member case, and we would expect micro-
bial Fe(III) oxide reduction in ancient marine environments
to be more extensive than those observed in our experi-
ments if ferrihydrite was the substrate. It is as yet unknown,
however, if the same isotopic effects of pH and Si occur in
ferrihydrite-reducing systems. The important effect of pH
on the extent of Fe isotope fractionation during DIR high-
lights the importance of inferring the paleo pH of ancient
seawater or authigenic/early diagenic marine environments
when applying the experimental results obtained here to the
ancient rock record.
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