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Abstract The Biwabik Iron Formation of Minnesota
(1.9 Ga) underwent contact metamorphism by intrusion of
the Duluth Complex (1.1 Ga). Apparent quartz—magnetite
oxygen isotope temperatures decrease from ~ 700°C at the
contact to ~375°C at 2.6 km distance (normal to the contact
in 3D). Metamorphic pigeonite at the contact, however,
indicates that peak temperatures were greater than 825°C.
The apparent O isotope temperatures, therefore, reflect
cooling, and not peak metamorphic conditions. Magnetite
was reset in 'O as a function of grain size, indicating that
isotopic exchange was controlled by diffusion of oxygen in
magnetite for samples from above the grunerite isograd.
Apparent quartz—magnetite O isotope temperatures are
similar to calculated closure temperatures for oxygen
diffusion in magnetite at a cooling rate of ~35.6°C/kyr,
which suggests that the Biwabik Iron Formation cooled
from ~ 825 to 400°C in ~75 kyr at the contact with the
Duluth Complex. Isotopic exchange during metamorphism
also occurred for Fe, where magnetite—Fe silicate fractio-
nations decrease with increasing metamorphic grade.
Correlations between quartz—magnetite O isotope fractio-
nations and magnetite—iron silicate Fe isotope fractionations
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suggest that both reflect cooling, where the closure temper-
ature for Fe was higher than for O. The net effect of
metamorphism on §'®0-5°°Fe variations in magnetite is a
strong increase in 5"80pz, and a mild decrease in 3°°Fe with
increasing metamorphic grade, relative to the isotopic
compositions that are expected at the low temperatures of
initial magnetite formation. If metamorphism of Iron
Formations occurs in a closed system, bulk O and Fe isotope
compositions may be preserved, although re-equilibration
among the minerals may occur for both O and Fe isotopes.

Introduction

Banded Iron Formations (BIF) have played a central role in
constraining surface conditions in the Precambrian Earth,
including the evolution of the atmosphere (e.g., Cloud
1968). Oxygen isotope studies of BIFs have been used to
estimate the temperature and isotopic compositions of
Precambrian seawater (i.e., Perry and Tan 1972; Veizer and
Hoefs 1976; Knauth and Lowe 2003; Perry and Lefticariu
2003). Most BIFs, however, have been metamorphosed, and
oxygen isotope thermometers such as quartz—magnetite
have been applied to constrain both contact and regional
metamorphism (e.g., Perry and Bonnichsen 1966; Perry
et al. 1973; Becker and Clayton 1976). Iron isotope data
have been reported for siderite, magnetite, and hematite
layers from the Kuruman and Griquatown iron formations
from the Transvaal Craton, South Africa, which have been
only weakly metamorphosed (~ 110-170°C) (Johnson et al.
2003), and Fe isotope compositions for magnetite have been
interpreted to reflect mixtures between mid-ocean ridge
hydrothermal and bacterial sources (Johnson et al. 2005).
Dauphas et al. (2004, 2007) reported Fe isotope data for
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Fig. 1 Geologic map and cross
section of the Biwabik Iron
Formation and surrounding
formations, with average dip of
the contact with the Duluth
Complex. The cross section
shows stratigraphic relations.
The numbered contours in the
Duluth Complex represent
depth (m) to the contact with the
country rock. Modified from
Bonnichsen (1972)
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high-grade (up to granulite facies) banded rocks from SW
Greenland and Canada, and interpreted these to record
primary sedimentary compositions. Frost et al. (2007)
conducted the first Fe isotope study of the effects of contact
metamorphism of the Biwabik Iron Formation, and they
conclude that the isotopic compositions of magnetite were
not changed during metamorphism relative to their
pre-metamorphic compositions.

This study presents O and Fe isotope compositions of
the eastern exposures of the Biwabik Iron Formation
(northern Minnesota) that were contact metamorphosed by
the Duluth Complex (Valaas 2004). In the Biwabik Iron
Formation, previous studies have used quartz—magnetite O
isotope temperatures to study thermal gradients during
contact metamorphism (e.g., Perry and Bonnichsen 1966).
However, metamorphic pigeonite (2-7% MnSiO;; Bon-
nichsen 1969), and the orthopyroxene-pigeonite phase
boundary indicate a minimum temperature of 825°C at the
contact (Lindsley 1983), which is over 100°C above the
quartz—magnetite O isotope temperatures of Perry and
Bonnichsen (1966), suggesting that this thermometer has
been reset. This study examines the question of whether
such temperatures are representative of peak metamorphic
conditions (thermometry) or post metamorphic cooling
rates (speedometry) in the Biwabik Iron Formation. In
addition, Fe isotope compositions were measured in the
Biwabik rocks to investigate the effects of metamorphism
with proximity to the contact with the Duluth Complex; our
work expands on that reported in Frost et al. (2007), comes
to different conclusions regarding Fe isotope thermometry,
and evaluates the viability of the chemical leaching
methods they employed. The goal of the present study is to
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deepen our understanding of O and Fe isotope behavior
during metamorphism of BIFs, given the fact that most
Archean BIFs have been metamorphosed to amphibolite-
to granulite-grade.

Regional geology

The Mesabi iron range is a 0.5-5 km wide package of
rocks that strikes for 190 km from southwest to the
northeast in northern Minnesota, where it is truncated by
the Duluth Complex near Babbitt, Minnesota (Fig. 1)
(Perry and Bonnichsen 1966; Morey 1983; Ojakangas et al.
2005). Collectively the Mesabi iron range rocks are part of
the Animikie Group, which are correlative with rocks from
the Gunflint and Cuyuna Iron Ranges of Ontario and
Minnesota (e.g., Morey and van Schmus 1988). The
Animikie Group sedimentary rocks, as well as similar
rocks to the southeast which include the Gogebic, Mar-
quette, and Menominee iron ranges of Michigan and
Wisconsin were deposited in the Animikie Basin (e.g.,
Morey and van Schmus 1988).

Deposition of the Biwabik Iron Formation occurred
prior to 1,850 Ma as constrained by a U-Pb analysis on
zircon from an ash layer that occurs in the lower part of the
Virginia Formation, which is stratigraphically above the
Biwabik Iron Formation (Hemming et al. 1996). Addi-
tionally, near concordant U-Pb analyses of euhedral
zircons that occur in a volcaniclastic layer within the
Gunflint Iron Formation, which is correlative with the
Biwabik Iron Formation, indicate a deposition age of
1,878 + 1.3 Ma (Fralick et al. 2002). The Biwabik and
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Fig. 2 Map showing isograds (numbers in circles) and sample
locations (dots) from the Upper Cherty member of the Biwabik Iron
Formation. The isograds of French (1968) (dashed lines) are as
follows: (/) partial reduction of hematite to magnetite; (2) formation
of clinozoisite; (3) formation of grunerite; (4) formation of heden-
bergite and complete reduction of hematite to magnetite (note that

Gunflint Iron Formations are along strike with each other
and were likely a continuous formation that is now sepa-
rated by intrusion of the Duluth Complex. Four
stratigraphic divisions are recognized in the Biwabik Iron
Formation, the Lower Cherty, Lower Slaty, Upper Cherty,
and Upper Slaty (Gundersen and Schwartz 1962; Bon-
nichsen 1975; Morey 1992; Ojakangas et al. 2005). The
cherty layers are massive, richer in quartz and magnetite,
and have a more granular texture where not highly meta-
morphosed, suggesting that the layers were deposited in
shallow water, high-energy environment. In contrast, the
slaty layers are fine grained, laminated, rich in iron silicates
and carbonates, relatively magnetite-poor, and were
deposited in a deeper water, low-energy environment.
Sedimentary bedding dips 45°-30° southeast in the
northeast part of the study area (Fig. 1), closest to the
contact with the Duluth Complex, and shallows to 5°
within a few km along strike to the southwest. The contact
between the Duluth Complex and the iron formation
country rock dips 20°-30° SE along the northwestern edge
of the intrusion (the northeastern portion of Fig. 1), and
systematically increases to as much as 60°E (Fig. 1).

two close isograds were condensed to one for the scale of this map);
(5) formation of ferrohypersthene coupled with graphite. The isograds
of Frost et al. (2007) (dash-dot-dash lines) are also shown: (3)
amphibole (equivalent to isograd 3 of French 1968); (6) hedenbergite;
(7) fayalite; (8) orthopyroxene. Metamorphic reactions are summa-
rized in Table 1

Emplacement of the Duluth Complex (1,106-1,096 Ma;
Hauck et al. 1997), contemporaneous with Keweenawan
rifting, resulted in contact metamorphism of the Biwabik
Iron Formation (Weiblen and Morey 1980; Hauck et al.
1997). The Duluth Complex is composed of a variety of
rock types, including troctolite, gabbro, anorthosite,
granodiorite, and granite. The Biwabik Iron Formation was
intruded by the troctolitic South Kawishiwi and Partridge
River intrusions (Weiblen and Morey 1980; Hauck et al.
1997). Emplacement temperature of the Duluth Complex is
estimated at ~ 1,150°C based on phase equilibria and an
inferred local parent magma: 32% ferrodioritic liquid plus
68% suspended crystals of plagioclase and olivine (Cha-
lokwu et al. 1993; Koptev-Dornikov et al. 1995). Pyroxene
hornfels-facies metamorphism in the Biwabik Iron For-
mation occurs nearest to the contact (Hauck et al. 1997).
Isograds have been mapped in the Biwabik Iron For-
mation and are sub-parallel to the present contact with the
Duluth Complex (French 1968). The eight isograds shown
in Fig. 2 are defined by: (1) partial reduction of hematite to
magnetite, (2) clinozoisite, (3) grunerite, (4) hedenbergite
and the complete reduction of hematite to magnetite, and
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Table 1 List of metamorphic

. . . . Mineral
reactions in the Biwabik Iron nera

Reaction

Formation

Minnesotaite

Grunerite

Hedenbergite

Fayalite

Orthopyroxene

% Bonnichsen (1975)
® French (1968)
¢ Miyano and Klein (1986)

Greenalite + 2 quartz = minnesotaite + water®
(Fe,Mg)3Si,05(0OH), + 2SiO, = (Fe,Mg)3Si,0,0(OH), + H,O

3 Siderite + 4 quartz + H,O = minnesotaite + 3CO5
3(Fe,Mg)CO; + 4Si0O, + H,0 = (Fe,Mg);Si40,0(OH), + 3CO,

7 Minnesotaite = 3 grunerite + 4 quartz + 4H,0*
7(Fe,Mg);Si,0,9(OH), = 3(Fe,Mg),;Sig0,,(OH), + 4SiO, + 4H,0
Ankerite + 2 quartz = hedenbergite + 2C05

CaFe(CO3), + 2Si0, = CaFeSi,0¢ + 2CO,

2 Grunerite = 7 fayalite + 9 quartz + 2H,0"
2(Fe,Mg);Sig02,(0OH), = 7(Fe,Mg),SiO,4 + 9SiO, + 2H,0

2 Magnetite + 3 quartz = 3 fayalite + O3

2Fe;04 + 3Si0, = 3Fe,SiO4 + O,

2 Sideritey, + quartz = fayalite,, + 2CO5

2(Fe,Mg)CO; + SiO, = (Fe,Mg),SiO, + 2CO,

Olivine + quartz = 2 orthopyroxene®

(Fe,Mg),Si0,4 + SiO, = 2(Fe,Mg)SiO;

Grunerite + siderite = 8 orthopyroxene + CO, + H,0°
(Fe,Mg);SigO,,(OH), + (Fe,Mg)CO; = 8(Fe,Mg)SiO; + CO, + H,0

(5) ferrohypersthene along with the development of crys-
talline graphite. These isograds have been refined and
expanded by Frost et al. (2007) to include formation of: (6)
hedenbergite, (7) fayalite, and (8) orthopyroxene.

Rock and sample descriptions

Sampling localities are shown in Fig. 2 (see also Valaas
2004). Distances to the contact listed in the tables are
estimated in three dimensions (3D) normal to the contact.
The 3D distances are projected perpendicular to the basal
contact of the Duluth Complex. For simplicity, a dip of 30°
was assumed for the northern part, and 60° for samples in
the southwestern part of the study area.

Grain sizes regularly increase toward the contact with
the Duluth Complex due to metamorphic re-crystallization
(Table S1; On-Line Supplementary Material), but sedi-
mentary features are preserved at distances greater than
3 km from the contact. All samples are from the Upper
Cherty unit of the Biwabik Iron Formation. This unit was
chosen due to its excellent exposures in mine workings and
for its high magnetite content, which averages 26% by
mode. Mineral modes, as determined using digital image
analysis, are given in Table S1.

Changes in mineralogy toward the contact with the
Duluth Complex affect the O and Fe repositories, which in
turn may affect their isotopic compositions. We have
confirmed previously mapped isograds (Fig. 2; French
1968; Frost et al. 2007) through thin section examination.
In addition to quartz (originally chert) + magnetite, the
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samples furthest from the contact may contain siderite,
ankerite, greenalite, minnesotaite, or stilpnomelane. At
2-3 km from the contact, the assemblage is quartz +
magnetite + grunerite + carbonate. Closer to the contact,
the assemblage shifts to quartz + magnetite + grunerite +
cummingtonite + actinolite + hedenbergite + fayalite. In-
verted pigeonite is recognized by reintegration of
exsolution lamellae in the host orthopyroxene. Orthopy-
roxene appears closest to the contact. The reactions that
form the metamorphic minerals in the Biwabik rocks are
given in Table 1. Actinolite, where present, typically rims
grunerite or cummingtonite. Cummingtonite and actinolite
from nearer the contact were likely formed by retrograde
reactions involving fayalite and pyroxene breakdown
(Bonnichsen 1975).

In samples less than 50 m from the contact, quartz and
magnetite occur as coarse grains (>400 um average
diameter), and quartz layers are thicker (~20-100 mm)
than magnetite layers (~2-8 mm). Petrographic relations
indicate complete metamorphic re-crystallization and
growth of new magnetite and pyroxene. Samples from
100 to 3,000 m distance (estimated in 3D) show a gra-
dational shift to finer grain sizes with increasing distance
(Table S1), and quartz layers are ~20-100 mm and
magnetite layers are ~1-5 mm in thickness in this
interval. Quartz and magnetite oolitic and non-oolitic
granules locally persist in quartz layers at 100-2,600 m
distance. Samples that are over 2,600 m from the contact
are more fine grained and consistently preserve sedi-
mentary granules and oolitic and non-oolitic shapes in a
quartz (chert) matrix.
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Methods and nomenclature
Sample preparation

Each sample is identified in the tables by the following
numbering system: 03 BIW XYZ, where X = outcrop
number, Y = letter to differentiate hand samples collected
0.1-10 m apart, Z = number that differentiates areas of
interest in a hand sample (if necessary). Samples followed
by M1, 2, or 3 indicate individual magnetite layers ana-
lyzed in a single ~800 um thick microscope slide. No
samples were collected from 170 to 1,250 m distance from
the contact due to active mining or mine flooding.

Quartz and magnetite were hand-picked for analysis
from coarse samples (mineral grains of ~ 150-1,000 pm
diameter) located closer to the contact (Dunka Pit, 0-33 m,
3D). Grains greater than ~ 150 pum in diameter were sep-
arated by hand magnet to concentrate the magnetite from
the quartz and other silicates. The magnetite concentrate
was not acid treated, but picked directly for both oxygen
and iron isotope analysis. Quartz and Fe-silicate mineral
separates were treated in 12 M HCI at room temperature for
2-3 h to remove any residual magnetite, and then further
purified by hand picking. Quartz and Fe silicates showed no
sign of attack by this treatment, and solutions were clear to
pale yellow, indicating that some samples contained no
magnetite, nor was pyroxene dissolved. Quantitative partial
dissolution tests (below) confirmed negligible dissolution of
Fe silicates by the 12 M HCI treatment.

Samples that were greater than 100 m from the contact
(3D) were processed differently due to the finer grain size.
Quartz and Fe-silicates were hand picked after HCI treat-
ment. For magnetite, thick sections (0.8 mm thick) were cut
with a thin diamond saw blade along magnetite-rich layers,
which produced strips ~0.8 X 1 X 20 mm; the dimensions
depended on the layer of interest. Pieces weighing approx-
imately 2 mg (~0.5 mm?) were selected from the strips of
magnetite-rich layers for O isotope analysis. Adjacent
material, on strike, was set aside to test purity of magnetite
and for iron isotope analysis. The amount of silicate impu-
rities in these magnetite samples is important to assess for O
isotope analyses, and was estimated from the weight change
upon dissolution of magnetite in HCl. Samples that con-
tained greater than 20 wt% silicates were rejected for O
isotope analysis. Magnetite samples with 0-20% of silicates
were corrected for oxygen isotope compositions as descri-
bed below. Because most of the silicate contamination in the
magnetite separates consisted of quartz, the Fe isotope
analyses of magnetite are not affected by silicate impurities.
Due to the fine-grained nature of the Fe silicate minerals, it
was not possible to obtain separates of distinct minerals for
Fe isotope analysis, and the “Fe silicate” aliquot contains a
mixture of minerals as noted in the associated tables.

Partial dissolution tests

The effectiveness of partial dissolution of the BIFs to
isolate carbonate, oxide, or silicate components for Fe
isotope analysis, an approach used by Frost et al. (2007) in
their study of the Biwabik Iron Formation, was evaluated
using pure siderite and magnetite powders and 0.75 and
1.0 M HCI, as well as 20% acetic acid (HAc) treatment
over variable time and temperature. The efficiency of HCI
and HAc treatment in dissolving pure siderite powder was
determined in anticipation that this might be the first
treatment of powdered rock samples, and parallel experi-
ments were done on pure magnetite powder to determine
any contributions of magnetite in partial dissolution of a
magnetite—siderite mixture. Fe(Il) and total Fe (Ferq))
contents in the magnetite dissolution tests were determined
using the Ferrozine method (Stookey 1970) to determine if
partial magnetite dissolution occurs congruently, followed
by Fe isotope analysis of the supernatant and residue. In
addition, sized mineral separates of orthopyroxenes
obtained from magnetite-free museum specimens were
subjected to 0.5 and 12 M HCI treatment to determine the
extent of silicate dissolution in samples that were analyzed
for Fe isotope compositions.

Oxygen isotope analysis

Oxygen was extracted from 0.5 to 1.5 mg of quartz and 1.7-
2.8 mg of magnetite by laser heating and fluorination with
BrFs as the reagent (Valley et al. 1995; Spicuzza et al.
1998). The liberated oxygen was converted to CO, for
analysis on a Finnigan MAT 251 mass spectrometer at the
University of Wisconsin-Madison. Oxygen isotope ratios
are reported using standard delta () notation in units of per
mil (%o), relative to V-SMOW. An internal standard, UWG-
2 (Gore Mountain garnet), was run ~ 6 times on each day of
analysis. The variation in §'*0 values for UWG-2 yielded a
mean daily standard deviation of +0.08%. (1SD). All data
were corrected to a 6'*0 value for UWG-2 of +5.80%o
(Valley et al. 1995) for accuracy; the average correction was
0.11%o. Four analyses of NBS-28 (quartz) yielded 6'0 =
+9.50 £0.06%0, when normalized to UWG-2.

Iron isotope analysis

Powdered samples were completely digested in heated
Teflon beakers using concentrated HF and HNOs;. Iron was
separated from the bulk sample using anion-exchange
chromatography and anion exchange resin (Bio-Rad AG
1 x 4 200400 mesh). Iron contents of the separated solu-
tion were determined using the Ferrozine method (Stookey
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1970), which allowed Fe concentrations for MC-ICP-MS
analysis to be matched to those of standards and to check
that ion-exchange column yields were 100%. Iron isotope
analyses were made by MC-ICP-MS (Micromass IsoProbe)
equipped with a collision cell and a micro-concentric des-
olvating nebulizer (Cetac Aridus) at the University of
Wisconsin-Madison. A standard-sample-standard bracket-
ing method was used to correct for instrumental mass bias,
which produces accurate results if the separated Fe solu-
tions are pure, such that the sample matrix matches that of
the standards (Albaréde and Beard 2004).

Iron isotope compositions are reported using standard
delta (6) notation in per mil (%o) relative to the average of
igneous rocks (Beard et al. 2003): 5%Fe = [(° 6Fe/s“Fe)sam,le/
(56136:/54Fe)1g Rxs — 1] X 10°. Values of 8°"Fe are defined in
an analogous manner using °'Fe/>*Fe ratios. Comparison
between laboratories may be made through the IRMM-14
Fe standard, which has a 6°°Fe value of —0.09 + 0.05%o
(Beard et al. 2003) on the igneous rock scale. External
reproducibility in 6°°Fe values is +0.05%o based on the
precision of three standards that were run during the time
period in which samples were measured: UW J-M Fe:
5°°Fe = +0.25 + 0.05%o, 5°'Fe = +0.39 =+ 0.07%o (n = 47);
UW HPS Fe: §°°Fe = +0.49 £ 0.05%0, &°'Fe = +0.74 =
0.07%0 (n = 52); IRMM-14 Fe: 6°°Fe = —0.09 = 0.05%o,
5"Fe = —0.11 + 0.07%0 (n = 54), where all uncertainties
are 1o (SD) external standard deviations. Ten samples were
duplicated or triplicated through mass analysis of the same
solution on different days, which produced an average lo
SD of +0.03%o, suggesting that the average external 2¢
reproducibility for these samples is +0.06%o. Three sam-
ples were duplicated through dissolution and chemical
separation of different aliquots of the solid sample, and the
1o SD of the aliquots ranged from +0.01 to +0.13%o; some
of this variability may reflect small isotopic heterogeneity
in the samples.

Isotopic fractionations

Apparent temperatures of the Biwabik Iron Formation are
calculated using the well-calibrated quartz—magnetite
oxygen isotope thermometer. We define the quartz—mag-
netite fractionation factor as:

A0y M = 6" 0qy, — 6" 0 =~ 10° Ina®0gy, me (1)

where oclgOQtZ_Mt is the quartz—magnetite 80/1%0
fractionation factor. Using the calibration of Clayton and
Kieffer (1991),

10° In 20y, v = 6.29 x 10°/72 (2)
where T is in K. The O isotope compositions of magnetite

have been corrected for minor silicate impurities, as
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discussed in Appendix 1 and listed in Table S2 of the
On-Line Supplementary Material; whole-rock §'*0 values
(6"80wg) have been calculated using the methods outlined
in Appendix 2 and listed in Table S3:

3"%0wg = Xou X 5180Qtz + X X 080 (3)

where X, and Xy are the O molar fractions of quartz and
magnetite, respectively. The modal amounts of quartz and
magnetite, as determined using digital image analysis of
thin sections, are from Table S1. Minerals other than
magnetite were estimated as quartz. The amount of sili-
cates other than quartz varied (5-65%), but the mode % of
quartz generally decreased with increasing metamorphic
grade. Estimates of 5'80wg are therefore most reliable for
the least metamorphosed, quartz-rich samples.

We define the magnetite—Fe silicate fractionation factor
as:

56 56 56 31, 36
A Femi_resit = 0 Femi — 0”7 Fepe sit &~ 10° In o " Few—re sit
(4)
56 . . - 56, /54
where o Feyre sit 1S the magnetite—Fe silicate *"Fe/”"Fe

fractionation factor. Because of the mixed nature of the Fe
silicate mineral separates, we compare our results to two

thermometers, = magnetite—olivine  and  magnetite—
hedenbergite:

10° In o*®Fepy_op = 0.270 x 10°/72 (5)
and

10% In o™ Fepg_prea = 0.335 x 10°/72 (6)

where T is in K, using the predicted Fe isotope fraction-
ation factors from Polyakov and Mineev (2000) and
Polyakov et al. (2007). Values of 5°°Fe for magnetite and
Fe silicates are taken as measured from the mineral sepa-
rates. Whole-rock 0°°Fe values are calculated in a manner
similar to that used for '8 0wy calculations (Appendix 2),
and are given in Table S4.

Pyroxene analysis

Pyroxene compositions were determined by wavelength-
dispersive spectroscopy (WDS) on the CAMECA SX51
electron microprobe at the University of Wisconsin-Madi-
son. The electron microprobe was operated at 15 keV with
20 nA of Faraday cup current in fixed spot mode with a
focused beam. Standards were natural and synthetic oli-
vines and pyroxenes and synthetic TiO,. For inverted
pigeonite, compositions of host and lamellae were reinte-
grated to determine the original pigeonite composition
using digital image analysis to estimate volumes of
lamellae and host from BSE images.
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Results

The chemical compositions of pyroxenes were determined
in five samples (Table S5). Oxygen isotope compositions
were determined on quartz and magnetite for 63 samples of
the Biwabik Iron Formation from the contact with the
Duluth Complex to 2,728 m away (3D distance; Table S6).
The results of partial dissolution tests for Fe isotope analysis
are given in Table S7. Magnetite from 27 samples was
analyzed for Fe isotope compositions, and co-existing Fe
silicates were analyzed in 11 of these samples (Table S8).

Pyroxene compositions and temperatures

Bonnichsen (1969) reported non-exsolved and inverted
metamorphic pigeonite close to the contact with the Duluth
Complex, and our observations support this. We analyzed
pyroxenes between 0 and 33 m distance from the contact
(Table S5) and found inverted pigeonite at distances up to
8 m (Fig. 3). The inverted pigeonite occurs in the coarsest
BIF at Dunka Pit. The least Mn-rich pigeonite contains
2.0 mol% Mn. This value is important because it provides
the most restrictive estimate of minimum temperature of
metamorphism at the contact. The reintegrated pigeonite
compositions (Table S5) suggest a minimum temperature
at the contact of 2825°C (Lindsley 1983). Simmons et al.
(1974) estimated the temperature at the contact of the
Duluth Complex and the Gunflint Iron Formation to be
>825°C at a locality 60 km NE using two pyroxene ther-
mometry (pigeonite and augite), which agrees well with
our estimate.

Anomalous Fe isotope fractionation upon incongruent
partial dissolution of samples

The complex mineralogy and fine-grained nature of many
Biwabik samples led Frost et al. (2007) to attempt deter-
mination of Fe isotope compositions of carbonate, oxide,

Di Hd

=,

O Opx
[ Reint. Pig.
@ Aug. Host

¥ Opx Host
O
v m%g @ v Vi

C—Aug. Lm.
Fig. 3 Compositions of augite, orthopyroxene, and re-integrated
pigeonite. The triangles and rectangles represent the host and
lamellae of inverted pigeonite, circles are measured pyroxenes and
squares are re-integrated pigeonites. Data from Table S5

AV4 AVA

En Fs

and silicate components through magnetic separation and
HAc, HCl, and HF partial dissolution. The supernatants
were analyzed by ICP-AES to monitor the phases dis-
solved, although such analysis cannot, for example, detect
partial dissolution of magnetite in the carbonate fractions
that were determined by HAc treatment. Frost et al. (2007)
attempted to isolate the majority of magnetite through an
initial magnetic separation, although they document
residual magnetite in the “non-magnetic” fractions that
were treated with HAc to dissolve carbonate.

We found that complete dissolution of siderite powder
required more aggressive HAc treatment (20% HAc, 40°C,
>24 h; Table S7) than that used by Frost et al. (2007)
(10% HAc at room temperature), although the Iless
aggressive treatment would likely dissolve dolomite and
calcite. More importantly, however, was the observation
that HAc treatment incongruently dissolves magnetite
where the solution has Fe(Il)/Ferq, ratios higher than 0.33.
These solutions had anomalously low-0"°Fe values by
~0.4%o in the supernatant relative to the initial magnetite
composition (Table S7). These results indicate that HAc
treatment of carbonate-magnetite mixtures may produce
anomalous Fe isotope compositions that do not reflect
either the carbonate or the magnetite components; the
effects are likely to be most significant where the carbonate
is dolomite or calcite, which have much lower Fe contents
than siderite. In contrast, HCl treatment congruently dis-
solves magnetite, as indicated by the stoichiometric Fe(IT)/
Feroia ratios and 5°°Fe values that are identical to the
initial magnetite composition (Table S7). These results are
similar to HCI dissolution of hematite, which occurs con-
gruently and imparts no anomalous Fe isotope
compositions (Johnson et al. 2004). Nevertheless, given the
broad overlap in the extent of dissolution of magnetite and
siderite in HCI under similar conditions, we did not attempt
to partially dissolve the carbonate component in the
samples.

Finally, we determined the extent of dissolution of pure
orthopyroxene mineral separates in 0.5 and 12 M HCI
(Table S7) to test that validity of our HCI treatment of the
Fe silicate component that is intended to remove trace
quantities of magnetite. Long-term (up to 96 h) treatment
in warm 0.5 M HCI dissolved only 1.9% of the ortho-
pyroxene, but such treatment would not significantly
dissolve magnetite contaminants. Treatment in 12 M HCI
at room temperature for 2-3 h completely dissolves
magnetite, and produces only 0.4-2.0% dissolution of the
orthopyroxene, where the largest extent of dissolution
occurred in the fine-grained samples; for the relatively
coarse-grained Fe silicate mineral separates analyzed in
this study, these tests show that the 12 M HCI treatment
can have no effect on the Fe isotope compositions that
were determined.
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Fig. 4 Oxygen and Fe isotope variations with 3D distance from the
contact with the Duluth Complex. a 5'80@2, 580y, and 6'%0wg
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standard deviation of isotopic compositions determined on thick
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less than that of the 0'%0yy values, reflecting the relatively high
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O and Fe isotope variations with distance

The variations in isotopic composition with distance to the
contact with the Duluth Complex are distinct for O and Fe.
Values of 6'®0 for quartz and magnetite systematically
decrease and increase, respectively, with proximity to the
contact (Fig. 4a). The largest change in 6'%0 values occur
for magnetite, which is consistent with modal abundances.
The Biwabik rocks have a greater proportion of oxygen in
silicates than magnetite, where the average mode is gen-
erally 74% silicates and 26% magnetite, and the quartz/
magnetite molar oxygen ratio is 1.9. If isotopic re-equili-
bration occurred during metamorphism, a greater shift in
5'"80p, would occur if isotopic exchange took place in a
closed system, based on mass balance constraints (Gregory
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et al. 1989). In contrast, 0°°Feyy, and 5°°Fep, s; values do
not systematically change with proximity to the contact
(Fig. 4b). In all cases 556FeMt values are greater than
5°°Fer. s values, and this difference is largest further from
the contact. There are, however, no systematic changes in
the average 5®Fepy, or 0°°Fep. s; values for the four iso-
grad zones that were analyzed. The general lack of
correlation between 6°°Fe values in part reflects the wide
range in magnetite and Fe silicate modes. For example, the
mol% Fe that resides in magnetite ranges from 40 to 90%,
but is not correlated with 556F6M[ values (Tables S1, S8).

The five localities studied by Frost et al. (2007) lie at
>100 m distance (3D) from the contact, and the 5°°Fe
values they measured for magnetite, or inferred for Fe
silicates based on HF partial dissolutions, broadly overlap
the range for these minerals we measure at these distances
(Fig. 4). Frost et al. (2007) additionally report Fe isotope
compositions for carbonates, as inferred from HAc
extractions, and these extend to the most negative values
measured for the Biwabik Iron Formation (Fig. 4).
Although low-6°Fe values are expected for BIF carbon-
ates (Johnson et al. 2003), the values measured by Frost
et al. (2007) might also reflect, at least in part, incongruent
dissolution of residual oxides in the HAc extractions, based
on the partial dissolution tests above.

Discussion

The changes in O isotope compositions with distance from
the contact with the Duluth Complex reflect the effects of
isotopic equilibration during metamorphism followed in
some cases by retrograde exchange. The degree of O iso-
tope exchange on the hand sample and outcrop scale is
discussed, followed by a discussion on Fe isotope equili-
bration between magnetite and Fe silicate. Finally, we
discuss how premetamorphic O and Fe isotope composi-
tions might be inferred if the effects of metamorphism are
understood.

Apparent quartz—magnetite oxygen isotope
temperatures

The systematic decrease in A180Qtz_Mt fractionations with
proximity to the contact may be interpreted to reflect
increasing metamorphic temperatures (Figs. 5, 6). At the
mm-scale for mineral separates or chips cut from the same
thick sections (Table S6), the average 1o standard deviation
(SD) for samples closer than 2.6 km to the contact is 0.07%o
for quartz, which lies within analytical error. The average
lo SD is 0.10%o for magnetite, which is just outside ana-
lytical error, although one sample (31C) has a larger 16 SD
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Fig. 5 Variations in quartz-magnetite O isotope fractionations
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samples are plotted. Corresponding temperatures (Eq. 2) shown at
right. Data from Table S6

of 0.82%.. With this one exception, these results could
suggest that O isotope equilibration was attained for most
samples at the mm-scale. However, these data do not pre-
clude retrograde exchange at a smaller scale.

To evaluate the degree of O isotope equilibrium at a
larger scale, multiple hand samples were analyzed from 13
locations, where the size of the outcrop ranges from 2 to
10 m in length. In Fig. 5, we have plotted isotopic fractio-
nations from all outcrops that contain three or more
analyzed hand samples. The variability in AlSOQtZ_Mt
fractionations between hand samples in an outcrop is greater
than the variability that is found within hand samples. The
variability in AlgOQtZ_Mt fractionations increases dramati-
cally at greater than 2.6 km from the contact with the Duluth
Complex (zone 2, outcrop 35; Fig. 5) showing that quartz
and magnetite never attained isotopic equilibrium at the
hand sample scale (10 cm) in outcrop 35 (zone 2), which has
been excluded from further consideration in this study.

Comparison of the apparent quartz—magnetite O isotope
temperatures with those predicted by pigeonite stability or
simple cooling models suggests that the O isotope tem-
peratures were reset during cooling (Fig. 6). The average
apparent O isotope temperature closest to the contact is
700°C (as calculated from a polynomial curve fit; Fig. 6).
The only significant deviation from this curve is sample 03
BIW 39C, which is an iron-formation xenolith within the
Duluth Complex that yields 918 + 6°C (Fig. 6). Apparent
temperatures decrease from ~700°C at the contact to
~370°C at 2,600 m (Fig. 6). The data of Perry and Bon-
nichsen (1966) are also plotted in Fig. 6 with their
estimates of distance in 3D, which assumes a dip of ~12°
(Perry et al. 1973). The apparent temperatures of Perry and
Bonnichsen (1966), recalculated using Eq. 2, are ~50°C
lower than those we determined closest to the contact,

1000

900 4

800 1
- b

700 a‘l:.

600

500 A

Temperature (C°)

4001 o This study: all samples
== This sludy. oulcrop average
< Perry and Bonnichsen (1966) &
— Jaeger curve
=~ = Curve fit io data (this study)

300 A

200 T T g T
0.1 1 10 100 1000 10000

Distance (m) 3-D

Fig. 6 Comparison of apparent quartz—magnetite O isotope temper-
atures from this study and Perry and Bonnichsen (1966) with distance
(3D) from the contact with the Duluth Complex (Table S11). The
uncertainty in the temperature is based on the 1o standard deviation of
the A'glez,Mt fractionations determined from the hand samples for
each outcrop. Perry and Bonnichsen’s (1966) samples are generally
lower in temperature than this study. The solid curve is a predicted
thermal profile (Jaeger 1959) (see text). The dashed curve is a second-
order polynomial fit through the data and is concave up (vs. linear 7),
which is consistent with conductive cooling of a simple tabular
intrusive body (Jaeger 1957)

and ~50°C higher than our result at greater than 400 m
from the contact (Fig. 6, Table S11). The pigeonite tem-
perature of >825°C that we obtain is more than 100°C
above the quartz—magnetite O isotope temperature we
determine at the contact and >150°C above the recalcu-
lated apparent temperature of Perry and Bonnichsen
(1966).

A simple conductive cooling model is illustrated in
Fig. 6, following the approach of Jaeger (1957). Details of
the calculation are given in Appendix 3 (On-Line Supple-
mentary Material). At distances less than 1,000 m, the
predicted thermal profile for the Biwabik Iron Formation is
higher in temperature than the curve fit through the apparent
temperatures that are calculated from the measured
AISOQlZ_M[ fractionations, and the greatest discrepancy
exists close to the contact (Fig. 6). We therefore interpret
the difference between the predicted and oxygen isotope
temperature profiles to record retrograde exchange at all but
the lowest temperatures; as noted above, the wide range in
A180QtZ_Mt fractionations for the samples furthest from the
contact (>2.6 km, isograd zone 2) indicates that these
samples never achieved isotopic equilibrium.

Evidence for oxygen isotope exchange during cooling

Interpretation of the apparent quartz—magnetite tempera-
tures as reset requires consideration of the oxygen diffusion
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domains. Because oxygen diffusion is slower in magnetite
than quartz (Giletti and Hess 1988; Cole and Chakraborty
2001), and the 5'30 values for magnetite are more variable
than those of quartz (Table S6), we would expect that the
rate-limiting step for retrograde oxygen isotope exchange
lies in oxygen diffusion in magnetite (see Valley 2001). If
this interpretation is correct, the maximum metamorphic
temperatures were higher than the apparent temperatures
calculated by quartz—magnetite oxygen isotope thermom-
etry. Such a conclusion is consistent with the fact that
metamorphic temperatures calculated from inverted
pigeonite at Dunka Pit are more than 100°C higher than the
apparent quartz—magnetite oxygen isotope temperatures.

We use magnetite as the basis for considering diffusion
distances of oxygen (Giletti and Hess 1988). For thin
sections of samples near the gabbro contact at Dunka Pit,
the magnetite grain radius is taken as the diffusion distance
and was measured by petrographic microscope. For the rest
of the samples, representative grain size was estimated
from back-scattered electron images. In samples where the
magnetite-rich layers were primarily composed of magne-
tite (>80%), the half width of the magnetite layer was
considered to be the diffusion distance. These results are
summarized in Table S9.

In Fig. 7 we compare the apparent quartz—magnetite O
isotope temperatures with calculated closure temperatures
(T.) based on oxygen diffusion in magnetite. Closure
temperatures are calculated using the Dodson (1973)
equation:

(E/R) .
ln{_A R Tcz(DO/az)}

T, =

ECD
where A = diffusional anisotropy parameter (55 for mag-
netite, 8.7 for quartz), a = diffusion distance, nominally the
radius of the mineral grain (in cm), R = the gas constant (J/
mol K), D, = pre-exponential factor (cm?/s), E = activa-
tion energy (J/mol), and 67/6t = linear cooling rate (K/s).
Using the oxygen diffusion coefficient in magnetite at
P(H,0) = 1 kb of Giletti and Hess (1988), a cooling rate of
5.6°C/kyr, T. is 700°C for 0.6 mm (radius) magnetite,
which is a typical grain size for the Upper Cherty unit rocks
at the contact with the Duluth Complex. The apparent
temperature of 918°C for the xenolith likely reflects a
locally dry environment, which could cause slow diffusion
of oxygen in magnetite and quartz. The closure tempera-
ture calculated for hydrothermal quartz (Dennis 1984) at
the contact is 618°C, which is ~80°C lower than that of
magnetite. Other primary minerals at the contact are
pyroxene and fayalite. These minerals diffuse oxygen more
slowly than quartz (Fortier and Giletti 1989; Zheng and Fu
1998; Cole and Chakraborty 2001). We may therefore

@ Springer

1000
- O Apparent temperatures,
900 - A0 (Qt-Mt)
o Closure temperatures-
magnetite
_ 800 xenolith g
L Y/ o
o 700 o E
= o
2 oo
S 600 ° °f
-4 o
€
500 A
s o
]
400 4 o
]
300 A
200 T T T T
0.1 1 10 100 1000 10000

Distance (m, 3-D)

Fig. 7 Comparison of apparent O isotope temperatures and the
closure temperatures predicted from the Dodson equation as applied
to O diffusion in magnetite with a cooling rate of 5.6°C/kyr. Closure
temperature decreases away from the contact due to smaller crystal
size. Data from Tables S6 and S9

safely assume that, in the absence of fluid flow, there is no
exchangeable reservoir other than quartz at temperatures
below T, of magnetite. Therefore, the magnetite 7. reflects
the closure temperature of the quartz—magnetite
fractionation.

With the exception of three samples within 100 m of the
contact, the calculated closure temperatures are similar to
the apparent quartz—magnetite temperatures (Fig. 7;
Table S9). If apparent temperatures are less than peak
temperatures, the 6'°0 values for magnetite should vary
with grain size. To test this hypothesis, magnetite was
sieved from two samples, 03BIW43B (5 m from contact)
and 03BIW18C (8 m), from Dunka Pit (Table S10). Two
grain diameters were separated for single crystals of
magnetite, 500-350 and 150-105 pm. Unbroken crystals
of each size range were hand-picked and analyzed for
6'®0, and apparent quartz—magnetite oxygen isotope tem-
peratures were calculated using matrix quartz. Because
oxygen diffusion is faster in quartz, it is assumed to have
become homogenized during cooling below T.(Mt). For
sample 03BIW43B, the bulk magnetite separate produced
an apparent quartz—magnetite temperature of 702°C
(average grain size: 197 pum; Table S9). The large mag-
netite fraction (350-500 pm) produced a higher apparent
temperature of 716°C, and, most importantly, the small
fraction (105-150 pm) produced the lowest apparent tem-
perature of 669°C (Table S10). Similar results were found
for sample 03BIW18C, where the bulk separate (average
grain size: 205 pm; Table S9) produced an apparent tem-
perature of 644°C, the larger size fraction produced 732°C,
and the smaller size fraction produced 601°C (Table S10).
These temperatures compare with those calculated from the
Dodson equation (Eq. 7), where, assuming a cooling rate of
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fractionations from Polyakov and Mineev (2000) and Polyakov et al.
(2007), combined with the measured quartz—magnetite O isotope
fractionations. Regression of the measured fractionations produces
A>Fey re sit = 0.168 (10%7%) (T in K), with an R* of 0.70 (dashed
line). Arrows mark relative trajectories for deviation from the
predicted O-Fe isotope fractionations, depending upon the relative
closure temperatures for O (T(C)Xy ) and Fe (T5°). Data from Tables S6
and S8

5.6°C/kyr, the difference in 7. between a 450 pm crystal
(625°C) and a 128 pm (552°C) is 73°C. The data for the
different size fractions are therefore broadly consistent
with the interpretation that the quartz—magnetite oxygen
isotope temperatures reflect exchange by diffusion during
cooling, and not peak temperatures of metamorphism.

Fe isotope fractionations

Quartz—magnetite O isotope fractionations (AlSOQtZ_Mt) are
positively correlated with magnetite—Fe silicate Fe isotope
fractionations (AS(’FeMt_Fe sil), suggesting that both isotope
systems record the effects of metamorphism (Fig. 8). Frost
et al. (2007) observed that their measured A>°Fey re sit
fractionations in the Biwabik Iron Formation did not follow
those predicted for coexisting magnetite—olivine or mag-
netite—hedenbergite (Polyakov and Mineev 2000; Polyakov
et al. 2007) based on their estimated metamorphic temper-
atures, and they interpreted this to reflect a lack of Fe isotope
equilibrium among magnetite and Fe silicates during

metamorphism. Indeed, our measured AH;OQ[Z_Mt -
A®Fep re sil fractionations do not lie along the predicted
O-Fe trend, using the AISOQtZ,Mt versus temperature rela-
tions of Clayton and Kieffer (1991), and A>®Ferotivine OF
A56FCMI—Hedenbergite versus temperature relations of Poly-
akov and Mineev (2000) and Polyakov et al. (2007) (Fig. 8).

We interpret the AIROQtZ_Mt — A>®Feppre si relations in
Fig. 8 to reflect attainment of O and Fe isotope equilibrium
in at least zone 8, followed by cooling through the closure
temperatures for O and Fe, T&®Y < Tt<. This contrasts with
the interpretation of Fe isotope fractionations by Frost et al.
(2007), who argued that any temperature dependence in
magnetite—Fe silicate fractionations was fortuitous. As
noted above, TS for magnetite is generally less than
~650°C in zone 8, significantly less than the >800°C peak
temperatures predicted by a conductive cooling model for
<100 m from the contact (Figs. 6, 7). Based on the diffu-
sion data for oxygen in magnetite (Giletti and Hess 1988),
and iron in magnetite (Freer and Hauptman 1978) and
olivine (Chakraborty 1997), the relative closure tempera-
tures should be olivine (Fe) > magnetite (O) > magnetite
(Fe); this is the same relative order estimated by Frost et al.
(2007), who calculated the closure temperature for Fe sil-
icates was ~ 730°C for the Biwabik Iron Formation based
on an assumed cooling rate of 0.7-2°C/kyr and grain size
of 1 mm. However, even this high closure temperature is
below the peak metamorphic temperatures of zone 8
(Fig. 6), which supports the interpretation that the corre-
lation between A180Q[Z_M[ and A Feype si (Fig. 8)
reflects isotopic exchange during metamorphism. The off-
set in the measured fractionations relative to the O and Fe
isotope thermometers likely reflects, at least in part, the
higher closure temperatures for Fe (constrained by the Fe
silicates) relative to O (constrained by magnetite). The
scatter in the AISOQtZ_Mt — A>®Fepre s relations may
reflect the fact that our Fe silicate separates (made by
physical separation) contain mixtures of different silicates,
given the difference in predicted magnetite—olivine and
magnetite—hedenbergite Fe isotope fractionations (Fig. 8).

Our results suggest that the equilibrium magnetite—Fe
silicate Fe isotope fractionation at ~750-800°Cis ~ +0.2%o,
using the samples that had the smallest quartz—magnetite
oxygen isotope fractionations (Fig. 8). This isidentical to the
magnetite—Fe silicate fractionation measured by Frost et al.
(2007) for their highest grade sample, as well as a magnetite—
pyroxene pair from the high-grade Isua BIFs analyzed by
Dauphas et al. (2004). These fractionations are, however,
significantly higher than the near-zero magnetite—Fe silicate
fractionations at ~ 800°C measured by Beard and Johnson
(2004) in quenched volcanic rocks. We speculate that this
contrast reflects the different chemical compositions for
igneous magnetite relative to magnetite from the Biwabik
Iron Formation. Inigneous rocks, Al, Cr, Mn? * and Titt may
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substitute for Fe>* in magnetite, where the most common
substitution is Ti as part of the magnetite—ulvospinel solid
solution that exists at magmatic temperatures. The igneous
magnetites analyzed by Beard and Johnson (2004) (Fig. 8)
contained 4.7-5.5 wt% TiO,, 1.4-1.8 wt% Al,O3, 0.6—
0.7 wt% MnO, and 0.8-1.1 wt% MgO. In contrast, magne-
tite in the contact metamorphic zone of Gunflint Iron
Formation, which is correlative with the Biwabik Iron For-
mation, is near end member Fe;O,4, where TiO, contents
are <0.1 wt% except in a few samples reported from near the
contact (Floran and Papike 1978; Muhich 1993). Polyakov
and Mineev (2000) noted that element substitution for Fe**
may affect the reduced partition function ratio of magnetite
(Psess4), although they did not calculate the effects of Ti
substitution. The contrasting Fe isotope fractionations in the
Biwabik and igneous rocks, as well as the fact that the Ti-
bearing magnetite in igneous rocks did not produce fractio-
nations that overlap those predicted by Polyakov and Mineev
(2000) and Polyakov et al. (2007), suggests that effects on the
order of a few tenths per mil in “°Fe/>*Fe ratios for magnetite
may occur due to variations in magnetite composition.

Open- and closed-system exchange of O and Fe
isotopes

Covariations between (5180(2tZ and 00y, suggest two
different responses to metamorphism as a function of dis-
tance to the contact. Most of the data lie within the
envelope of closed system isotopic exchange defined by the
molar oxygen quartz/magnetite ratios (Fig. 9; see, Gregory
et al. 1989). The 0'®0 values for the primary iron oxide-
bearing sediments and lowest-grade metamorphic equiva-
lents will plot to the right (below) the 300°C isopleth
(Fig. 9). The relatively large range in 5'®Oyy, relative to
(3180QlZ is consistent with the relatively high molar oxygen
quartz/magnetite ratio, which ranges from 0.42 to 3.61. The
data for the outer part of the contact aureole (>200 m)
scatter about a negative slope that may suggest partial
isotopic re-equilibration along molar oxygen quartz/mag-
netite ratios that lie within the range observed for the
samples. The data within 200 m of the contact, however,
scatter about a high-temperature isopleth and are positively
correlated, which suggests local exchange with low §'*0
magmatic water from the Duluth Complex, or variability in
the initial bulk-sample 6'%0 values.

Calculated 5180WR values (Table S3) scatter between
+10 and +15%0 (Fig. 4). The average 5IBOWR value is
11.9 + 0.6%0 for samples within 33 m of the contact at
Dunka Pit, 12.6 + 1.0%o outside Dunka Pit but less than
2.6 km from the contact, and 12.9 +2.6%. for samples
greater than 2.6 km from the contact. These 5ISOWR values
are suggestive of some fluid infiltration with proximity to
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Fig. 9 Variations in 5180()lZ and 6'80y, values in the Biwabik rocks.
Equilibrium temperatures (solid diagonal lines) from Clayton and
Kieffer (1991). The analytical uncertainty is less than the size of the
symbols. Dashed lines show the trajectories expected for closed
system isotopic exchange between quartz and magnetite using the
average, maximum, and minimum molar O quartz/magnetite ratios.
The relatively large changes in 580, values as compared to 5180()lZ
reflects the relatively low magnetite abundances as compared to
quartz. Note that some samples near the contact plot to the left of the
trajectory of lower temperature samples suggesting open system
exchange with lower ¢'%0 fluids. Data from Table S6

the contact, although they overlap within the scatter of the
data. Independent evidence for fluid exchange at the con-
tact lies in the chemical composition of magnetite, which is
nearly end-member Fe;O, away from the contact, but is
enriched in Ti with proximity to the Duluth Complex,
reflecting ulvospinel solid-solution in magnetite (Muhich
1993). Metasomatic alteration of the Biwabik Iron For-
mation with proximity to the contact is also indicated by
increases in Al and alkalis (Muhich 1993).

In the absence of significant fluid flow, in principle, the
premetamorphic 6'*0y; and 6'%0¢, values may be esti-
mated through extrapolation to low-temperature quartz—
magnetite fractionation lines (<300°C; Fig. 9) along the
molar O quartz/magnetite ratios for individual samples.
Such an approach assumes a closed-system and does not
account for changes in magnetite and quartz proportions
during metamorphism. Despite these issues, however, it is
clear that the pre-metamorphic §'*0 values for magnetite
(or their oxide precursors) must have been lower (Fig. 9).
Using the range of molar O quartz/magnetite ratios in the
samples, the low-temperature 6'°Oyy values probably
ranged from -6 to +1%o, and the 5]80Qtz values were
probably in the range of +20 to 25%o.

The relations between the 6°°Fe values for magnetite
and Fe silicates, and the calculated whole-rock 5°Fe
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silicate fractionation varies with temperature (Fig. 8), there is no
correlation with calculated 6°°Fewg values, suggesting that the bulk
Fe isotope compositions were not homogenized from zone to zone
during metamorphism. Data from Tables S4 and S8

values based on modal abundances, demonstrate the mass-
balance control between the Fe silicates and magnetite
(Fig. 10). In all cases, the 5°°Fe values of the Fe silicates
are lower than those of the coexisting magnetite. This
relation was generally observed by Frost et al. (2007), but
in some cases they found magnetite—Fe silicate reversals,
which they argued reflect primary, low-temperature com-
positions that did not equilibrate during metamorphism. In
contrast, we argue that the Fe isotope fractionations
between magnetite and Fe silicate are a function of meta-
morphic grade (Figs. 8, 10), an interpretation supported by
the evidence discussed above that peak metamorphic
temperatures exceeded the closure temperatures of O and
Fe. That there is no correlation between calculated bulk
0%Fe value and metamorphic grade (Figs. 4, 10) indicates
that widespread Fe isotope homogenization did not occur.
The bulk §°°Fe values for individual BIF layers, therefore,
seem likely to have been preserved despite high-grade
metamorphism, a conclusion Frost et al. (2007) reached in
their Fe isotope study of the Biwabik Iron Formation, and
one with which we agree.

Co-variations between the measured 6Oy, and 5°°Feyy,
values demonstrate the distinct trajectories for O and Fe
that are expected for isotopic equilibration during meta-
morphism. Because oxygen isotope fractionations are more
sensitive to variations in temperature than iron isotope
fractionations, and because magnetite comprises a rela-
tively small oxygen inventory, but the major iron
inventory, 6'®0y; values changed over 10%o during
metamorphism of the Biwabik Iron Formation, but 55(’FeMt

12 Isotopic Exchange
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Fig. 11 Co-variation in 'Oy, and 6 °Fey, values and isotope
exchange trajectories that would be produced by metamorphism.
Solid lines indicate coupled O-Fe isotope exchange in a closed
system at two different whole-rock Fe isotope compositions (left line
5"80wr = +13%0, 0°°Fewr = —0.2%0; right line 5" 0wr = +13%,
5Fewr = + 0.5%o), as calculated using Eqgs. 8 and 9 in the text
and the average molar O/Fe ratio of the samples. The trajectories are
only slightly changed if the minimum or maximum molar O/Fe ratios
in the Biwabik samples are used. O-Fe isotope exchange is assumed
to have occurred via the relation A>°Feyy, pe sit = 0.0255 AISOQM_MI,
equivalent to the regression of the measured O and Fe isotope
fractionations (dashed line in Fig. 8). These relations indicate that the
low-temperature (3'80Mt values were at least 10%o lower than those
measured in the high-grade portions of the Biwabik Iron Formation,
and the low-temperature 0%Fepy values were ~0.3%o higher than
those in the high-temperature samples, assuming closed-system
isotopic exchange at constant mineral abundances

values are predicted to change by only ~0.3%. (Fig. 11).
The effects of isotopic equilibration during metamorphism
were calculated using the mass-balance equations:

8*®Feyy = 0 Fewr — AFenresit(Xai_1) (8)
and
30y = 6" Owr + A® Oy mi(Xmi_1) 9)

where the whole-rock §°°Fe and 4'®0 values fix the rela-
tive position of the equilibration curves, Xy is the Fe or O
mole fraction in a simple two-component magnetite—Fe
silicate or magnetite—quartz mixture, respectively, and the
temperature dependence of A>®Fepp re sii and AISOQtZ_Mt
are from regression of the measured results in Fig. 8.
Extrapolating to the (356FeMt or (3180Mt variations expected
at low temperatures indicates that the 556FeM[ values for
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Fig. 12 Comparison of 6'®0 and §°°Fe values for magnetite from
banded Iron Formations from around the world. Horizontal bars
indicate estimated low-temperature, “primary” O and Fe isotope
compositions, based on closed-system exchange model in Fig. 11.
Data sources: / Sharp et al. (1988); 2 Perry et al. (1978); 3 Perry and
Ahmad (1981); 4 Becker and Clayton (1976); 5 Dauphas et al. (2004);
6 Johnson et al. (2007); 7 Johnson et al. (2003)

the initial low-temperature magnetite was ~ 0.3%o higher
than those measured for the highest-grade samples. This
contrasts with the interpretation of Frost et al. (2007) that
the measured 6°°Feyy, values directly record the low-tem-
perature, “primary” compositions.

Comparison with O and Fe isotope data from other
banded iron formations

The largest range in 6'%0 and §°°Fe values for magnetite
from BIFs tends to be found in the lowest-grade samples
that have been studied to date (Fig. 12). The effects of
metamorphism produce a strong increase in d'*Oyy, values
and slight decrease in 556FeMl values (Fig. 11). Magnetite
from isograd zone 2 ranges in 6'%0O from approximately —6
to +6%, reflecting equilibration with seawater or low-3'*0
pore fluids during deposition, as well as exchange at

@ Springer

moderate metamorphic grade. The estimated low-temper-
ature isotopic compositions have a slightly more restricted
range in 6"80p, values, ~—6 to +1%o. The Biwabik Iron
Formation data overlap all 5'80y, values determined from
other BIFs (Fig. 12). Of the BIFs that have been previously
analyzed for O isotope compositions, zone 2 of the Biwa-
bik Iron Formation and the Dales Gorge Member of the
Brockman Iron Formation experienced the lowest grades of
metamorphism (sub-greenschist facies; Becker and Clayton
1976; this study). The Kirvoy Rog Iron Formation
(greenschist- to amphibolite-facies), the Iron Formation in
Isukasia in Western Greenland (amphibolite-facies), and
the Wind River Iron Formation (granulite-facies) define a
range in '%0y, values that overlaps those of the contact
metamorphosed Biwabik Iron Formation. We suggest that
the higher 6'%0y, values in this range reflect the greatest
extent of metamorphic equilibration, but this is difficult to
assess without detailed knowledge of the molar O mag-
netite/silicate ratios in the rocks.

The lowest-grade BIFs also have the largest range in
0°°Fe values (Fig. 12), including the Kuruman Iron For-
mation, which was metamorphosed to ~ 100-200°C, and
the Dales Gorge member of the Brockman Iron Formation,
which was metamorphosed to ~300°C (Becker and
Clayton 1976; Johnson et al. 2003). Curiously, none of the
magnetite from the zone 2 isograd samples in this study,
nor the estimated low-temperature isotopic compositions
(Fig. 11), have the low 5°°Fe values that are common in
the Kuruman and Dales Gorge units (Fig. 12). The positive
5 6F€Mt values of the Biwabik Iron Formation are similar
to those found in the 3.7 Ga Isua BIFs (Fig. 12), but these
do not reflect metamorphism because metamorphic equili-
bration will tend to decrease §°°Feyy, values if Fe silicates
were also present (Fig. 11). Instead, Johnson et al. (2008)
suggest that the positive 6°°Feyy, values for the 3.7 and
1.8 Ga BIFs may reflect a lack of bacterial iron reduction at
these time periods.

Conclusions

The thermal gradients that were imposed on the 1.9 Ga
Biwabik Iron Formation by the 1.1 Ga Duluth gabbro
intrusions produced systematic changes in O and Fe isotope
fractionations between coexisting minerals. The minimum
temperatures recorded by pigeonite stability in Biwabik
rocks near the contact, as well as estimated intrusion
temperatures for the Duluth Complex, produce thermal
profiles that indicate peak metamorphic temperatures
greater than the apparent quartz—magnetite oxygen isotope
temperatures. Estimated closure temperatures for O in
magnetite are similar to the apparent O isotope tempera-
tures, suggesting that the quartz—magnetite O isotope
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fractionations reflect oxygen exchange by diffusion upon
cooling, where Biwabik rocks near the contact cooled at
~5.6°C/kyr. At this rate, the Biwabik Iron Formation at
the contact cooled from ~ 825 to 400°C in ~75 kyr. This
interpretation is supported by a correlation of apparent
quartz—magnetite O isotope temperatures with magnetite
grain size.

Comparison of quartz—magnetite O isotope fractiona-
tions with magnetite—Fe silicate Fe isotope fractionations
suggest that both reflect the effects of metamorphism, and
this is supported by recognition that peak metamorphism
exceeded the closure temperatures for O and Fe. Extra-
polation to pre-metamorphic conditions indicates that the
“original” §'®0 values for magnetite were at least 10%o
lower, and quartz were at least 5%o higher, than those in the
higher-grade portions of the contact aureole. Because a
relatively large proportion of the Fe inventory lies in
magnetite, coupled with the relatively smaller Fe isotope
fractionations, the shift in Fe isotope compositions of
magnetite during metamorphism was much smaller. The
0°°Fe values for magnetite at pre-metamorphic conditions
were ~ 0.3%o higher than those in the high-grade Biwabik
rocks. Because the effects of metamorphism decrease
(35(’FeMt values in rocks that also contain Fe silicates,
metamorphism cannot explain the positive 9°°Feyy, values
measured in the 1.8 Ga Biwabik BIFs, as well as Early
Archean BIFs, and such values may reflect changes in the
biogeochemical cycles of Fe relative to those involved in
the intermediate-age (~2.5 Ga) BIFs (Johnson et al. 2008).
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