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ABSTRACT

The largest Fe isotope excursion yet measured in marine sedimentary rocks occurs in shales, carbonates, and
banded iron formations of Neoarchaean and Paleoproterozoic age. The results of field and laboratory studies
suggest a potential role for microbial dissimilatory iron reduction (DIR) in producing this excursion. However,
most experimental studies of Fe isotope fractionation during DIR have been conducted in simple geochemical
systems, using pure Fe(lll) oxide substrates that are not direct analogues to phases likely to have been present in
Precambrian marine environments. In this study, Fe isotope fractionation was investigated during microbial
reduction of an amorphous Fe(lll) oxide—silica coprecipitate in anoxic, high-silica, low-sulphate artificial Archaean
seawater at 30 °C to determine if such conditions alter the extent of reduction or isotopic fractionations relative
to those observed in simple systems. The Fe(ll1)-Si coprecipitate was highly reducible (c. 80% reduction) in the
presence of excess acetate. The coprecipitate did not undergo phase conversion (e.g. to green rust, magnetite or
siderite) during reduction. Iron isotope fractionations suggest that rapid and near-complete isotope exchange
took place among all Fe(ll) and Fe(lll) components, in contrast to previous work on goethite and hematite, where
exchange was limited to the outer few atom layers of the substrate. Large quantities of low-5°Fe Fe(ll) (aqueous
and solid phase) were produced during reduction of the Fe(lI)-Si coprecipitate. These findings shed new light on
DIR as a mechanism for producing Fe isotope variations observed in Neoarchaean and Paleoproterozoic marine

sedimentary rocks.
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INTRODUCTION

Microbial dissimilatory iron reduction (DIR) couples reduc-
tion of Fe(III) oxides and hydroxides to the oxidation of
organic matter or H,. This metabolism is deeply rooted in
the phylogenetic tree of life on Earth, suggesting that it
evolved early in Earth’s history (Vargas et al., 1998; Lovley,
2004). DIR has been hypothesized to have played a role
in Fe redox cycling in Precambrian marine environments
(Canfield ez al., 20006), potentially leaving behind geological
(Walker, 1984; Nealson & Myers, 1990; Konhauser et al.,
2002, 2005; Fischer & Knoll, 2009) and isotopic signatures
(Beard et al., 2003; Johnson ez al., 2008a; Fischer ez al.,
2009; Heimann ez al., 2010; Tangalos et al., 2010; Crad-
dock & Dauphas, 2011). In modern natural environments,
an Fe isotope fingerprint appears to be associated with DIR
in the form of low &°Fe values for aqueous Fe(II)
(Fe(Il).q) (Severmann et al., 2006, 2010; Fehr ez al., 2008;
Teutsch ez al., 2009; Tangalos et al., 2010), representing a
significant flux of isotopically light Fe(II),q to the oceans
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(Severmann ez al., 2006, 2010). Low &°°Fe values for
Fe(I1),q may also be produced by extensive oxide precipita-
tion (Rouxel ez al., 2008; Severmann et al., 2010), where
8°°Fe values for residual Fe(II),q decline rapidly as aqueous
Fe concentrations become very low (>80% oxidation).
However, previous discussions of DIR versus oxide precipi-
tation as mechanisms for generation of low-3°°Fe values in
the rock record have highlighted the importance of consid-
ering the relative quantities of Fe produced by these pro-
cesses (Johnson et al., 2008b), where it has been argued
that DIR is a more plausible mechanism to provide large
inventories of isotopically light Fe(II) in Fe-rich rocks.
Previous experimental work on Fe isotope fractionation
produced by DIR has used pure cultures and conditions
analogous to freshwater systems (Icopini et al., 2004; Cros-
by et al., 2005, 2007; Johnson et al., 2005), and to date
only one study has looked at the effects of complex media
such as the presence of dissolved silica (Wu ez al., 2009).
No experimental work has investigated DIR-driven Fe iso-
tope fractionation under conditions analogous to natural
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marine systems, especially those present in the Archaean
and Paleoproterozoic time.

Precambrian ocean chemistry was different from that of
modern oceans, due to the primitive atmosphere and, impor-
tantly, different controls on the silicon budget. The Archaean
oceans are thought to have had low sulphate contents (e.g.
Habicht ez al., 2002) reflecting generally low atmospheric O,
concentrations. In addition, seawater in the Proterozoic and
Archaean was probably saturated with respect to amorphous
silica (Siever, 1992; Maliva et al., 2005) because of the lack of
silica-secreting organisms in the Precambrian. It is therefore
possible that Fe(III) oxide-silica interactions impacted DIR in
the Precambrian in ways not reflected in previous experiments
that used simple systems. Aqueous silica exists as monomeric,
dimeric or polymeric forms depending on the amount of silica
present and the pH of the system (Sigg & Stumm, 1980;
Swedlund & Webster, 1999; Davis et al, 2002). At low
pH values, monomeric silica dominates, whereas silica poly-
merization is widespread at alkaline pH (Iler & Knovel, 1979;
Svennson et al., 1986; Davis et al., 2001; Hiemstra ez al.,
2007). Silica polymerization is hypothesized to interfere with
DIR at high pH, based on experiments that used hematite as
the terminal electron acceptor (Wu ez al., 2009). High-silica
concentrations may also affect transformation of ferrihydrite
to crystalline mineral phases, as the presence of dissolved
silica generally inhibits phase transformations (Cornell &
Giovanoli, 1987; Cornell ez al., 1987; Mayer & Jarrell, 1996;
Jones et al.,2009).

In this contribution, we report on Fe isotope fractionation
coupled to DIR under conditions that simulated key aspects
of Archaean marine conditions, through use of an artificial
seawater medium under anaerobic conditions that had low
sulphate concentration and high dissolved silica, and use of
an amorphous Fe(III) oxide-silica coprecipitate designed to
provide a better analogue to Fe(III) phases that probably
existed in the Archaean oceans relative to pure Fe(IIT) oxides
(Konhauser et al., 2007; Fischer & Knoll, 2009). This work
demonstrates production of large quantities of Fe(II) in
aqueous and solid phases that have distinct Fe isotope compo-
sitions, thus providing support for DIR as a means for produc-
ing large quantities of low-3°°Fe Fe(IT), as well as fine-scale Fe
isotope heterogeneity in solids as seen in the Fe isotope record
in Precambrian marine sedimentary rocks and banded iron
formations.

MATERIALS AND METHODS

Experimental overview

Dissimilatory iron reduction experiments were conducted
under simulated Archacan conditions using an Fe(III)-Si
coprecipitate as the electron acceptor and solution chemistry
that mimicked that of an anaecrobic low-sulphate, Si-rich
Archaean seawater. These conditions are similar to those used

by Wu et al. (2009), who examined DIR in silica-saturated
conditions using hematite as an electron acceptor. Given that
the experimental medium was at saturation with respect to
silica, net mobilization of silica during microbial reduction,
such as that proposed in Fischer & Knoll (2009), was not
expected, although it is certainly possible that silica exchange
between solid and fluid occurred. Another major goal of this
work was to track Fe isotope fractionation as a function of the
extent of DIR, which was achieved by varying the amount
of organic carbon in the culture medium relative to a fixed
electron acceptor concentration.

Electron acceptor

The Fe(III)-Si coprecipitate was created through modifica-
tion of the procedure for synthesis of goethite from aqueous
Fe(II) (Schwertmann & Cornell, 1991). A solution of
100 mm NaHCOj3, 100 mm Na,SiO39H,O and 50 mm
FeCl,4H,0 was prepared and allowed to oxidize in open
exchange with the atmosphere. After 2 weeks of continuous
stirring or shaking, Fe(III) accounted for 95-100% of total
Fe as determined by 0.5 M HCI extraction and Ferrozine
analysis (see below). The solid was centrifuged and rinsed with
distilled water to remove excess salts.

Aqueous medium

Artificial Archacan secawater (AAS) (Table S1) was prepared
based on the artificial seawater recipe of Kester et al. (1967),
modified through elimination of Na,SO4 and addition of
0.608 g L Na,Si039H,0 to account for high dissolved
silica content of the Precambrian oceans. The medium
included vitamins and trace elements (Lovley & Phillips,
1988), the latter of which added 200 pum sulphate, compara-
ble to values suggested for Archaean seawater (Habicht et al.,
2002). Typical DIR growth medium contains high concentra-
tions of phosphate (24 mMm) (Lovley & Phillips, 1988); the
amount of phosphate was reduced to 0.1 mm in AAS in order
to avoid production of large quantities of Fe(II)—phosphate
phases (e.g. vivianite). The Fe(III)-Si coprecipitate was added
(from a concentrated stock slurry) to a final concentration of
95 mmol Fe L', The medium was buffered with 30 mm
NaHCOg3;, and rendered anoxic by bubbling with a 50:50 mix
of O,-free N,:CO, (passed through a reduced copper column
to remove any traces of O,), resulting in a final pH of approxi-
mately 6.5. After bubbling, the bottles were capped with a
thick rubber stopper to prevent intrusion of atmospheric O5.
The elevated CO, was intended to reflect the higher atmo-
spheric CO, concentrations of the Archaean atmosphere (Rye
et al., 1995; Ohmoto et al., 2004, 2006; Sheldon, 20006),
while producing a pH within the physiological limits of
modern marine dissimilatory iron-reducing bacteria (6.5-8.5;
Brenner et al., 2005). The slightly subneutral pH also mini-
mized potential silica polymerization on Fe(III) oxide surfaces
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(Sigg & Stumm, 1980; Davis et al., 2001), which at elevated
pH may inhibit DIR (Wu ez al.,2009).

Before inoculation, 1.3 mm of FeCl, was added as a reduc-
ing agent (Shelobolina ez al., 2003). To avoid crystallization
of the electron acceptor, the medium was not autoclaved. The
lack of autoclaving had no effect on bacterial growth com-
pared to previous transfers using similar autoclaved medium,
and because the DIR experiments were conducted with a
mixed culture (see next section) rather than a pure culture,
culture purity was not a concern.

DIR enrichment culture

Many previous studies of DIR have employed pure cultures
such as Geobacter sp. or Shewanelln sp. (Lovley & Phillips,
1987; Lovley et al., 1987; Nealson & Myers, 1990) in non-
marine freshwater culture medium. Although many modern
marine microbes are capable of DIR (Lovley et al., 2004), the
experiments reported here involved novel high-silica aqueous
chemical conditions, and the need for a microbial culture
capable of reducing a Fe(III)-Si coprecipitate. To this end,
an enrichment culture was initiated and propagated in AAS
medium with the Fe(III)-Si coprecipitate as the electron
acceptor. The enrichment was derived from marine mud-flat
surface sediment obtained from the shores of Sausalito, CA.
The AAS-based culture medium contained 100 mmol L™ of
Fe(IIT1)-Si coprecipitate and 20 mwm acetate. The culture was
transferred when the 0.5 M HCI extractable Fe(II) content
reached 60-80% of total Fe in the medium. After each trans-
fer, an aliquot of that generation was frozen at =80 °C for
DNA extraction and phylogenetic analysis.

DNA was isolated using the Mo-Bio PowerSoil® (Mo-Bio,
Carlsbad, CA, USA) DNA Isolation Kit. For denaturing gra-
dient gel electrophoresis (DGGE) analysis, 16S rRNA genes
were amplified using PCR primers 1055F and 1392R and
established protocols (Ferris et al.,1996). Visual inspection of
DGGE gels indicated a stable culture had been established.
After 15 generations, 16S rRNA genes were amplified with
primers 27F and 338R and pyrosequencing was carried out
through facilities at the University of Colorado in Boulder,
CO (Hamady et al.,2008).

Experiment configuration

Four experiments were conducted, using medium that con-
tained 1, 5, 10 or 20 mm acetate, which produced molar
C/Fe ratios of 0.08, 0.42, 0.84 and 1.68 respectively. A 10%
(vol/vol) inoculum was introduced from identical medium
that had limiting (1 mwm) acetate. Duplicate reactors were
prepared for each acetate concentration, and an uninoculated
control reactor was sampled along with the inoculated cul-
tures. All cultures were incubated at 30 °C in the dark. This
temperature is in line with Archacan marine temperature
estimates of 26-35 °C determined by oxygen isotopes in
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phosphate-containing strata from the Barberton Greenstone
Belt (Blake ez al., 2010), although considerably lower than
some proposed temperatures for the Archacan ocean (e.g.
Knauth & Lowe, 2003).

Sampling and extraction procedures

All additions to or removals from the culture bottles were
done using syringes which had been flushed with O,-free
N,:CO,. Subsamples (2 mL) were collected from each bottle
and used to separate different pools of Fe for chemical and
isotopic analysis. Samples were collected from shaken reactor
vessels to ensure homogeneous sampling of the solid suspen-
sion. All extractions were done inside an anaerobic chamber
(Coy Products, Grass Lake, MI, USA).

Fe(II) and total Fe were determined using 0.5 m HCI
extraction, followed by Ferrozine analysis (Stookey, 1970)
of Fe(II) and total Fe in the extract; Fe(III) contents were
determined from the difference of Fe(II) and total Fe. The
aqueous component was isolated through centrifugation,
extraction and filtration of the supernatant through a
0.2-pm filter, followed by addition of HCI to a final con-
centration of 0.5 m. Extraction of the aqueous component
in this manner minimized any potential contamination by
different Fe pools, although incomplete centrifugation and
penetration through the 0.2-pum filter may have resulted in
slight (<0.10 pmol) contamination with Fe from the bulk
aliquot.

Dilute HCI extractions were done to isolate separate Fe
pools that may have undergone isotopic exchange during
DIR, following approaches in previous work (Crosby ez al.,
2005; Wu et al., 2009; Tangalos et al., 2010). In this study,
we follow the same approach for investigating Fe isotope mass
balance. Individual pools of Fe were extracted from the
solid-phase Fe through two serial digestions. After removal of
aqueous Fe, the solids underwent a 0.1 m HCI digestion for
15 min. The extracts were then centrifuged, and the superna-
tant filtered through a 0.2-pm filter. Tests were completed
using 0.01, 0.05, 0.1, 0.15 and 0.25 m HCI and various
extraction times ranging from 5 to 60 min to determine
which extraction would produce the greatest amount of
Fe(II) relative to Fe(III) in the extract. A partial dissolution
(¢. 10% of total Fe) with 0.1 m HCI for 15 min resulted in an
extract that was 97-100% Fe(II). After the 0.1 m HCI diges-
tion, the remaining Fe in the solid was completely dissolved in
0.5 m HCI before filtration through a 0.2-pm filer.

All samples were analysed in duplicate for Fe(IT) and total
Fe contents after extraction. Aqueous silica was determined in
samples after filtration, and solid-phase silica was determined
in the 0.1 and 0.5 m HCl extracts. Silica was analysed colouro-
metrically (Clesceri et al., 1989) and also by ICP-OES.
Samples were collected from both duplicate reaction vessels
for extraction, where replicate number 1 was used for Fe
isotope analysis and solid-phase silica concentration, and
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replicate 2 was used for aqueous silica determination. In all
experiments, microbial Fe(III) reduction had ceased by day
20. Solids were extracted in an anacrobic chamber, rinsed 3x
using anaerobic distilled water, and dried under a constant
flush of O,-free N,. They were examined using a Rigaku
Rapid II X-ray diffraction XRD (Madison, WI, USA) and Phi-
lips CM200 TEM (Madison, WI, USA).

Fe isotopic analysis

Iron isotope compositions were determined on purified Fe
aliquots that were processed through anion-exchange chro-
matography (Beard ez al., 2003), followed by analysis by
MC-ICP-MS  (Micromass IsoProbe; Micromass Ltd.,
Wythenshave, Manchester, UK). Yields for 0.1 and 0.5 m
HCI extractable components were 95 + 5%, as determined
using colorimetry. However, due to matrix interference
during Ferrozine measurement of the aqueous fraction, yields
were instead determined using ion intensities during
MC-ICP-MS analysis, and averaged 90 = 10%.
Complete yields were confirmed by Fe concentration determi-

these

nation, of the non-Fe fractions from ion-exchange chromato-
graphy.

Measured data are reported as the **Fe/**Fe ratios relative
to the average of igneous rocks using standard & notation, in
units of per mil (%,):

8%Fe = [(**Fe/**Fe) qpie/ (**Fe/**Fe) g, — 1] x 1000.

All 8°°Fe data relative to igneous rocks are reported in data
tables in the Supporting Information, whereas in Tables S3
and S7, the 3°°Fe values have been normalized to a ‘system’
8°°Fe value of 0.00%, to facilitate comparison to other studies
via the equation:

656Fenorm = 856FeIngScale + 053>

which reflects the 8°°Fe value of —0.53%, for the Fe(II1)-Si
coprecipitate on the igneous rock scale (see raw isotope data).
Isotopic data plotted in all figures have been normalized to a
system value of zero. External precision of 8°°Fe values is esti-
mated to be £0.06%, (20) based on replicate analysis of ultra-
pure standards, synthetic samples made with known Fe
isotope composition iron and samples. The measured Fe
isotope composition of the IRMM-014 Fe isotope standard
was 8°°Fe = —0.08 + 0.02 (2 SD, # = 5) relative to the igne-
ous rock scale. Iron isotope compositions of additional in-
house standards are: HPS I: 3°°Fe = 0.49 + 0.04 (2 SD,
n = 6), HPS II: §°°Fe = 0.44 + 0.05 (2 SD, # = 3), J-M Fe:
3°Fe = 0.25 + 0.04 (20, n =4) (Beard er al, 2003). In
total, 101 samples were analysed and 26 samples were dupli-
cated with an average reproducibility of £0.069,.

The accuracy of the Fe isotope analyses was evaluated by
analysis of five test solutions that contained 2 mL of AAS and

10, 20, 25, 50 or 75 pg of Fe of a known isotopic composi-
tion. After sample processing, the results were within error of
the pure HPS-I, at 8°°Fe = 0.49 = 0.04 (2SD, » = 5).

Isotopic fractionation between two phases A and B is
expressed using standard notation:

A®®Fey_p = 8°°Fey — 8°°Fey.

X-ray diffraction and transmission electron microscopy
analysis

X-ray diffraction (XRD) analyses were carried out on solids
collected before and after microbial reduction. Samples were
dried under a stream of O,-free N, environment and placed in
thin-wall glass capillaries. Diffraction data were acquired using
a Rigaku Rapid IT XRD system with a two-dimensional image
plate detector (Mo Ko radiation). The two-dimensional
images were integrated to produce conventional patterns
using Rigaku’s 2DP software.

Solids before and after microbial reduction (20 mm acetate
cultures) were examined with a FEI Titan 80-200 (FEI, Hill-
boro, OR, USA) aberration corrected scanning/transmission
clectron microscope equipped with a high resolution energy-
dispersive X-ray spectroscopy (EDS) detector and Gatan
image filtering system (Gatan Inc., Pleasanton, CA, USA),
and operated at 200 kV. Samples were prepared by drying
under a stream of O,-free N, and stored under N, until analy-
sis. The solids were imaged in both transmission electron
microscopy (TEM) and scanning transmission electron
microscopy (STEM) mode. EDS in STEM mode was used to
determine whether or not Fe, Si and O were co-associated at
the nanometre level as opposed to being present as separate
Fe—O and Si-O containing phases; point analyses were made
at 65 spots with an approximately 1-A beam. Elemental map-
ping via electron energy loss spectroscopy (EELS) was used to
determine whether Fe:O ratios were consistent within differ-
ent regions of the coprecipitate. A three-window technique
was used for background removal while acquiring the elemen-
tal maps for Fe and O.

RESULTS

Enrichment culture

Denaturing gradient gel electrophoresis analysis of 16S rRNA
genes indicated that the microbial composition of the enrich-
ment culture stabilized by the 11th generation (Fig. S1).
Pyrosequencing of 16S rRNA genes from the 15th genera-
tion showed that the enrichment culture was dominated by
organisms from the family Desulfuromonacene (Table $4).
Ninety-eight per cent (out of 1354 reads) were sequences
corresponding to this one family within the Deltaproteobacte-
7in. These organisms belong to the same order as Geobactern-
cene, and are probably related to Desulfuromonas acetoxidans,
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a marine acetate-oxidizing, Fe(IlI)-reducing relative of
Geobacter (Roden & Lovley, 1993).

Fe(ll1)-Si coprecipitate structure and composition

X-ray diffraction (Fig. 1) and TEM with selected area electron
diffraction (SAED) analysis (Fig. 2A) revealed that the
Fe(III)-Si coprecipitate was an amorphous solid that had a
typical particle size of <50 nm in diameter. EDS analysis in
STEM mode showed no evidence of localized Fe- or Si-rich
domains (data not shown), suggesting that the material was
a homogencous coprecipitate at the nanometre scale. Bulk
dissolution using 0.5 m HCI, followed by analysis by ICP-
OES indicated a molar Fe:Si ratio of 0.56 (Table S2), which is
equivalent to a nominal stoichiometry of FeSi(; 7g)(OH)1¢.12-
For convenience, the coprecipitate will be simplified to a
stoichiometry of FeSi;(OH),; for the discussions below.
Isotopic homogeneity of the Fe(III)-Si coprecipitate was
assessed by dissolving aliquots of the material using HCI of
different strengths (10, 20, 50 or 100 mm) for 5 min and
analysing the 8°°Fe values of the extracts. The most casily
extractable component (10 mm HCl extraction) had a slightly
higher 5°°Fe value than the least easily extractable component
(Table S3). However, the maximum range in 8°°Fe values for
all partial extractions was fairly small (0.499,). Thus, if this
range in 8°°Fe values represents true isotopic heterogeneity of
the Fe(III)-Si coprecipitate, it is negligible relative to the
much larger range in isotopic fractionation observed in the
DIR experiments (see below). Moreover, because the results
shown below indicate that the Fe(III)-Si coprecipitate is
highly exchangeable, it is possible that the small range
in 8°°Fe values measured in the partial extractions reflects
re-equilibration between residual Fe(III)-Si coprecipitate
and dissolved Fe, and we consider this to be the most likely
explanation for the small range in 8°°Fe values measured.
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Fig. 1 XRD patterns for solids obtained from experiments after day 20; also
shown is the XRD pattern for the starting Fe(lll)-Si coprecipitate. No significant
peaks are present, indicating no formation of crystalline mineral products during
DIR.

Extent and end products of Fe(lll) reduction

The extent of reduction of the Fe(III)-Si coprecipitate varied
strongly as a function of acetate concentration. Cultures that
contained 20 mw acetate reduced 79% of the coprecipitate by
the end of the 20-day experiment. The 10 mm acetate culture
reduced slightly less (76%), and the 1 and 5 mMm acetate cul-
tures reduced the least (15% and 36% respectively). The pH of
the growth medium increased slightly to approximately 6.7
during bacterial reduction. XRD analysis of the reduction end
products did not detect production of any crystalline phases
during bacterial reduction (Fig. 1). TEM/SAED analysis of
reduced (20 mM acetate cultures) solids showed that the co-
precipitate remained amorphous during microbial reduction
(Fig. 2B), although some minor localized zones of partial
transformation to a primitive smectite-like phase (indicated by
the very weak rings at 1.5, 2.5 and 4.5 Ain the SAED pattern)

Fig. 2 (A) TEM image and SAED pattern of unreduced Fe(ll)-Si coprecipitate. The material is amorphous as indicated by the SAED pattern. (B) HRTEM image and
SAED pattern of reduced (20 mm acetate) Fe(ll)-Si coprecipitate. The reduced material showed evidence of localized zones of partial transformation to a primitive
smectite-like phase (indicated by the white arrows) that were detectable by SAED (rings 1, 2 and 3, corresponding to 1.5, 2.5 and 4.5 A diffraction lines respectively).
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Fig. 3 Temporal variation in aqueous Si and Fe(ll) concentrations. The grey bar indicates the amount of aqueous Si in the uninoculated control (2 mm).

were evident. Based on TEM analysis, these zones comprised
<0.5% of the Fe(IlI)-Si coprecipitate after reduction, and
therefore have no influence on the isotopic results. Multipoint
EDS analysis under STEM mode showed that Fe, Si and O
were co-associated at the nanometre level, and EELS mapping
confirmed that Fe and O were essentially homogeneously
distributed within the reduced solid (data not shown). These
results indicate that microbial reduction of the Fe(III)-Si
coprecipitate did not lead to formation of separate Fe—O and
Si-O bearing phases, i.e. no discrete SiO, phases were
produced.

Aqueous/solid-phase Fe(ll) and Si partitioning

Aqueous Fe(II) concentrations produced by DIR in our
experiments were generally <1 mm (Fig. 3; Table S5). The
low levels of Fe(Il),q in the 1 and 5 mm acetate cultures
reflect an overall lower level of Fe(III) reduction, as higher
Fe(II),q contents were measured in cultures that had higher
levels of acetate and a greater extent of reduction. The
highest Fe(II),q levels were reached in all cultures between
days 3 and 5, and these gradually decreased to nearly half of
the peak value by day 20, indicating incorporation of Fe(II)
into solid or sorbed components. Aqueous Si generally
remained constant as bacterial reduction proceeded (Fig. 3;
Table S5).

Sequential HCI extraction of the solids identified distinct
pools of solid-phase Fe. The 0.1 m HCI extraction released
approximately 10% of total Fe, 97 + 3% of which was Fe(II).
Operationally, we infer this component to be Fe(II) that was
weakly bound or ‘sorbed’ to the Fe(III)-Si coprecipitate. The
0.5 M HCI extraction recovered the remaining approximately
90% of the total Fe in the system. The proportions of Fe(II)

and Fe(III) in the 0.5 M HCI extracts varied greatly as a func-
tion of the extent of bacterial reduction (Fig. 4).

Analysis of HCI extracts for their Si contents showed
incomplete (<10%) Si recovery (data not shown). In particu-
lar, the 0.5 M HCI extractions had a residual translucent white
pellet after extraction. This material was likely amorphous
Si0,, as it rapidly dissolved in 1 M NaOH. Because TEM
analysis indicated that there was no formation of distinct
amorphous SiO; phases during microbial reduction, it likely
that amorphous SiO, precipitated in the HCI extract itself as
Fe was dissolved.

Fe isotope analyses

Isotopic compositions

Initial 8°°Fe values for Fe(II),q (556FCFC<]])aq) and 0.1 m HCI
extractable Fe(IT) (656];(‘,}:5(1[)0_1 smHcl) Were negative, reflect-
ing rapid coupled Fe atom electron exchange (see Discussion)
between the initial Fe(II) pool [comprised of the added FeCl,
and the Fe(II) introduced with the bacterial inoculum] and
the Fe(IIT)-Si coprecipitate. Large changes in 65°Fcl.«c<u)aq
and 5°°F CEe(m0.1 m ol Subsequently occurred during progres-
sive microbial reduction of the Fe(III)-Si coprecipitate
(Fig. 5, Table 1). In contrast, 8°°Fe values for Fe obtained
by 0.5 m HCI extraction (656FCF<:0A5MHC1> were relatively
constant with time, reflecting the fact that the majority
of the Fe was contained in this component. Initially,
SSGFeFem)O,l wHcl values were —2.3%, in the 1 and 5 mm
acetate experiments, and these rose to —1.5%, or —1%,,
respectively, by day 7. The 656FCFC<H>aq component was
highly variable in the 1 mm culture, which can be attributed
to slight contamination of the aqueous phase with fine-
grained solids. During removal of the aqueous phase, physi-
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cal contact with residual Fe could be responsible for intro-
duction of a small amount of residual Fe to the aqueous
component (<0.10 pumol). Although care was taken to mini-
mize physical contamination; contamination effects would
be the most problematic in the 1 mm culture due to the very
low amount of Fe(II),q produced in the experiment. In the
5 mM acetate cultures, SSGFCFC(H)aq values followed the trend
for Fe(I1)o.1 m a1, Where the greatest changes occurred early
in the experiment, and then reached relatively stable values
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at around day 5. In the 10 and 20 mM acetate experiments,
856FCFC(H)0'1 mucl and BSGFeFC(H)aq values were initially
approximately —2.59%,, and then gradually increased over
time to approximately —0.5%,.

To determine the Fe isotope composition of Fe(II) and
Fe(I1I) pools in the 0.5 m HCl extracts, we followed an isoto-
pic mass-balance approach (Crosby ez al., 2007; Wu et al.,
2009), in which the overall 8°°Fe of the system can be repre-
sented as
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Table 1 Iron pools and measured 5°°Fe values

Aqueous Fe(ll) 0.1 m HCl extraction

0.5 m HCl extraction

Time Acetate
(days)  (mm) Mole proportion*  §°°Fe,q"  Mole proportion  Fe(ll)/total Fe  8°°Feg1unci  Mole proportion  Fe(ll)/total Fe  8°°Feq 5 nci
0 1 0.001 -2.45 0.03 0.95 -2.26 0.96 0.07 0.15
1 1 0.004 -1.24 0.02 0.98 -2.12 0.97 0.12 0.16
3 1 0.003 -2.85 0.05 0.99 -1.95 0.95 0.14 0.20
5 1 0.004 -2.86 0.04 1.00 -1.86 0.96 0.18 0.15
7 1 0.003 -1.11 0.05 0.96 -1.59 0.95 0.17 0.17
10 1 0.003 -2.79 0.06 0.98 -1.65 0.94 0.12 0.27
20 1 0.003 0.07 0.97 -1.51 0.93 0.32 0.19
0 5 0.001 -2.39 0.02 0.92 -2.22 0.98 0.1 0.13
1 5 0.002 -2.68 0.01 1.01 -2.10 0.99 0.13 0.09
2 5 0.008 -1.92 0.06 0.98 -1.44 0.93 0.26 0.20
3 5 0.010 -1.70 0.06 0.97 -1.12 0.93 0.40 0.17
5 5 0.010 -1.78 0.06 0.97 -1.10 0.93 0.41 0.11
7 5 0.007 -1.92 0.05 0.98 -1.11 0.94 0.43 0.11
10 5 0.009 -1.91 0.08 0.98 -1.11 0.91 0.47 0.06
20 5 0.008 -2.04 0.12 0.98 -1.01 0.87 0.38 0.12
0 10 0.002 -2.50 0.01 0.90 -2.13 0.99 0.13 0.14
1 10 0.003 -2.76 0.02 0.95 -2.09 0.98 0.12 0.11
2 10 0.008 -2.08 0.07 1.00 -1.42 0.92 0.28 0.18
3 10 0.011 -2.82 0.07 0.97 -1.13 0.92 0.44 0.08
5 10 0.010 -1.38 0.05 0.98 -0.78 0.94 0.37 0.04
7 10 0.006 -0.88 0.05 0.98 -0.60 0.95 0.55 0.06
10 10 0.007 -0.72 0.10 0.99 -0.51 0.90 0.67 0.13
15 10 0.008 -0.67 0.10 0.99 -0.42 0.90 0.70 0.08
20 10 0.008 -0.73 0.09 0.98 -0.43 0.90 0.74 0.07
0 20 0.002 -1.20 0.01 0.87 -2.30 0.98 0.19 0.07
1 20 0.002 -1.60 0.03 0.98 -2.26 0.97 0.15 0.17
2 20 0.008 -2.29 0.05 0.99 -1.60 0.94 0.26 0.18
3 20 0.013 -1.65 0.04 0.98 -1.40 0.95 0.51 0.02
5 20 0.010 -0.89 0.08 0.99 -0.85 0.91 0.54 0.10
7 20 0.008 -1.08 0.10 0.98 -0.74 0.90 0.61 0.10
10 20 0.008 -0.79 0.06 0.99 -0.52 0.93 0.70 0.04
20 20 0.006 -0.54 0.05 0.99 -0.36 0.94 0.77 0.01

*m0|Fe(pool)/m0|Fe(total>-
‘+Samples 100% Fe(ll).

656chystcm = XFC(II)aq656Fch(H)aq
+ Xee()0.1 M HC]SSéFCFc(II)O.l MHCI
+ Xrenos MHC1556FCFe(H>o,5 MHCI

(1)

where X; is the Fe mole fraction for a specific component.

56
+ Xre(ro.s MuCIS Fepe(rno.s MHCI

All quantities in equation 1 are measured and normalized
to a system value of 0, except 856FCFC<H>0A5MHU and
856];61;6(111)05 mucl, which can be calculated using several
approaches. The isotopic mass balance for the 0.5m HCI
extract is given by:

56 56
0" Feosmuct = Xre(nyo.s MO Fere(mo.5 MHCI

+ (1 — Xee(mo.s muc1) 8 Fege(mos Muc,

2)

where the mole fractions for Fe(II) and Fe(III) are
determined by Ferrozine analysis of the 0.5m HCI extract.

Equation 2 is a linear mixing relationship on a plot of
5°°Fe versus Xre(myo.s waol (Fig. S2). Following the approach
of Crosby et al. (2005, 2007) and Wu ez al. (2009), we
start by assuming that the °°Fe value of Fe(II) in the 0.1 m
HCl extract was equivalent to Fe(II) in the 0.5 m HCI extract.
This assumption (whose validity is evaluated below) allows
calculation of 856FCFC(111)0'5 mHcl Dby extrapolation to
Xeenyo.s e = 0 (Fig. S2), which was done using 1sorLoT
(Ludwig, 1991) to allow for full propagation of errors.
The calculated 856FCFE(IH)0_5 wHcl Vvalues have a large
range of uncertainties (Table S7), which are a function of
XFe(11)0.5 M HCI-

To test the assumption that 856Fepe(n)o,mHCl is equal
to 656Fepe<n)0_5 mHc, we  evaluate the Fe(Il)g) mucr
Fe(IIl)g 5 mpucy fractionation for samples whose calculated
SSGFCFMH)OASMHCI have an error of 0.259%, or less; this
produces a ASGFCFC(H)O‘ 1 M HCLFe(II0.5 m Hel fractionation of
—2.35 + 0.16%, (see Table S6), using a weighted average
and error propagation from 1sorLOT. This allows us to define
asecond 856Fepc(m)o_5 M EHCI AS:
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8 Fegemosmmc = 8 Feremor muc +2.35. (3)

Substituting equation 3 into equation 2 and casting in terms
of Xge(111)0.5 m Hel produces:

8%Feosmuct = (1 — Xeermos muct) 3 Fere(mo s mcl
+ Xee(rmo.s muct (8 Fegeno.1 mucl + 2.35).
(4)

Equation 4 defines a linear mixing relationship in terms of
Xre(no.5 m i in the 0.5 M HCI extract that allows for calcu-
lation of 856Fepe(n)0'5 wHcl values (Fig. S3, Table S6), given
the assumption of a constant Fepe(11)0.1 m Hor-Fere(n0.5 m HA
fractionation factor. Extrapolated errors for 856FCFC<H>0A5 MHCI
were also calculated using 1sorLOT. The Fepenyo.1 muci—
Fegeno.5 m o fractionation factor is defined as:

56
A”°Fege(11)0.1 M HCI-Fe(11)0.5 MHCI

= 8°°Fege(mo1 mua — 8 Ferenos mua- (5)

Calculating a weighted average that includes uncertainties in
5 5

8 Fere(1my0.5 w ot produced a A*Fege(imo.1 m HOLFe(11)0.5 v HOI
fractionation of +0.27 + 0.18%, (Fig. S4, Table S6). This
result suggests that there is a slight isotopic contrast between
8% Fepemo.1 mmar and 8°°Fegmosumch, at least in the
Fe(III)-Si coprecipitate system used in the current study.
Revised 656FCFC<HI>0A5 smrci values can be calculated by com-
bining equations 2 and 5:

8°°Feg smma = Xeemo.smual (8 Fegemo.1muci — 0.27)

+(1— XFe(H)o.SMHcl)556F¢Fe(111)045MHC1 (6)

and then rearranging and solving for 656FeFE<IH>o_5 MHCIE

8% Fege(mmo.smuo=[—Xeemo smuci (8 Fepe(nomuci —0.27)

+8%Feg smual/ (1 — XEe(1m)0.5MHC1)-

(7)

This mixing relationship is illustrated in Fig. S5, and all
revised fractionation factors discussed below use these values
for 656FCFC(]II)0'5;\4HC|. A summary of the updated 5°°Fe
values as a function of time is shown in Fig. 5.

In the 1 and 5 mMm acetate experiments, the revised
856FCF¢(III)OA5MHC] values (equation 7) are fairly similar to
the initial 656FCFC(HI)O'5 wHcr values (equation 2), but they
diverge significantly in the 10 and 20 mm acetate experi-
ments, where the revised values are more positive. The
AS(’FCFE(H)O_IM HCI-Fe(II0.5 M HCl  {ractionations  using  the
revised 856FCFC<IH)0A5 s Hcl Values produce a weighted average
of —2.42 + 0.129,. Based on the discussion above, a four-
component mass-balance equation that includes terms for
aqueous Fe(II), 0.1 m HCl-extracted Fe(II) and 0.5m HCI
extractable Fe(II) and Fe(III) is needed to explain the behav-
iour of this system.
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Fe isotope fractionation factors

Isotopic fractionation factors between aqueous Fe(II) and the
extractable components were calculated using data from the
5, 10 and 20 mm acetate experiments (Fig. 6, Table 2).
Overall, these fractionation factors indicate that minor to
zero fractionation occurred between Fe(II) components

[A56Fcpe(n)aq_pe(n)o_1 wHc = —0.41%,], whereas large fractio-
nations occurred between Fe(II) and Fe(III) phases
[ASGFCFC(H)aq,pe(m)OA1 mucl = —2.82%,]. These fractionations

were established quickly in all experiments, indicating that
isotopic exchange was rapid. All experiments show minor

5 mm

R 4 AOFe e 1vaq-re(o.1 M HC0:41%0

ag-Fe(

2=
ABFe L 111aq-Feli1N0.5 M HCI—2-82%0

f.id 3 I I A

xow
£ Vx1 I
‘Y
4,4 }
_4 : L |} L) | ]
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Fig. 6 Temporal variation in A**Fereqnag-reano.1 mrcl (V), and A**Fereqiag-
Fedinos whcl (A) based on final 8°Fereqno.s urct and 8°°Fereqinos mncr values
(see Results section). Weighted average for all experiments are represented by
shaded grey bars; averages for each experiment are given in Table 2.
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Table 2 Calculated fractionation factors and overall weighted averages for various Fe pools

Acetate A56FeFe(II)O.1M A56FeFe(II)0A5M
Study (mn) A®Fere(ihag-Fe(no.1m Hel A®Fere(pag-reiino.sm Hl A™®Fereqiag-re(ho.sm Hl HCl-Fe(lI1)0.5M HC HCI-Fe(1110.5m HCI
This study 1 —-2.47 £ 0.18 -2.74 £ 0.18
5 -0.64 + 0.21 -2.99 + 0.14 -0.37 £ 0.21 -2.41 +0.19 -2.65+0.19
10 -0.56 = 0.35 -2.91 £ 043 -0.29 £ 0.35 -2.30+0.35 -2.53 £ 0.31
20 -0.01 + 0.51 -2.38+0.36 0.28 + 0.5 -2.52 +0.38 —-2.78 + 0.40
Average -0.41 +0.22 -2.82 +£0.19 -0.14 £ 0.22 —-2.42 +0.12 -2.68 + 0.12
Crosby et al. (2007) No Si —0.30 + 0.08* -2.95 +0.19
Wou et al. (2009) No Si —0.48 + 0.07* -2.70 £ 0.36
Wau et al. (2009) +Si —-0.20 + 0.16* -2.60 £ 0.19

*Values for fractionation between Fe(ll),,q and sorbed Fe(ll) recovered by pH 5 Na-acetate (Crosby et al., 2005) or 0.05 m HCl (Wu et al., 2009).

fractionation variation in the first few days, yet after a few
days, all isotopic fractionations remained constant with time,
suggesting attainment of equilibrium isotope fractionation.

DISCUSSION

Nature and reducibility of the Fe(ll1)-Si coprecipitate

Extensive reduction of the Fe(III)-Si coprecipitate in the
presence of excess acetate may be attributed to its amorphous
nature, as documented by XRD and TEM, and the lack of
production of crystalline end products (e.g. magnetite ), which
in some cases prevents complete or near-complete reduction
(Zachara et al., 2002). Synthetic 2-line ferrihydrite formed
through Fe(II) oxidation in the presence of moderate Si, simi-
lar to this work, has been shown to have broad XRD peaks
consistent with an amorphous structure (Karim, 1984).
Doelsch ez al. (2000) documented formation of disorganized
Fe(III) oxyhydroxide precipitates that had variable Si/Fe
ratios when prepared through FeCl; hydrolysis in high-Si
solutions. It is important to note that these Fe(III)-Si copre-
cipitates did not consist of separate, nanometre-size Fe and Si
phases, but were composed of a single Fe-Si—-O network
(Doelsch et al., 2001). FTIR and 2?Si solid-state NMR spec-
tra of coprecipitates that had molar Si:Fe ratios greater than
unity indicate that Fe polymerization decreases with increas-
ing Si, accompanied by an increase in Si-O bonding (Doelsch
et al.,2001). Tt is inferred that the presence of Si-O-Fe bonds
hinders phase transformations to crystalline oxyhydroxides
(Vempati & Loeppert, 1989; Doelsch et al., 2000, 2003).
Zeng (2003) proposed a structure for Si—rich Fe(III) oxy-
hydroxide solids that involves bonding between Si(OH)4 and
Fe(III). We propose a slight modification on this structure,
with the 2:1 Si:Fe ratio represented as a ferric-silicate type
chemical composition:

OH

|
Fe'-0-Si-0-Si(OH);

|
OH

This species could then readily form siloxane linkages
between Si(OH)s molecules, creating small domains repre-

sented by:
OH

|
Fe''-0-Si-O-Si(OH);

|
0

|
Fe'"'-0-Si-O-Si(OH);

|
0

|
Fe'"-0-Si-O-Si(OH);

|
OH

Despite uncertainties about the nature of the amorphous
reduction end products, our findings demonstrate an impor-
tant distinction between the behaviour of the Fe(III)-Si
coprecipitate and Si-free synthetic ferrihydrite during micro-
bial reduction: synthetic ferrihydrite typically undergoes trans-
formation to siderite, magnetite and/or green rust during the
carly stages of microbial reduction (e.g. Fredrickson et al.,
1998, 2003; Johnson et al., 2005), end products which can
be readily detected by XRD and TEM/SEM. Kukkadapu ez 2.
(2004) found that silica—ferrihydrite coprecipitates (1-5 mol%
Si) underwent up to 90% reduction by Shewanelln putrefaciens
strain CN32 in high phosphate medium, but green rust and
vivianite formed under these conditions. The absence of crys-
talline Fe(II)-bearing mineral formation in our experiments is
probably related to the very high abundance of Si in the
Fe(III)-Si coprecipitate (66 mol% Si), which presumably
inhibited mineral formation in a manner analogous to its
retardation of Fe(III) oxide crystallization. This conclusion is
supported by the results of mineral saturation state calcula-
tions conducted using the geochemical modelling software
Phreeqc (Parkhurst & Appelo, 1999). The LLNL thermo-
dynamic database (Delany & Lundeen, 1990) was employed
for these calculations. At pH 6.7 with a dissolved Fe(II) con-
centration of approximately 1 mm (comparable to conditions
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observed in the cultures; see Fig. 1), the calculations indicated
that the system was oversaturated with respect to siderite
(saturation index = 0.85, ¢. 10-fold supersaturation). The
degree of supersaturation increased to a factor of 100-1000
when the total amount of Fe(IT) in the system was increased
to values comparable to total Fe(II) measured in the cultures
(10-80 mm). These results clearly indicate that conditions
were favourable for the formation of large quantities of sider-
ite, as well as magnetite in the cultures, as observed in numer-
ous previous studies of Si-free amorphous Fe(III) oxide
reduction, and the absence of these phases thus points directly
to an inhibitory impact of Si on mineral precipitation.

The levels of Fe(Il),q produced in our experiments are
lower than those documented in other studies of amorphous
Fe(III) oxide reduction, which have found up to several mm
of Fe(Il),q accumulation (Fredrickson ez a/., 2003; Tangalos
et al., 2010). The simplest explanation for this result is that
Fe(II) produced during bacterial reduction became physically
bound to, or incorporated into, the Fe(IIT)-Si coprecipitate.
The fact that maximum Fe(II),q concentrations occurred
during the early stages of reduction in our experiments, and
declined thereafter, suggests that some Fe(Il),q eventually
readsorbed to the coprecipitate surface. Nevertheless, that dis-
tinct Fe(IT) and Fe(III) components could be extracted dur-
ing HCI treatment suggests different degrees of lability for the
Fe components in the coprecipitate. We consider the reduced
materials produced in our experiments to be analogous to
precursor phases that are inferred for siderite and magnetite
formation in marine sedimentary rocks such as banded iron
formations (e.g. Klein, 2005).

Fe isotope fractionations

The mechanism of Fe isotope fractionation produced by DIR
has been previously investigated using partial, proton-
promoted acid extractions to isolate subcomponents of the
solids that underwent isotopic exchange with Fe(II) (Crosby
et al., 2005; Tangalos et al., 2010). The isotopic fractiona-
tions appear to reflect coupled exchange of electrons and
atoms between aqueous and sorbed Fe(II) and a reactive
Fe(III) surface phase [ Fe(I1I) e, ]. Studies using hematite and
goethite (Crosby ez al., 2005) have shown that to account for
isotopic mass balance, the outer layer of the oxide becomes
enriched with isotopically heavier Fe(III) during DIR, balanc-
ing the isotopically light Fe(II),q. The average Fe(II),—
Fe(IIl) e, fractionation for goethite during DIR was
—-2.62 = 0.579%, in °°Fe/**Fe (Crosby e al., 2005, 2007).
This lies within the range of the Fe(II),q—Fe(IIl) e, fraction-
ation of approximately —29,, estimated for goethite by Beard
et al. (2010), but is distinct from the equilibrium Fe(II),q~
goethite fractionation of —1.08 + 0.089,, determined by
Beard ez al. (2010) for bulk goethite. Crosby et al. (2005,
2007) determined a Fe(II),q—Fe(III),¢,c fractionation during
microbial hematite reduction of =2.95 + 0.19 9, which is
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consistent with (i) the equilibrium Fe(II),q-hematite fraction-
ation of —3.19, at room temperature inferred from equilib-
rium Fe(II),q—Fe(III),q and Fe(III),q~hematite (Skulan ¢z al,
2002) fractionations; and (ii) the fractionation between
Fe(Il),q and Fe(Ill) e of —2.87 + 0.19%, in abiological
experiments with hematite at pH 7 in the absence of Si
(Wu, 2010). Studies of DIR using ferrihydrite have shown
that the Fe(II),q that is produced has low- 8°CFe values (Beard
et al., 1999; Johnson et al., 2005), similar to the results
obtained with goethite and hematite. It was difficult, how-
ever, to determine the isotopic mass balance among reactive
components in these previous experiments because ferrihy-
drite is not readily amenable to partial acid extraction. More-
over, solid-phase conversion of pure ferrihydrite during DIR
in simple systems adds complexity to interpreting the isotopic
data, as does production of Fe(II)-bearing secondary minerals
such as siderite and magnetite or amorphous Fe(II) solids
(e.g. Johnson et al., 2005).

Calculated fractionation factors for the DIR experiments
reported here are broadly comparable to ranges obtained dur-
ing microbial hematite reduction experiments with and with-
out Si (Table 2). The measured ASéFeFe(II)aq—Fe(II)O,l MHCI
fractionation —0.41 = 0.229,, compares well with previously
reported fractionations between aqueous and sorbed Fe(II)
produced during hematite reduction (Table 2). A key aspect
of the current study is the documentation of Fe isotope frac-
tionation across a wide range of Fe(III) reduction, particularly
extending to very high degrees of reduction compared to pre-
vious studies. Most previous studies of Fe isotope fraction-
ation coupled to DIR have employed crystalline Fe(III)
oxides such as hematite and goethite, which undergo only
minor reduction. The only other study to observe a broadly
similar extent of Fe(III) reduction (Tangalos et al.,2010) had
greater quantities of Fe(II),q but 8°°Fe values similar to those
observed in this work.

In Fig. 7, results from previous studies of Fe isotope
fractionation during DIR are compared in terms of per cent
Fe(III) reduction, the Fe isotope composition of total and
aqueous Fe(II), and the ratio of aqueous to total Fe(IT). The
results of this study occupy a zone of very high reduction and
low SSGFCFC(H) values not captured in prior studies. An impor-
tant aspect of the current work is the very large extent of isoto-
pic exchange among Fe(II) and Fe(III) components, which is
required to produce large shifts in 8°°Fe values for Fe(IT) at
large extent of reduction; this contrasts with the shifts
observed during small extents of reduction of goethite and
hematite substrates, which involved isotopic exchange with
only the outer few atom layers of the oxide (e.g. Crosby ez al.,
2007; Wu et al.,2009).

Implications for Precambrian geochemical cycles

This is the first study to examine microbial reduction of an
amorphous Fe(III)-Si coprecipitate analogous to the Si-rich
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Fig. 7 Fe isotope composition and abundance of Fe(ll),q as a function of per
cent Fe(lll) reduction for various DIR studies: §°°Fe values for all Fe(ll) species
(A), concentration of Fe(ll),q (B), and the per cent of total Fe(ll) present as
Fe(l)aq (C). The results of this study are compared to those from prior studies of
microbial reduction of hematite and goethite in the absence of Si (Crosby et al.,
2007), microbial reduction of hematite in the presence and absence of Si
(Wu et al., 2009), and microbial reduction of natural amorphous Fe(lll) oxides
(Tangalos et al., 2010). All 3°°Fe values were normalized to the isotopic compo-
sition of the starting material. The light grey box represents a potential combi-
nation of (i) per cent Fe(lll) reduction, and (ii) Fe(ll) isotope composition and
aqueous/solid-phase abundance which could result in intra-sediment heteroge-
neity; the dark grey box represents a combination of these parameters which
could result in basin-scale segregation of Fe isotopes via transport of Fe(ll),q.

precipitates thought to have formed, and been deposited to
sediments, in Precambrian oceans (Konhauser ez al., 2002;
Kesler & Ohmoto, 2006). The highly reducible nature of the
Fe(III)-Si coprecipitate provides support for arguments that
DIR was important in biogeochemical cycling in Archaean
marine environments (Baur ez al., 1985). In addition to pro-
moting substrate reducibility, the presence of Si probably led
to production of Si-bearing products during DIR. Klein
(1974) first speculated that greenalite present in BIFs was due
to diagenesis of precursor amorphous Fe-Si gels, similar to
those produced in this research, although Klein envisioned
that such diagenesis occurred abiologically. Although no
definitive phase transformations were seen in these experi-
ments, the end products of microbial reduction of the copre-
cipitate are analogues to precursor phases of crystalline
minerals that would ultimately be produced during burial
diagenesis and possible metamorphism at elevated tem-
perature and pressure. We thus suggest that formation of
greenalite could occur indirectly via the following overall
reaction for microbial Fe(III) reduction coupled to organic
carbon oxidation:

3FeSi,(OH),, + 0.75CH,0 — Fe3S8i,05(0OH),
+0.75HCO;~ 4 4Si0; + 14.5H,0 + 0.75H".

This reaction would produce amorphous SiO; or chert due to
silica in excess of that required to form greenalite. In addition
to greenalite, we hypothesize that microbial reduction of
a Fe(IIT)-Si substrate could also lead to production of non-
silicate mineral end products, such as magnetite and siderite
via reactions such as:

3FcSiy(OH),, + 0.25CH,0 — Fe;04 + 0.25HCO;
+6Si0, + 16.5H,0 + 0.25H"

FeSiz (OH),, +0.25CH,0 +0.75HCO;™ +0.75H"
— FeCOj3 + 2810, + 6.5H,0.

Finally, pyrite may be produced via reaction of a DIR-gener-
ated Fe(II)-Si phase with sulphide

FeSi; (OH),; + 0.25CH,0 + 2HS™ + 1.75H"
— FeS; +0.25HCO;™ + 2Si0, + 7.5H,0.

The Fe isotope effects of the above reactions will depend
upon the extent of reduction and mobilization (via diffusion—
dispersion and/or advection) of isotopically light Fe(II). For
example, under conditions of partial reduction, all evidence
indicates that greenalite, siderite or pyrite would incorporate
isotopically light Fe(II) that was produced by partial DIR.
Partial reduction would produce residual Fe(IIT) that would
ultimately be transformed to more crystalline oxides and
hydroxides with heavier 3°°Fe values relative to the reduced
minerals. Mixed Fe(II)-Fe(III) oxides such as magnetite
might have positive or negative 8°°Fe values, depending upon
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the 5°°Fe values of the Fe(IT) and Fe(III) components. In
addition, reduction of residual, isotopically heavy Fe(III) left
behind after mobilization of light Fe(II) would produce
Fe(II)-bearing minerals that have high §°°Fe values. Heimann
et nl. (2010) and Craddock & Dauphas (2011), for example,
found high-8°Fe siderite in 2.5 Ga banded iron formations
that was ascribed to DIR based on C and O isotope composi-
tions that indicate siderite did not form in isotopic equilib-
rium with seawater. The end result of these processes would
be a section of sediment that contained a large range in Fe iso-
tope compositions for Fe(II)-bearing phases over relatively
small spatial scales and thickness. As discussed by Johnson
et al. (2008a), deposition of Fe-rich sediments suggests high
concentration of aqueous Fe(II) in the oceans, which in turn
requires a long residence time for Fe. Equilibrium precipita-
tion of Fe(III) oxyhydroxides from the reservoir of Fe(II) is
not predicted to give rise to significant fine-scale Fe isotopic
heterogeneity in the underlying sediments. Our results dem-
onstrate that solid Fe(II) and Fe(III) components produced
during DIR may have very different Fe isotope compositions,
providing an explanation for the fine-scale Fe isotope hetero-
geneity seen in Neoarchacan and Paleoproterozoic BIFs
(Johnson et al., 2008a; Heimann ez al., 2010; Craddock &
Dauphas, 2011).

Mobilization of low-5°°Fe aqueous Fe(II) produced during
DIR may occur through diffusion—dispersion and advection
prior to diagenesis. Despite the relatively low concentrations
of aqueous Fe(II) recovered in this study, it is important to
consider the potential for sorbed, isotopically light Fe(II) to
become mobilized during the formation of crystalline phases
during early diagenesis and concomitant changes in surface
area and pH. Such mobilization could account for Fe isotope
segregation within a sediment section (Tangalos ¢z 2l.,2010).
Based on the range of substrates and extents of reduction
involved in various DIR experiments, we suggest that condi-
tions where moderately negative 8°°Fe values for Fe(II),q are
produced (¢. =19/, to —=29%,) during generation of high abso-
lute and relative [to total Fe(II)] amounts of Fe(II),q (dark
grey boxes in Fig. 7) are conditions most likely to have led to
basin-scale Fe isotope variations (e.g. Severmann et al., 2008,
2010; Czaja et al., 2010). Although Rouxel ez a/. (2005) sug-
gested that a low extent of reduction of DIR would produce
limited quantities of light Fe(II),q, Johnson et al. (2008b)
noted that a sustained state of partial reduction in a basin, sup-
plied by a constant flux of iron oxides/hydroxides and organic
carbon from the photic zone, could produce significant basin-
scale Fe isotope segregation. By contrast, conditions where
DIR produced a high extent of reduction but low absolute
and relative Fe(Il),q (i.e. the conditions in the current study)
would most likely have led to fine-scale Fe isotope hetero-
geneities rather than basin-scale Fe isotope variations.

Because crystalline Fe(IT) minerals were not produced in
our experiments, a direct link cannot be drawn between the
results of this study and the mineralogy found in ancient mar-
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ine sedimentary rocks, where conversion of poorly crystalline
Fe(II)-bearing precursors to crystalline minerals presumably
took place during moderate burial metamorphism. It is not
yet known the extent to which DIR-generated Fe isotope
compositions may be changed by heating and re-equilibration
among phases. It secems likely, however, that fine-scale Fe iso-
tope heterogeneity, produced before or during diagenesis and
possible low-to-moderate grade metamorphic processes, will
remain stable on geologic time scales, thus allowing such
minerals to be distinguished from those that formed in equi-
librium with seawater. As noted by Heimann et al. (2010)
and Craddock & Dauphas (2011), supporting isotopic data,
such as C and O, can be used to distinguish minerals that
formed in equilibrium with seawater and those that formed
authigenically or diagenetically in the sediment.

CONCLUSIONS

An amorphous Fe(III) oxide-Si coprecipitate was highly sus-
ceptible to dissimilatory microbial reduction under chemical
conditions that simulated Archacan marine conditions. Very
large quantities of low-3°°Fe aqueous, surface-associated, and
bulk solid-phase Fe(IT) were produced, far more than in previ-
ous experiments that investigated Fe isotope fractionations
produced during microbial reduction of goethite or hematite.
Although the efficiency of DIR as a mechanism for producing
large quantities of low-3"°Fe Fe(II) has been questioned (e.g.
Rouxel et al., 2005; Anbar & Rouxel, 2007), these results
demonstrate that DIR may be a very efficient pump for pro-
ducing isotopically light Fe(II).

The measured Fe isotope fractionations probably reflect
near-complete isotopic equilibrium among all Fe(III) and
Fe(II) components early in the experiments, as well as the
changing proportions of Fe(II) and Fe(III) during DIR.
Essentially complete isotopic exchange is required to produce
significantly negative 3°°Fe values for Fe(II) at high extents of
reduction. The high extent of Fe(IIl) reduction and Fe
isotope exchange are both presumably related to the small
particle size and high reactivity of the amorphous coprecipi-
tate. This contrasts with studies of crystalline goethite and
hematite reduction, in which minor degrees of Fe(III) reduc-
tion were associated with isotopic exchange with only the
outer few atom layers of the oxide substrate (Crosby ez al.,
2007; Wu et al.,2009).

The majority of low-8%°Fe Fe(II) produced in our experi-
ments was contained in a poorly crystalline solid phase that was
in intimate contact with high-8°°Fe residual Fe(IIT). This find-
ing provides insight into how fine-scale Fe isotope variations
that have been observed in the rock record (e.g. Johnson ez al.,
2008a; Heimann ez al., 2010) may have been generated via
DIR followed by burial diagenesis and metamorphism. Such
variations are difficult to explain by direct precipitation from
seawater, and the new experimental results provide evidence
that such variations may reflect the effects of DIR within the
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soft sediment prior to lithification. The connection between
the experimental results and the rock record lies in further
understanding the pathways involved in transformation of
poorly crystalline phases produced by DIR into Fe(II)-bearing
minerals such as greenalite, magnetite, siderite and pyrite
under conditions of increased in temperature and pressure.

ACKNOWLEDGMENTS

This work was supported by the NASA Astrobiology Institute.
The authors acknowledge the constructive input of three
anonymous referees.

REFERENCES

Anbar AD, Rouxel O] (2007) Metal stable isotopes in paleoceano-
graphy. Annual Review of Envth and Planctary Sciences 35,717—
746.

Baur ME, Hayes JM, Studley SA, Walter MR (1985) Millimeter-scale
variations of stable isotope abundances in carbonates from banded
iron-formations in the Hamersley Group of Western-Australia. Eco-
nomic Geology 80,270-282.

Beard BL, Johnson CM, Cox L, Sun H, Nealson KH, Aguilar C
(1999) Iron isotope biosignatures. Science 285, 1889-1892.

Beard BL, Johnson CM, Skulan JL, Nealson KH, Cox L, Sun H
(2003) Application of Fe isotopes to tracing the geochemical and
biological cycling of Fe. Chemical Geology 195, 87-117.

Beard BL, Handler RM, Scherer MM, Wu LL, Czaja AD, Heimann
A, Johnson CM (2010) Iron isotope fractionation between aque-
ous ferrous iron and goethite. Earth and Planetary Science Letters
295,241-250.

Blake RE, Chang SJ, Lepland A (2010) Phosphate oxygen isotopic
evidence for a temperate and biologically active Archaean ocean.
Nature464,1U1029-U1089.

Brenner DJ, Krieg NR, Garrity GM, Staley JT (2005) Bergey’s Manual
of Systematic Bacteriology, Vol. 2: The Proteobacterin. Springer, New
York, 1388 pp.

Canfield DE, Rosing MT, Bjerrum C (2006) Early anacrobic metabo-
lisms. Philosophical Transactions of the Royal Society of London.
Series B, Biological Sciences 361, 1819-1834.

Clesceri L, Greenberg A, Eaton A (1989) Standard Methods for the
Examination of Water and Wastewater. American Public Health
Association, Washington.

Cornell R, Giovanoli R (1987) The influence of silicate species on
the morphology of goethite(a-FeOOH) grown from ferrihydrite.
Journal of the Chemical Society, Chemical Communications, 413—
414.

Cornell R, Giovanoli R, Schindler P (1987) Effect of silicate species
on the transformation of ferrihydrite into goethite and hematite in
alkaline media. Clays and Clay Minerals 35,21-28.

Craddock PR, Dauphas N (2011) Iron and carbon isotope evidence
for microbial iron respiration throughout the Archean. Earth and
Planetary Science Letters 303, 121-132.

Crosby H, Johnson C, Roden E, Beard B (2005) Coupled Fe (II)-Fe
(IIT) electron and atom exchange as a mechanism for Fe isotope
fractionation during dissimilatory iron oxide reduction. Environ-
mental Science & Technology 39, 6698-6704.

Crosby HA, Roden EE, Johnson CM, Beard BL (2007) The mecha-
nisms of iron isotope fractionation produced during dissimilatory
Fe(III) reduction by Shewanella putrefaciensand Geobacter sulfur-
reducens. Geobiology 5,169-189.

Czaja AD, Johnson CM, Beard BL, Eigenbrode JL, Freeman KH,
Yamaguchi KE (2010) Iron and carbon isotope evidence for ecosys-
tem and environmental diversity in the similarto 2.7 t0 2.5 Ga
Hamersley Province, Western Australia. Earth and Planetary
Science Letters292,170-180.

Davis C, Knocke W, Edwards M (2001 ) Implications of aqueous silica
sorption to iron hydroxide: mobilization of iron colloids and inter-
ference with sorption of arsenate and humic substances. Environ-
mental Science & Technology 35, 3158-3162.

Davis C, Chen H, Edwards M (2002) Modeling silica sorption to
iron hydroxide. Environmental Science & Technology 36, 582—
587.

Delany JM, Lundeen SR (1990) The LLNL Thermodynamical Data-
base. Lawrence Livermore National Laboratory Report UCRL-
21658.

Doelsch E, Rose J, Masion A, Bottero J, Nahon D, Bertsch P (2000)
Speciation and crystal chemistry of iron(III) chloride hydrolyzed in
the presence of SiO4 ligands. 1. An FeK-edge EXAFS study. Lang-
muir16,4726-4731.

Doelsch E, Stone W, Petit S, Masion A, Rose J, Bottero J, Nahon D
(2001) Speciation and crystal chemistry of Fe(I1I) chloride hydro-
lyzed in the presence of SiO4 ligands. 2. Characterization of Si-Fe
aggregates by FTIR and Si-29 solid-state NMR. Langmuir17,
1399-1405.

Doelsch E, Masion A, Rose J, Stone WEE, Bottero JY, Bertsch PM
(2003) Chemistry and structure of colloids obtained by hydrolysis
of Fe(I1I) in the presence of SiO4 ligands. Colloids and Surfaces A —
Physicochemical and Engineering Aspects217,121-128.

Fehr MA, Andersson PS, Halenius U, Morth CM (2008) Iron isotope
variations in Holocene sediments of the Gotland Deep, Baltic Sea.
Geochimica et Cosmochimica Acta72,807-826.

Ferris M, Muyzer G, Ward D (1996) Denaturing gradient gel electro-
phoresis profiles of 16S rRNA-defined populations inhabiting a hot
spring microbial mat community. Applied and Environmental
Microbiology 62, 340-346.

Fischer WW, Knoll AH (2009) An iron shuttle for deepwater silica in
Late Archean and early Paleoproterozoic iron formation. Geological
Society of America Bulletin121,222-235.

Fischer WW, Schroeder S, Lacassie JP, Beukes NJ, Goldberg T,
Strauss H, Horstmann UE, Schrag DP, Knoll AH (2009) Isotopic
constraints on the Late Archean carbon cycle from the Transvaal
Supergroup along the western margin of the Kaapvaal Craton,
South Africa. Precambrian Research169,15-27.

Fredrickson J, Zachara J, Kennedy D, Dong H, Onstott T, Hinman
N, Li S (1998) Biogenic iron mineralization accompanying the
dissimilatory reduction of hydrous ferric oxide by a groundwater
bacterium. Geochimica et Cosmochimica Acta 62,3239-3257.

Fredrickson J, Kota S, Kukkadapu R, Liu C, Zachara ] (2003)
Influence of electron donor/acceptor concentrations on hydrous
ferric oxide (HFO) bioreduction. Biodegradation 14,91-103.

Habicht K, Gade M, Thamdrup B, Berg P, Canfield D (2002)
Calibration of sulfate levels in the Archean Ocean. Science 298,
2372-2374.

Hamady M, Walker JJ, Harris JK, Gold NJ, Knight R (2008)
Error-correcting barcoded primers for pyrosequencing hundreds of
samples in multiplex. Nature Methods5,235-237.

Heimann A, Johnson CM, Beard BL, Valley JW, Roden EE, Spicuzza
MJ, Beukes NJ (2010) Fe, C, and O isotope compositions of
banded iron formation carbonates demonstrate a major role for
dissimilatory iron reduction in similar to 2.5 Ga marine
environments. Earth and Planetary Science Letters 294, 8-18.

Hiemstra T, Barnett MO, van Riemsdijk WH (2007) Interaction of
silicic acid with goethite. Journal of Colloid and Interface Science
310,8-17.

© 2011 Blackwell Publishing Ltd



Icopini G, Anbar A, Ruebush S, Tien M, Brantley S (2004) Iron
isotope fractionation during microbial reduction of iron: the
importance of adsorption. Geology 32,205-208.

Tler RK (1979) The Chemistry of Silica Solubility, Polymerization,
Colloid and Surface Properties, and Biochemistry. Wiley, New York.

Johnson CM, Roden EE, Welch SA, Beard BL (2005) Experimen-
tal constraints on Fe isotope fractionation during magnetite and
Fe carbonate formation coupled to dissimilatory hydrous ferric
oxide reduction. Geochimica et Cosmochimica Acta 69, 963—
993.

Johnson CM, Beard BL, Klein C, Beukes NJ, Roden EE (2008a)
Iron isotopes constrain biologic and abiologic processes in
banded iron formation genesis. Geochimica et Cosmochimica
Actn 72, 151-169.

Johnson CM, Beard BL, Roden EE (2008b) The iron isotope finger-
prints of redox and biogeochemical cycling in the modern and
ancient Earth. Annual Review of Earth and Planetary Sciences 36,
457-493.

Jones AM, Collins RN, Rose J, Waite TD (2009) The effect of silica
and natural organic matter on the Fe(II)-catalysed transformation
and reactivity of Fe(II1) minerals. Geochimica et Cosmochimica Acta
73,4409-4422.

Karim Z (1984) Characteristics of ferrihydrites formed by oxidation
of Fecl2 solutions containing different amounts of silica. Clays and
Clay Minernls 32,181-184.

Kesler SE, Ohmoto H (2006) Evolution of Early Earth’s Atmosphere,
Hydrosphere, and Biosphere: Constraints from Ore Deposits. Geologi-
cal Society of America, Boulder, CO.

Kester D, Duedall I, Connors D, Pytkowic RM (1967) Preparation of
artificial seawater. Limnology and Oceanography12,176-179.

Klein C (1974 ) Greenalite, stilpnomelane, minnesotaite, crocidolite
and carbonates in a very low-grade metamorphic Precambrian iron
formation. Canadian Mineralogist 12,475.

Klein C (2005) Some Precambrian banded iron-formations (BIFs)
from around the world: their age, geologic setting, mineralogy,
metamorphism, geochemistry, and origins. American Mineralogist
90,1473-1499.

Knauth LP, Lowe DR (2003) High Archean climatic temperature
inferred from oxygen isotope geochemistry of cherts in the 3.5 Ga
Swaziland Supergroup, South Africa. Geological Society of America
Bulletin115,566-580.

Konhauser K, Hamade T, Raiswell R, Morris R, Ferris F, Southam G,
Canfield D (2002) Could bacteria have formed the Precambrian
banded iron formations? Geology30,1079-1082.

Konhauser K, Newman D, Kappler A (2005) The potential signifi-
cance of microbial Fe (III) reduction during deposition of Precam-
brian banded iron formations. Geobiology3,167-177.

Konhauser KO, Lalonde SV, Amskold L, Holland HD (2007)

Was there really an Archean phosphate crisis? Science 315, 1234—
1234.

Kukkadapu R, Zachara J, Fredrickson J, Kennedy D (2004) Biotrans-
formation of two-line silica-ferrihydrite by a dissimilatory Fe (III)-
reducing bacterium: formation of carbonate green rust in the
presence of phosphate. Geochimica et Cosmochimica Acta 68,
2799-2814.

Lovley DR (2004) Potential role of dissimilatory iron reduction in the
early evolution of microbial respiration. In Origins, Evolution and
Biodiversity of Microbial Life (ed. Seckbach J). Kluwer, Amsterdam,
pp. 301-313.

Lovley D, Phillips E (1987) Rapid assay for microbially reducible ferric
iron in aquatic sediments. Applied and Envivonmental Microbiology
53,1536-1540.

Lovley DR, Phillips EJP (1988) Novel mode of microbial energy-
metabolism — organic-carbon oxidation coupled to dissimilatory

© 2011 Blackwell Publishing Ltd

Iron isotope fraction during Fe(lll) oxide-silica reduction 219

reduction of iron or manganese. Applied and Environmental
Microbiology 54, 1472-1480.

Lovley D, Stolz J, Nord G, Phillips E (1987) Anacrobic production of
magnetite by a dissimilatory iron-reducing microorganism. Nature
330,252-254.

Lovley D, Holmes D, Nevin K (2004 ) Dissimilatory Fe (III) and Mn
(IV) reduction. Advances in Microbinl Physiology 49,219-286.

Ludwig K(1991) ISOPLOT: A Plotting and Regression Program for
Radiggenic-Isotope Data, Version 2.53. US Geological Survey,
Reston, VA.

Maliva RG, Knoll AH, Simonson BM (2005) Secular change in the
Precambrian silica cycle: insights from chert petrology. Geological
Society of America Bulletin 117, 835-845.

Mayer TD, Jarrell WM (1996) Formation and stability of iron(1I)
oxidation products under natural concentrations of dissolved silica.
Water Research 30,1208-1214.

Nealson KH, Myers CR (1990) Iron reduction by bacteria —a poten-
tial role in the genesis of banded iron formations. American Journal
of Science 290A, 35—45.

Ohmoto H, Watanabe Y, Kumazawa K (2004 ) Evidence from massive
siderite beds for a CO2-rich atmosphere before ~1.8 billion years
ago. Nature 429, 395-399.

Ohmoto H, Watanabe Y, Yamaguchi K, Naraoka H, Haruna M,
Kakegawa T, Hayashi K, Kato Y (2006) Chemical and biological
evolution of early Earth: constraints from banded iron formations.
Geological Society of America Memoirs 198,291.

Parkhurst DL, Appelo CAJ (1999) User’s guide to PHREEQC
(version 2) a computer program for speciation, batch-reaction,
one-dimensional transport, and inverse geochemical calculations.
In Water-Resources Investigations Report 99-4259. U.S. Geological
Survey: Earth Science Information Center, Open-File Reports
Section [distributor], Denver, CO.

Roden E, Lovley D (1993) Dissimilatory Fe(II) reduction by the
marine microorganism Desulfuromonas acetoxidans. Applied and
Environmental Microbiology 59, 734-742.

Rouxel O, Bekker A, Edwards K (2005) Iron isotope constraints on
the Archean and Paleoproterozoic ocean redox state. Science 307,
1088-1091.

Rousxel O, Sholkovitz E, Charette M, Edwards KJ (2008) Iron isotope
fractionation in subterranean estuaries. Geochimica et Cosmochimi-
ca Acta 72, 3413-3430.

Rye R, Kuo PH, Holland HD (1995) Atmospheric carbon-dioxide
concentrations before 2.2-billion years ago. Nature 378,
603-605.

Schwertmann U, Cornell RM (1991) Iron Owides in the Laboratory:
Preparvation and Characterization. VCH, Weinheim/New York.
Severmann S, Johnson CM, Beard BL, McManus J (2006) The effect
of early diagenesis on the Fe isotope compositions of porewaters
and authigenic minerals in continental margin sediments. Geochimi-

ca et Cosmochimica Acta70,2006-2022.

Severmann S, Lyons TW, Anbar A, McManus J, Gordon G
(2008) Modern iron isotope perspective on the benthic iron
shuttle and the redox evolution of ancient oceans. Geology 36,
487-490.

Severmann S, McManus J, Berelson WM, Hammond DE (2010)
The continental shelf benthic iron flux and its isotope composition.
Geochimica et Cosmochimica Acta 74, 3984-4004.

Sheldon ND (2006) Precambrian paleosols and atmospheric CO,
levels. Precambrian Research 147,148-155.

Shelobolina ES, Vanpraagh CG, Lovley DR (2003) Use of ferric and
ferrous iron containing minerals for respiration by Desulfitobacteri-
um frappieri. Geomicrobiology Journal20,143-156.

Siever R (1992) The silica cycle in the Precambrian. Geochimica et
Cosmochimica Acta 56, 3265-3272.



220 E. M.PERCAK-DENNETT et al.

Sigg L, Stumm W (1980) Interaction of anions and weak acids
with the hydrous goethite surface. Colloids and Surfaces2,
101-117.

Skulan JI, Beard BL, Johnson CM (2002) Kinetic and equilibrium
Fe isotope fractionation between aqueous Fe(I1T) and hematite.
Geochimica et Cosmochimica Acta 66,2995-3015.

Stookey L (1970) Ferrozine —a new spectrophotometric reagent for
iron. Analytical Chemistry42,779-787.

Svennson I, Sjoberg S, Ohman L (1986) Polysilicate equilibria in con-
centrated sodium-silicate solutions. Journal of the Chemical Society,
Favaday Transactions 1: Physical Chemistry in Condensed Phases
82,3635-3646.

Swedlund P, Webster J (1999) Adsorption and polymerisation of
silicic acid on ferrihydrite, and its effect on arsenic adsorption.
Water Research 33, 3413-3422.

Tangalos GE, Beard BL, Johnson CM, Alpers CN, Shelobolina ES,
Xu H, Konishi H, Roden EE (2010) Microbial production ofisoto-
pically light iron(II) in a modern chemically precipitated sediment
and implications for isotopic variations in ancient rocks. Geobiology
8,197-208.

Teutsch N, Schmid M, Muller B, Halliday AN, Burgmann H, Wehrli
B (2009) Large iron isotope fractionation at the oxic-anoxic
boundary in Lake Nyos. Earth and Planctary Science Letters 285,
52-60.

Vargas M, Kashefi K, Blunt-Harris EL, Lovley DR (1998) Microbio-
logical evidence for Fe(III) reduction on early Earth. Nature 395,
65-67.

Vempati RK, Loeppert RH (1989) Influence of structural and
adsorbed Si on the transformation of synthetic ferrihydrite. Clays
and Clay Minerals37,273-279.

Walker J (1984 ) Suboxic diagenesis in banded iron formaitons.
Nature 309, 340-342.

Wu L (2010) Stable Fe isotope fractionations produced by aqueous
Fe(II)-hematite surface interactions. Geochimica et Cosmochimica
Actn73,4249-4265.

Wu L, Beard BL, Roden EE, Johnson CM (2009) Influence of pH
and dissolved Si on Fe isotope fractionation during dissimilatory
microbial reduction of hematite. Geochimica et Cosmochimica Acta
73,5584-5599.

Zachara J, Kukkadapu R, Fredrickson J, Gorby Y, Smith S (2002)
Biomineralization of poorly crystalline Fe (III) oxides by dissimila-
tory metal reducing bacteria (DMRB). Geomicrobiology Jonrnal19,
179-207.

Zeng L (2003) A method for preparing silica-containing iron(I1I)
oxide adsorbents for arsenic removal. Water Research37,4351—
4358.

SUPPORTING INFORMATION

Additional Supporting Information may be found in the
online version of this article:

Fig. 1. DGGE analysis of 165 rRNA gene amplicons retrieved from different
generations of Fe(lI1)-Si coprecipitate reducing enrichment cultures.

Fig. 52. Mixing lines used to estimate 5°°Fe values for the Fe(lll) component
of the 0.5m HCl extracts calculated assuming that 8°°Fereqnosmnc =

<56
87"Fere(o.1 m Hl-

Fig. $3. Mixing lines used to estimate 3°°Fe values for the Fe(ll) component of
the 0.5 m HCl extracts.

Fig. S4. Plot of estimated 8>°Fereqno.s m 1a Calculated values versus measured
56
87°Fereqno.1 m el Values.

Fig. S5. Mixing lines employed to resolve 655Fepe(”|)o5 mhct Fe(llDo 5 m 1l given
the constraints of Fe(ll)o 5 m uci €xpressed in equation 7 from the text.

Table S1. Artificial Archaean seawater composition.
Table S2. Fe:Siratio of Fe-Si coprecipitate.

Table S3. Fe isotope composition of partial dissolutions of the Fe-Si coprecipi-
tate.

Table S4. Phylogenetic association of the most common 16S rRNA gene
sequences from 454 pyrosequencing.

Table S5. Aqueous silica and Fe concentrations in DIR experiments.

Table S6. Determination of isotopic composition of 0.5 m HCl extractable Fe(ll)
and Fe(lll).

Table S7. Raw Fe isotope data.

Please note: Wiley-Blackwell are not responsible for the con-
tent or functionality of any supporting materials supplied by
the authors. Any queries (other than missing material) should
be directed to the corresponding author for the article.

© 2011 Blackwell Publishing Ltd



