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Abstract

The voluminous 2.5 Ga banded iron formations (BIFs) from the Hamersley Basin (Australia) and Transvaal Craton
(South Africa) record an extensive period of Fe redox cycling. The major Fe-bearing minerals in the Hamersley–Transvaal
BIFs, magnetite and siderite, did not form in Fe isotope equilibrium, but instead reflect distinct formation pathways. The
near-zero average d56Fe values for magnetite record a strong inheritance from Fe3+ oxide/hydroxide precursors that formed
in the upper water column through complete or near-complete oxidation. Transformation of the Fe3+ oxide/hydroxide pre-
cursors to magnetite occurred through several diagenetic processes that produced a range of d56Fe values: (1) addition of mar-
ine hydrothermal Fe2þ

aq, (2) complete reduction by bacterial dissimilatory iron reduction (DIR), and (3) interaction with
excess Fe2þ

aq that had low d56Fe values and was produced by DIR. Most siderite has slightly negative d56Fe values of
��0.5‰ that indicate equilibrium with Late Archean seawater, although some very negative d56Fe values may record
DIR. Support for an important role of DIR in siderite formation in BIFs comes from previously published C isotope data
on siderite, which may be explained as a mixture of C from bacterial and seawater sources.

Several factors likely contributed to the important role that DIR played in BIF formation, including high rates of ferric
oxide/hydroxide formation in the upper water column, delivery of organic carbon produced by photosynthesis, and low clas-
tic input. We infer that DIR-driven Fe redox cycling was much more important at this time than in modern marine systems.
The low pyrite contents of magnetite- and siderite-facies BIFs suggests that bacterial sulfate reduction was minor, at least in
the environments of BIF formation, and the absence of sulfide was important in preserving magnetite and siderite in the BIFs,
minerals that are poorly preserved in the modern marine record. The paucity of negative d56Fe values in older (Early Archean)
and younger (Early Proterozoic) BIFs suggests that the extensive 2.5 Ga Hamersley–Transvaal BIFs may record a period of
maximum expansion of DIR in Earth’s history.
� 2007 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

Banded iron formations (BIFs) have played a prominent
role in discussions on the surface environments of the an-
cient Earth because their origin requires redox conditions
and iron transport pathways that were markedly different
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than those of the modern iron cycle (e.g., Trendall, 2002;
Klein, 2005). The large inventory of Fe3+-bearing oxides
(magnetite, hematite) requires an oxidant during BIF gene-
sis, given the fact that all proposed iron sources (riverine,
marine hydrothermal) were Fe2+. Contrary to common be-
lief, however, hematite or goethite are not the major
Fe-bearing phases in fresh BIFs that are absent the effects
of weathering, supergene alteration, mineralization, or
metamorphism (Simonson, 2003). Instead, Fe2+-bearing
minerals such as magnetite and siderite are the major
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repositories of Fe in BIFs, reflecting the fact that the
average oxidation state of iron in BIFs is Fe2.4+ (e.g.,
Klein and Beukes, 1992). The sources and pathways for
Fe2+, therefore, are as important to models of BIF genesis
as the oxidative pathways. The source of aqueous Fe2+

has been commonly argued to be marine hydrothermal
systems, largely based on rare earth element (REE) data
(e.g., Bau et al., 1997). REE data, however, do not directly
constrain the Fe sources, nor the iron pathways involved
in BIFs genesis.

The role of bacteria in BIF genesis has been extensively
discussed because the period in which the major BIFs were
deposited (�2.8 to 1.8 Ga) overlaps major changes that are
thought to have occurred in the biosphere and atmosphere
(Knoll, 2003; Canfield, 2005). Indirect roles for bacteria
have been proposed, where Fe2+ oxidation occurred
through elevated atmospheric O2 produced by oxygenic
photosynthesis (Cloud, 1968). A more direct role for bacte-
ria might have involved Fe2+ oxidation that was metaboli-
cally coupled to reduction of CO2 (Konhauser et al., 2002;
Kappler et al., 2005):

4Fe2þ + 7H2O + CO2 ! CH2O + 4FeOOH + 8Hþ ð1Þ

The ubiquitous magnetite and siderite in Late Archean
to Early Proterozoic BIFs that have not been subjected to
ore-forming processes or significant metamorphism are
common end products of dissimilatory iron reduction
(DIR) of ferric oxide/hydroxides by bacteria (Lovley
et al., 1987), and a reductive role for bacteria in BIF genesis
has been proposed (Nealson and Myers, 1990; Konhauser
et al., 2005), which may be represented as the reverse of
Eq. (1). Despite great speculation in the literature regarding
the potential role of bacteria in BIF formation, clear evi-
dence for bacterial processes in BIF genesis is essentially
non-existent (Klein, 2005).

Here, we report new iron isotope data for the 2.50–
2.45 Ga Brockman Iron Formation of the Hamersley Ba-
sin, Western Australia, one of the best preserved and most
intensively studied BIFs in the world (Trendall and Block-
ley, 1970; Trendall et al., 2004). We compare these new data
to our previous work on the Kuruman and Griquatown
iron formations of the Transvaal Craton, South Africa
(Johnson et al., 2003), which were deposited synchronously
with the Brockman Iron Formation (Pickard, 2003). These
results significantly expand the Fe isotope database on
BIFs, which includes additional studies (Dauphas et al.,
2004, 2007; Rouxel et al., 2005; Frost et al., 2006; Valaas-
Hyslop et al., in press; Whitehouse and Fedo, 2007). Cou-
pled with a growing database of experimentally determined
Fe isotope fractionation factors, the results presented here
provide new constraints on the Fe pathways that were in-
volved in BIF formation, including evaluation of the role
of bacteria in BIF genesis.

2. IRON PATHWAYS AND ISOTOPIC

FRACTIONATIONS

Most models for BIF genesis involve Fe redox changes
and mineral precipitation (e.g., Klein, 2005), and Fe isotope
fractionation factors are now known for the key processes
that were involved (Fig. 1). Iron isotope compositions are
expressed in terms of 56Fe/54Fe ratios in units of per mil
(‰), relative to the average of igneous rocks:

d56Fe = (56Fe/54FeSample/
56Fe/54FeIg=Rxs � 1) 103 ð2Þ

(Beard et al., 2003a). On this scale, the d56Fe value of the
IRMM-014 standard is �0.09‰ (Beard et al., 2003a). Iso-
topic fractionations between two components, A and B,
are described by:

D56FeA�B ¼ d56FeA � d56FeB � 103 ln aA�B ð3Þ

where aA�B is the isotopic fractionation factor, following
standard practice.

The very large quantities of Fe that are required for BIF
deposition are generally thought to have been originally sup-
plied by marine hydrothermal sources as Fe2þ

aq (pathway 1,
Fig. 1). During oxidation of Fe2þ

aq to Fe3þ
aq, followed by

precipitation of Fe3þ
aq to ferric oxide/hydroxide, the net iso-

topic fractionation between ferric oxide/hydroxide and ini-
tial Fe2þ

aq is �+1.5‰ at room temperature (pathway 2,
Fig. 1), reflecting a +2.9‰ Fe3þ

aq–Fe2þ
aq equilibrium frac-

tionation and a ��1.4‰ kinetic fractionation between fer-
ric oxide/hydroxide and Fe3þ

aq upon precipitation; the
later fractionation may vary on the order of �1‰, depend-
ing upon precipitation kinetics (Beard and Johnson, 2004).
The overall ferric oxide/hydroxide–Fe2þ

aq fractionation ap-
pears to be similar regardless of the oxidative pathway in-
volved, including abiologic oxidation by O2 (Bullen et al.,
2001), anaerobic photosynthetic Fe2+ oxidation (Croal
et al., 2004), oxidation by acidophilic iron-oxidizing bacteria
(Balci et al., 2006), or UV-photo oxidation (Staton et al.,
2006), where most of these fractionations measured in exper-
iments vary between +1.0‰ and +2.0‰. Ferric oxide/
hydroxides that are formed by only a few % oxidation and
precipitation record the maximum fractionation, and hence
will have d56Fe values that are �1.5‰ higher than those of
the initial Fe2þ

aq. In contrast, complete oxidation and pre-
cipitation will produce ferric oxide/hydroxides that have
d56Fe values equal to those of the initial Fe2þ

aq, despite a sig-
nificant FeðOHÞ3–Fe2þ

aq or Fe2O3–Fe2þ
aq fractionation fac-

tor. The d56Fe values of the flux of ferric oxide/hydroxides
from the upper ocean layer to the seafloor (pathway 3,
Fig. 1) will therefore be determined by the extent and rate
of oxidation and precipitation that occurs in the upper part
of the water column.

Transport of the ferric oxide/hydroxide ‘‘rain’’ into
Fe2þ

aq-rich fluids in the deep marine anoxic layer produces
opportunities for reactions that may produce important
BIF minerals, including magnetite, via reactions such as:

2FeðOHÞ3 þ Fe2þ
aq ! Fe3O4 þ 2H2Oþ 2Hþ ð4Þ

(pathway 4, Fig. 1). The Fe isotope composition of magne-
tite in the above reaction may, for example, reflect simple
addition of Fe3+ and Fe2+ sources. Reaction of siderite
and ferric hydroxides may also produce magnetite under
burial metamorphic conditions, reflecting the same addition
of Fe sources as given in Eq. (4). Dissimilatory Fe3+ reduc-
tion (DIR) may also produce Fe2þ

aq via the reverse of Eq.
(1), or in the case of oxidation of acetate, reactions such as:



Fig. 1. Iron pathways and isotopic fractionations in banded iron formation (BIF) genesis. The primary iron source is inferred to be
hydrothermal Fe2þ

aq (pathway 1), sourced to relatively anoxic deep water masses or shallow hydrothermal vents. Ascent of deep Fe2þ
aq-rich

waters to the upper water column was accompanied by oxidation and formation of ferric oxide/hydroxide precipitates (pathway 2), which
would have decreased Fe2þ

aq contents in the upper oceans, defining a chemocline that separated shallow oxidized waters from deep anoxic
water; oxidation of upwelling Fe2þ

aq could have occurred by UV-photo oxidation, atmospheric O2, or anaerobic photosynthetic Fe2+

oxidation. Partial oxidation will produce ferric oxide/hydroxide precipitates that have positive d56Fe values, controlled by the Fe(OH)3–Fe2þ
aq

fractionation factor and extent of reaction, whereas complete oxidation would produce no net isotopic change relative to the initial Fe2þ
aq.

Settling of the ferric oxide/hydroxide ‘‘rain’’ from above the chemocline produced an Fe3+ flux (pathway 3) to the site of BIF deposition on
the ocean floor. Conversion of precursor ferric oxide/hydroxides to magnetite at or below the sediment-water interface occurred via several
pathways, including reactions with seawater Fe2þ

aq (pathway 4), reduction by dissimilatory Fe3+ reduction (DIR) under Fe2þ
aq-limited

conditions (pathway 5), or DIR in the presence of excess Fe2þ
aq (pathway 6). In the case of pathway 6, the d56Fe values of the excess Fe2þ

aq

will be controlled by the Fe2þ
aq � FeðOHÞ3 fractionation factor during DIR, where the d56Fe value for Fe2þ

aq is controlled by the proportions
of reactive and bulk Fe(OH)3, as well as the Fe2+ inventory (Crosby et al., 2007). The d56Fe values of magnetite and siderite that formed in the
presence of excess Fe2þ

aq will be controlled by the magnetite–Fe2þ
aq and siderite–Fe2þ

aq fractionation factors, respectively.
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CH3COO�þ8FeðOHÞ3! 8Fe2þ
aq þ2HCO�3

þ15OH�þ5H2O ð5Þ

Fe2þ
aq produced by reaction 5 could be transported over

space and time to produce magnetite via reaction 4. Com-
plete conversion of ferric oxide/hydroxide to magnetite
may consume all Fe2+ produced by DIR, which may in turn
produce no net change in d56Fe values between initial ferric
oxide/hydroxide and the magnetite product (pathway 5,
Fig. 1). ‘‘Excess’’ Fe2+ is common, however, during DIR
prior to magnetite formation (e.g., Johnson et al., 2005),
and Fe2þ

aq produced by DIR may exist in pore fluids in
modern marine sediments (e.g., Severmann et al., 2006).
The d56Fe values of Fe2þ

aq produced by DIR are always
lower than those of the initial ferric oxide/hydroxide (path-
way 6, Fig. 1), reflecting a �3.0‰ equilibrium fractionation
between Fe2þ
aq and a reactive Fe3+ layer on the ferric

oxide/hydroxide surface (Crosby et al., 2005, 2007). The
absolute d56Fe values for Fe2þ

aq produced by DIR may
range from �0.5‰ to �2.5‰ relative to the initial ferric
oxide/hydroxide (Beard et al., 1999, 2003a; Icopini et al.,
2004; Crosby et al., 2005, 2007; Johnson et al., 2005), and
are primarily controlled by the relative proportions of
Fe2þ

aqand the reactive Fe3+ surface layer during reduction
(Crosby et al., 2007).

In the presence of excess Fe2þ
aq, the d56Fe values of

magnetite and siderite may be controlled by the fluid-min-
eral isotope fractionation factors, rather than simple addi-
tion reactions such as Eq. (4). Under equilibrium
conditions, the magnetite–Fe2þ

aq fractionation factor is
estimated to be +1.3‰ at room temperature (Johnson
et al., 2005) (Fig. 1). In contrast, the equilibrium siderite–



Table 1
Fe isotope data for the Brockman Iron Formation

Sample Mineral d56Fe d57Fe

Brockman Iron Formation
Dales Gorge Member

Sample 2-2, BIF-5, 42.7 m
2-2-1 Mt �0.31 ± 0.04 �0.42 ± 0.06
repeat �0.24 ± 0.04 �0.32 ± 0.02
2-2-2 Sid �0.14 ± 0.04 �0.23 ± 0.03
repeat �0.20 ± 0.05 �0.29 ± 0.03
2-2-3 Sid �0.66 ± 0.04 �0.94 ± 0.03
repeat �0.59 ± 0.04 �0.84 ± 0.02
2-2-4 Sid �0.68 ± 0.04 �1.00 ± 0.04
2-2-5 Mt 0.16 ± 0.04 0.21 ± 0.03
repeat 0.26 ± 0.03 0.40 ± 0.03
2-2-6 Mt �0.37 ± 0.03 �0.55 ± 0.03
2-2-7 Sid �1.08 ± 0.04 �1.63 ± 0.03
repeat �1.13 ± 0.03 �1.60 ± 0.03
repeat �1.10 ± 0.06 �1.59 ± 0.03
2-2-8 Sid �1.17 ± 0.05 �1.69 ± 0.03
2-2-9 Mt �0.51 ± 0.04 �0.80 ± 0.03
2-2-10 Mt �0.07 ± 0.04 �0.07 ± 0.03
2-2-12 Mt �0.61 ± 0.03 �0.93 ± 0.03
2-2-13 Mt 0.19 ± 0.04 0.33 ± 0.03
repeat 0.11 ± 0.03 0.15 ± 0.03
2-2-14 Mt �0.22 ± 0.06 �0.33 ± 0.04
repeat �0.17 ± 0.04 �0.28 ± 0.02
2-2-15 Sid �1.05 ± 0.03 �1.53 ± 0.03
2-2-16 Sid �1.05 ± 0.04 �1.55 ± 0.03
2-2-17 Sid �1.07 ± 0.03 �1.47 ± 0.03
2-2-19 Mt �0.27 ± 0.04 �0.41 ± 0.04

Sample 3-3, BIF-5, 43.9 m
3-3-1-A Mt �1.16 ± 0.04 �1.70 ± 0.03
repeat �1.21 ± 0.04 �1.75 ± 0.03
3-3-1-B Mt �0.29 ± 0.04 �0.42 ± 0.04
repeat �0.33 ± 0.05 �0.41 ± 0.04
3-3-1-C Mt �0.26 ± 0.04 �0.46 ± 0.03
repeat �0.29 ± 0.09 �0.42 ± 0.02
3-3-2 Sid �0.28 ± 0.05 �0.39 ± 0.03
3-3-3 Mt �0.40 ± 0.03 �0.55 ± 0.03
3-3-4 Mt �0.26 ± 0.03 �0.34 ± 0.03
3-3-5 Mt �0.50 ± 0.06 �0.77 ± 0.04
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Fe2þ
aq fractionation factor at room temperature is esti-

mated to be �0.5‰ (Wiesli et al., 2004) (Fig. 1). The anker-
ite–Fe2þ

aq fractionation factor is estimated to be more
negative, based on natural samples (Johnson et al., 2003),
experiments that involved 15 mol % Ca substitution into
siderite (Johnson et al., 2005), and predicted fractionation
factors as calculated from theory (Polyakov and Mineev,
2000).

3. SAMPLING AND ANALYTICAL METHODS

Samples of the Brockman Iron Formation, Hamersley
Basin, Australia, were obtained from a core from hole
DDH-44 near Paraburdo (Ewers and Morris, 1981). Previ-
ous stable isotope studies of this core suggest burial meta-
morphism between 60 and 160 �C, significantly lower than
in other parts of the Hamersley Basin (Kaufman et al.,
1990). Definitions of macrobands rich in oxides and Fe car-
bonate (BIF macrobands) and those that are shale rich (S
macrobands) are based on correlation to the type section
(Trendall and Blockley, 1970). Milligram-size samples were
taken from fresh core surfaces that had been cleaned in dis-
tilled water, using a tungsten–carbide bit. Based on image
analysis using matching thin sections, only siderite and
magnetite layers that were >95% monomineralic were sam-
pled. The powdered samples were decomposed by mixed
acid digestion (HF–HNO3) and purified for Fe using an-
ion-exchange chromatography (Beard et al., 2003a). Isoto-
pic compositions of Fe were measured using MC-ICP-MS
(multi-collector, inductively-coupled plasma mass spec-
trometry; Micromass IsoProbe) at the University of Wis-
consin, Madison. Twenty-six samples used in this study
were analyzed at least two times, and these repeat measure-
ments differ by an average of 0.05‰, which is essentially
identical to the reproducibility obtained on pure standards.
Seven mesobands (�cm thick) were sampled at the mm-
scale in duplicate or triplicate to assess fine-scale sample
heterogeneity. Additional details on chemical separations
and mass analysis methods may be found in Beard et al.
(2003a) and Albarede and Beard (2004).
3-3-6 Sid �1.22 ± 0.04 �1.80 ± 0.04
3-3-7 Sid �1.36 ± 0.05 �2.03 ± 0.04
3-3-8 Mt �0.37 ± 0.04 �0.52 ± 0.03
repeat �0.32 ± 0.04 �0.52 ± 0.04
3-3-9 Mt �0.53 ± 0.03 �0.83 ± 0.03
3-3-10 Sid �1.36 ± 0.09 �1.96 ± 0.04
3-3-11 Sid �1.30 ± 0.04 �1.93 ± 0.03
3-3-12 Mt �0.71 ± 0.03 �1.07 ± 0.02
3-3-13-A Sid �2.06 ± 0.07 �2.83 ± 0.03
repeat �2.06 ± 0.03 �2.94 ± 0.03
3-3-13-B Sid �1.50 ± 0.05 �2.07 ± 0.03
repeat �1.56 ± 0.04 �2.24 ± 0.04
3-3-13-C Sid �1.57 ± 0.03 �2.34 ± 0.03
3-3-14 Mt �0.44 ± 0.03 �0.69 ± 0.03
3-3-15 Sid �1.18 ± 0.03 �1.75 ± 0.04
3-3-16 Sid �1.07 ± 0.03 �1.58 ± 0.02
3-3-17-A Mt �0.03 ± 0.03 0.03 ± 0.03
3-3-17-B Mt 0.03 ± 0.05 0.05 ± 0.03
3-3-18 Sid �0.62 ± 0.03 �0.88 ± 0.03
3-3-19 Mt �0.22 ± 0.05 �0.34 ± 0.04
3-3-20 Sid �1.05 ± 0.04 �1.49 ± 0.03
4. RESULTS

New iron isotope data (Table 1 and Fig. 2) for the 2.50–
2.45 Ga Brockman Iron Formation of the Hamersley Ba-
sin, Western Australia (Trendall and Blockley, 1970) span
a range in d56Fe values that is similar to that defined by
the synchronously deposited Kuruman and Griquatown
iron formations of the Transvaal Craton, South Africa
(Johnson et al., 2003), as well as several BIF samples of
1.9 and 2.7 Ga age from other localities (Rouxel et al.,
2005; Frost et al., 2006; Valaas-Hyslop et al., in press).
The d56Fe values of magnetite and siderite broadly overlap
in the Australian and South African suites, although the
average Fe isotope compositions for these minerals are dis-
tinct. The average d56Fe value for magnetite is �0.02‰,
which is indistinguishable from average continental crust
(Beard et al., 2003a,b; Beard and Johnson, 2006), whereas
the average d56Fe value for siderite is �0.60‰, significantly



Table 1 (continued)

Sample Mineral d56Fe d57Fe

Sample 4-8, BIF-5, 44.2 m
4-8-1 Sid �0.89 ± 0.03 �1.28 ± 0.03
repeat �0.86 ± 0.05 �1.22 ± 0.03
4-8-2 Mt 0.21 ± 0.04 0.27 ± 0.04
repeat 0.17 ± 0.03 0.27 ± 0.03
4-8-3 Mt 0.10 ± 0.02 0.10 ± 0.02
4-8-4 Sid �1.12 ± 0.04 �1.67 ± 0.03
repeat �1.12 ± 0.04 �1.61 ± 0.02
4-8-5 Mt 0.00 ± 0.04 �0.05 ± 0.03
repeat 0.01 ± 0.04 0.16 ± 0.05
4-8-6 Sid �0.93 ± 0.03 �1.34 ± 0.02
repeat �0.96 ± 0.04 �1.40 ± 0.03
4-8-7 Sid �1.07 ± 0.10 �1.56 ± 0.04
4-8-8 Sid �0.87 ± 0.03 �1.26 ± 0.03
4-8-9 Mt 0.27 ± 0.03 0.33 ± 0.02
4-8-10 Sid �0.51 ± 0.03 �0.76 ± 0.03
4-8-11 Sid �0.91 ± 0.03 �1.38 ± 0.03

Sample 6-2, S-6, 47.2 m
6-2-1 Mt 0.84 ± 0.04 1.25 ± 0.03
repeat 0.79 ± 0.05 1.16 ± 0.04
repeat 0.80 ± 0.05 1.18 ± 0.04
repeat 0.77 ± 0.06 1.10 ± 0.03
6-2-2 Sid (impure) 0.02 ± 0.03 0.01 ± 0.03
6-2-3 Mt 0.67 ± 0.04 0.98 ± 0.03
repeat 0.61 ± 0.03 0.90 ± 0.03
6-2-4 Sid 0.35 ± 0.03 0.52 ± 0.03
6-2-5 Sid 0.15 ± 0.03 0.34 ± 0.02
6-2-6 Mt 0.73 ± 0.03 1.09 ± 0.03
6-2-7 Sid �0.05 ± 0.02 �0.02 ± 0.02

Sample 16-7, BIF-13, 100.6 m
16-7-1 Mt 0.32 ± 0.03 0.48 ± 0.02
repeat 0.34 ± 0.03 0.52 ± 0.03
16-7-2 Hem+chert 0.19 ± 0.07 0.26 ± 0.06
16-7-3 Sid �0.12 ± 0.03 �0.16 ± 0.03
16-7-4 Mt 0.30 ± 0.03 0.47 ± 0.03
16-7-5 Mt 0.41 ± 0.03 0.59 ± 0.03
16-7-6 Sid 0.39 ± 0.05 0.60 ± 0.03
repeat 0.42 ± 0.03 0.55 ± 0.03

Sample 18-2, BIF-13, 103.6 m
18-2-1 Sid �0.80 ± 0.05 �1.17 ± 0.05
repeat �0.91 ± 0.04 �1.35 ± 0.05
18-2-2 Mt (impure) �0.12 ± 0.03 �0.15 ± 0.03
18-2-4 Sid �0.76 ± 0.02 �1.19 ± 0.03
18-2-6 Sid �0.81 ± 0.03 �1.21 ± 0.02
repeat �0.74 ± 0.06 �1.15 ± 0.05
18-2-7 Mt �0.02 ± 0.05 0.02 ± 0.03
18-2-8 Mt 0.02 ± 0.03 0.03 ± 0.03
repeat �0.04 ± 0.03 �0.10 ± 0.02
18-2-9 Sid �0.69 ± 0.05 �1.03 ± 0.06
18-2-10 Sid �0.48 ± 0.06 �0.71 ± 0.03
18-2-11 Mt 0.07 ± 0.02 0.11 ± 0.02
18-2-13 Mt 0.10 ± 0.03 0.14 ± 0.03
18-2-14 Sid �0.59 ± 0.03 �0.84 ± 0.02
18-2-15 Sid �0.66 ± 0.06 �0.97 ± 0.03
18-2-17 Sid �0.76 ± 0.08 �1.05 ± 0.05
18-2-18 Sid �0.66 ± 0.04 �1.00 ± 0.04

Sample 20-4, BIF-14, 109.7 m
20-4-1 Mt 1.19 ± 0.09 1.63 ± 0.04
20-4-2-A Sid 0.04 ± 0.08 0.15 ± 0.05
20-4-2-B Sid 0.63 ± 0.03 0.94 ± 0.03

Table 1 (continued)

Sample Mineral d56Fe d57Fe

20-4-4 Sid 1.00 ± 0.03 1.53 ± 0.03
20-4-5 Mt 1.12 ± 0.04 1.69 ± 0.03

Sample 30-9, BIF-16, 131.1 m
30-9-1 Mt �1.06 ± 0.03 �1.59 ± 0.03
30-9-2 Mt+Fe sil �0.42 ± 0.03 �0.66 ± 0.03
30-9-3 Mt+Fe sil �0.56 ± 0.02 �0.78 ± 0.02
30-9-4 Mt �0.17 ± 0.02 �0.21 ± 0.02
30-9-5 Mt 0.02 ± 0.03 0.02 ± 0.02
30-9-7 Sid �0.90 ± 0.03 �1.31 ± 0.02
30-9-8 Mt �0.03 ± 0.09 �0.01 ± 0.05
30-9-9 Sid �0.23 ± 0.03 �0.40 ± 0.03
30-9-10 Sid �1.19 ± 0.03 �1.84 ± 0.03

Sample 35-9, BIF-16, 134.1 m
35-4-1 Mt 0.05 ± 0.02 0.03 ± 0.03
35-4-2 Sid �0.04 ± 0.03 �0.11 ± 0.02

Sample 37-11, BIF-16, 135.6 m
37-11-1-A Sid + chert �0.93 ± 0.03 �1.32 ± 0.03
repeat �0.84 ± 0.04 �1.21 ± 0.02
37-11-1-B Sid + chert �1.10 ± 0.04 �1.56 ± 0.02
repeat �1.19 ± 0.04 �1.71 ± 0.03
37-11-2 Mt �0.01 ± 0.03 0.02 ± 0.02
repeat �0.09 ± 0.03 �0.17 ± 0.04

Joffre Member

Sample 38-1, 182.9 m
38-1-2 Sid �1.12 ± 0.04 �1.63 ± 0.05
38-1-4 Sid �0.29 ± 0.03 �0.33 ± 0.03
38-1-6 Sid �0.10 ± 0.04 �0.14 ± 0.04

Sample 40-10, 185.9 m
40-10-1-A Sid �0.85 ± 0.05 �1.28 ± 0.05
40-10-1-B Sid �0.22 ± 0.03 �0.34 ± 0.03
40-10-1-C Sid �0.59 ± 0.08 �0.85 ± 0.02
40-10-4-A Sid �0.67 ± 0.03 �0.95 ± 0.02
40-10-4-B Sid �0.18 ± 0.05 �0.19 ± 0.03

Note: d56Fe and d57Fe values reported as 56Fe/54Fe and 57Fe/54Fe
ratios, respectively, relative to the average of igneous rocks (Beard
et al., 2003a). On this scale, the d56Fe value of the IRMM-14
standard is �0.09. Core sample from hole DDH-44 (Ewers and
Morris, 1981). BIF- and S-macrobands and stratigraphic height
above the base of the Brockman Iron Formation based on corre-
lation to the type section of Trendall and Blockley (1970). Each
sample is from a distinct mesoband. ‘‘repeat’’ notes duplicate mass
analysis of same solution on different day. ‘‘A’’, ‘‘B’’, ‘‘C’’, etc.,
notes duplicate sampling of same mesoband in sample. ‘‘Mt’’,
magnetite; ‘‘Sid’’, siderite; ‘‘Fe Sil’’, Fe silicates; mineral bands
>95% monomineralic unless noted.

Iron isotopes in banded iron formations 155
lower than the average of igneous rocks or average conti-
nental crust. A v2 test of the magnetite and siderite Fe iso-
tope data indicates that there is less than a 0.5% and 0.001%
probability, respectively, that the distribution of these d56Fe
values is Gaussian.

A first-order observation is that there are very large
ranges in d56Fe values for both magnetite and siderite over
restricted stratigraphic intervals (Fig. 2). Individual core
samples (�10 cm in length) may have significant mm- to
cm-scale variations in d56Fe values, but some core samples



Fig. 2. Iron isotope data for siderite and magnetite from the Brockman Iron Formation (this study; Table 1) and the temporally correlative
Kuruman and Griquatown iron formations from the Transvaal Craton, South Africa (Johnson et al., 2003). Stratigraphic heights relative to
the base of the Brockman and Kuruman iron formations are shown. Dashed horizontal lines indicate scale breaks in stratigraphic height.
Timescale for deposition of the Brockman Iron Formation shown at left, based on the BIF depositional rate of 180 m/m.y. (compacted
sediment) from Trendall et al. (2004).
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are more homogeneous at this scale; representative exam-
ples are shown in Fig. 3. Where individual cores have
relatively large variability, the average d56Fe values for
magnetite and siderite tend to be the lowest (e.g., cores
2-2 and 3-3, Fig. 3), whereas cores that have a more re-
stricted range in Fe isotope compositions tend to have
higher d56Fe values for magnetite and siderite (e.g., core
18-2, Fig. 3). Combing the data from Johnson et al.
(2003), there is a weak negative correlation between the
standard deviation of d56Fe values for magnetite from a
specific core sample and the average d56Fe value for each
core (R2 = 0.2). The range in d56Fe values measured for
magnetite in individual cores is less than that determined
by Whitehouse and Fedo (2007), who report significant
Fe isotope variations of up to 2‰ on the mm scale in
3.8 Ga BIFs from Isua, Greenland.

5. DISCUSSION

We divide our discussion into four parts. Our first focus
is on the likely Fe isotope compositions of marine hydro-
thermal Fe2þ

aq in the Archean, inasmuch as these composi-
tions define the d56Fe values of the primary source of Fe in
BIFs. Second, we address the constraints that fine-scale iso-
topic heterogeneity place on the degree to which the Fe iso-
tope compositions reflect equilibrium with seawater. Third,
oxidation and precipitation processes in the upper water
column are discussed in terms of the likely d56Fe values
of the Fe(OH)3 flux from the upper water column to the
ocean floor. Fourth, the Fe pathways and isotopic fractio-
nations involved in early diagenetic processes at or near the
sediment-water interface during BIF formation are dis-
cussed, with a focus on magnetite and siderite formation.
We conclude with a discussion of the factors that may have
led to large-scale magnetite and siderite formation in Ar-
chean and Early Proterozoic BIFs.

5.1. The isotopic composition of marine hydrothermal Fe2þ
aq

Constraining the Fe isotope composition of the marine
hydrothermal Fe2þ

aq flux (pathway 1, Fig. 1) is an impor-
tant first step in defining the expected range in d56Fe values
for the initial ferric oxide/hydroxide precipitates that
formed in the upper water column that are ultimately trans-
ported to the ocean floor. Although modern marine hydro-
thermal fluids have d56Fe values between �0.8‰ and
�0.1‰, the positive correlation between d56Fe and Fe con-
tent (Fig. 4A) indicates that the mass-weighted d56Fe value
of the modern marine hydrothermal flux lies closer to the
high end of this range at d56Fe = �0.23‰, based on the
data available. The higher Fe-content samples in modern
marine hydrothermal fluids presumably reflect higher
extents of oceanic crust dissolution and/or minimal fluid
evolution prior to exhalation. The lower d56Fe values for
low-Fe fluids in the modern oceans likely reflect near-vent
oxidation and precipitation upon exhalation (Severmann
et al., 2004; Chu et al., 2006), but in an anoxic, Fe2þ

aq-rich
Archean ocean, oxidation close to the vent should have
been minimal.

If marine hydrothermal fluxes were higher in the Arche-
an (e.g., Bau and Möller, 1993), reflecting higher heat flow,
we would expect greater extents of oceanic crust dissolution
than today, shifting the mass-weighted d56Fe values closer
toward the isotopic composition of bulk oceanic crust. Be-
cause fluid-mineral Fe isotope fractionation factors de-
crease with increasing temperature for oceanic crust
alteration reactions (Fig. 4B), a higher heat-flow regime in
the Archean would also shift the d56Fe values for marine



Fig. 3. Stratigraphic section of the Brockman Iron Formation illustrating BIF samples analyzed in this study, including selected annotated
core images. Stratigraphic section based on scaling the DDH-44 section that was analyzed to the type section of the Brockman Iron
Formation (Trendall and Blockley, 1970). Stratigraphic position of samples analyzed in this study (2-2, 3-3, 4-8, 6-2, 16-7, 18-2, 20-4, 30-9, 35-
9, and 37-11) is noted. Representative core images shown on right side of diagram for samples 2-2, 3-3, and 18-2. Samples 2-2 and 3-3 illustrate
fine-scale Fe isotope heterogeneity, which is most common for samples that have d56Fe values for magnetite less than zero. Sample 18-2
illustrates a core sample that has relatively homogeneous Fe isotope compositions, which are generally associated with samples that have
d56Fe values for magnetite that are near zero. The average d56FeMagnetite value for cores 2-2, 3-3, and 18-2 are �0.22 ± 0.28‰, �0.38 ± 0.37,
and 0.00 ± 0.09, respectively (all errors 1 SD). The average d56FeSiderite values for cores 2-2, 3-3, and 18-2 are �0.87 ± 0.34, �1.15 ± 0.43, and
�0.69 ± 0.11, respectively. All core images scaled to the same vertical and horizontal scale (1 cm scale noted in gray box). Sample numbers
and d56Fe values noted for magnetite (in gray boxes) and siderite.
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hydrothermal Fe2þ
aq toward zero. For simplicity, therefore,

we assume that the mass-weighted marine hydrothermal
Fe2þ

aq flux during BIF genesis had a d56Fe value of zero;
changing this by a few tenths per mil will not significantly
affect our conclusions.

5.2. Fine-scale isotopic heterogeneity: diagenesis or changes

in seawater?

Large changes in d56Fe values over short time intervals
are recorded in Late Archean and Early Proterozoic sedi-
mentary rocks, which lead Rouxel et al. (2005) and Anbar
and Rouxel (2007) to propose that the Fe isotope composi-
tions of seawater varied greatly in response to oxide precip-
itation in BIFs, or possibly oxides dispersed on continental
shelves. Our results provide a test of this proposal because
the depositional rates of the Hamersley Basin BIFs are
known from geochronology (Trendall et al., 2004), provid-
ing constraints on the timescales over which Fe isotope
compositions may have varied in Late Archean and Early
Proterozoic marine sedimentary environments. The tempo-
ral variation in d56Fe values measured for three closely-
spaced core samples of the Dales Gorge member of the
Brockman Iron Formation that represent �15 kyr of
deposition are compared in Fig. 5 with data from late
Quaternary marine sediments from the Rainbow vent site,
Mid-Atlantic Ridge (Severmann et al., 2004) that were
deposited over a similar time interval. Over the timescale
that this comparison represents, the hydrogenous Fe com-
ponents of the Rainbow sediments remain constant in their
d56Fe values (Fig. 5). In addition, the maximum rate of
change measured for Cenozoic Fe–Mn crusts (0.25‰/
100 kyr; Chu et al., 2006) is shown in Fig. 5, and over the
15 kyr depositional interval of the Rainbow sediments
and the BIF samples, the maximum observed rate of change
for Fe–Mn crusts produces negligible changes in d56Fe val-
ues. The relative constancy in d56Fe values for recent mar-
ine systems over �15 kyr stands in marked contrast to the



Fig. 4. Variations in d56Fe values and Fe contents (A) and exhalation temperatures (B) for modern marine hydrothermal vent fluids. Bulk
oceanic crust has d56Fe values that lie between �0.1 and +0.1‰ (Beard et al., 2003a; Rouxel et al., 2003; Poitrasson et al., 2004), and vent
fluids that have the highest Fe contents approach the Fe isotope composition of bulk oceanic crust. Most vent fluids that have been analyzed
for Fe isotope compositions have exhalation temperatures between 300 and 400 �C, and fluid-mineral fractionation factors in this temperature
range indicate that Fe2þ

aq in equilibrium with various secondary minerals (hematite, celadonite, and pyrite) should have modestly negative
d56Fe values, assuming these minerals have d56Fe of zero. Data from Beard et al. (2003b) and Severmann et al. (2004). Fluid-mineral
fractionation factors from Polyakov and Mineev (2000) and Schauble et al. (2001).

Fig. 5. Comparison of temporal Fe isotope variations in modern marine environments and three core samples from the Dales Gorge member
of the Brockman Iron Formation that reflect deposition over a 15 kyr period. Black dashed line represents data for modern hydrogenous
sediment from the Mid-Ocean Ridge hydrothermal plume at the Rainbow vent site shown for two cores (Severmann et al., 2004), where ages
are based on radiocarbon geochronology (top scale). Near-horizontal gray line represents the maximum rate of change in Fe isotope
compositions measured for Cenozoic Fe–Mn crusts, as plotted over the 15 kyr. interval, from the data of Chu et al. (2006) (age constraints
provided by 10Be; top scale). In contrast to the essentially invariant Fe isotope compositions over 15 kyr. from modern marine settings, Fe
isotope compositions of the Dales Gorge samples vary greatly for both magnetite and siderite. Relative time in years for the BIF samples
(lower scale) calculated relative to the base of the section using the deposition rates determined by Trendall et al. (2004). Also shown are Fe
isotope curves calculated for various Fe residence times, as described in Johnson et al. (2003), reflecting the response to an instantaneous 2‰
decrease in the input d56Fe values to seawater. Collectively, these relations, as well as the comparison of data from modern marine
environments to those of the 2.5 Ga BIFs, suggests that the wide range in d56Fe values in the BIFs cannot reflect changes in the Fe isotope
compositions of Late Archean or Early Proterozoic seawater.
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large variations in d56Fe values that are recorded by magne-
tite and siderite from the Dales Gorge BIF over a compara-
ble time span (Fig. 5).

The wide range in d56Fe values for the Dales Gorge BIFs
over short time intervals is opposite that predicted by the
longer Fe residence times expected for the Late Archean
and Early Proterozoic oceans if the BIFs directly reflect
the Fe isotope compositions of seawater. Rapid changes
in seawater d56Fe values can only occur if the Fe residence
times are short (<100 years), such as those estimated for the
modern oceans based on Fe concentrations (�0.01 ppm;
e.g., Rue and Bruland, 1995) and fluxes (�5 · 1012 mol/
yr; e.g., Canfield and Raiswell, 1999). Even in the modern
oceans, however, the relations in Fig. 5 suggest that mini-
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mal changes in d56Fe values for seawater occur over
�15 kyr timescales, so it seems unlikely that the range in
d56Fe values for the Dales Gorge BIF samples that have sig-
nificant isotopic heterogeneity directly reflect those of sea-
water. Archean seawater is estimated to have contained
between 2 and 50 ppm Fe (Ewers, 1983; Sumner, 1997;
Canfield, 2005), which would produce an Fe residence time
between 10,600 and 236,000 years, using the fluxes of Can-
field and Raiswell (1999). Similarly rapid changes in d56Fe
values may be inferred from data obtained on sedimentary
pyrite from the 2.7 Ga Belingwe sedimentary basin (Zimba-
bwe), where Archer and Vance (2006) noted that d56Fe val-
ues vary by 2‰ over a 10 cm interval. It therefore seems
likely that the large range in d56Fe values in Late Archean
and Early Proterozoic BIFs and other sedimentary rocks
and sulfides reflects a strong early diagenetic component,
particularly for samples that have fine-scale isotopic
variability.

The Fe isotope compositions of magnetite and siderite
from adjacent bands (generally <1 cm apart) indicate that
these minerals did not generally form in Fe isotope equilib-
rium (Fig. 6). Magnetite and siderite that formed in Fe iso-
tope equilibrium at room temperature should lie along a
magnetite–siderite fractionation line of +1.8‰ (Wiesli
et al., 2004; Johnson et al., 2005), but this is not the case
for any of the adjacent magnetite–siderite bands in the BIFs
from the Hamersley Basin or Transvaal Craton (Fig. 6). In
addition, the d56Fe values calculated for Fe2þ

aq based on
fluid-mineral fractionation factors are significantly different
than those estimated for Archean seawater (Fig. 6). A num-
ber of siderites have calculated d56Fe values for Fe2þ

aq that lie
Fig. 6. Comparison of Fe isotope compositions of magnetite and sider
Hamersley Basin (this study) and Transvaal Craton (Johnson et al., 2003)
equilibrium with magnetite and siderite, using the magnetite–Fe2þ

aq frac
fractionation factor from Wiesli et al. (2004); combined, these predict a
magnetite-siderite pairs plot along this line, indicating that they did n
magnetite–ankerite fractionation line will lie to the right of the magnetit
et al., 2005).
near-zero, which overlaps the estimates for Archean seawa-
ter, but the d56Fe values calculated for Fe2þ

aq based on mag-
netite are significantly lower in almost all cases.

The lack of apparent low-temperature Fe isotope equilib-
rium is probably not due to metamorphism or burial diagen-
esis. Although isotopic equilibration at higher temperatures
would decrease the magnetite–siderite Fe isotope fraction-
ation, temperatures in excess of 400 �C would be required
to produce the average magnetite–siderite fractionation of
+0.5‰ to +0.6‰ (Polyakov and Mineev, 2000; Polyakov
et al., 2007), which is inconsistent with the low grades of
metamorphism of the Hamersley Basin samples (Kaufman
et al., 1990), as well as the Transvaal Craton samples (Miy-
ano and Beukes, 1984). It is important to note that many of
the Fe carbonates analyzed are ankeritic, based on electron
microprobe and bulk chemical analyses of other samples
from the same core (Klein and Beukes, 1989; Kaufman
et al., 1990); to the degree that the magnetite–carbonate
pairs in Fig. 6 include ankerite, isotopic disequilibrium is
even more pronounced because Ca substitution increases
the magnetite–Fe carbonate fractionation factor (Polyakov
and Mineev, 2000; Johnson et al., 2005).

The offset in the array of d56Fe values for magnetite and
siderite relative to that expected for isotopic equilibrium is
interpreted to reflect the combined effects of partial isotopic
equilibrium and the isotopic composition of the Fe that was
transported to individual layers. If, for example, the d56Fe
values of siderite and magnetite from adjacent bands were
entirely controlled by the isotopic compositions of the Fe
that was transported to these layers, the data should fall
along a 1:1 line in Fig. 6, assuming that the d56Fe values
ite from adjacent bands (generally <1 cm apart) in BIFs from the
. Also shown are calculated d56Fe values for Fe2þ

aq that would be in
tionation factor from Johnson et al. (2005) and the siderite–Fe2þ

aq

magnetite–siderite fractionation factor of +1.8‰, but none of the
ot form in isotopic equilibrium, nor from a common fluid. The
e–siderite fractionation line (Polyakov and Mineev, 2000; Johnson
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for the delivered Fe was the same for adjacent bands. That
the data scatter between a 1:1 line and the line that reflects
isotopic equilibrium indicates that any model proposed to
explain the Fe isotope compositions of the 2.5 Ga BIFs
from the Hamersley Basin and Transvaal Craton must in-
clude pathway-dependent processes, as well as equilibrium
processes.

5.3. Oxidation and precipitation in the upper water column

It is generally accepted that the 2.5 Ga Hamersley and
Transvaal BIFs were deposited in a marine basin that was
stratified with respect to Fe2þ

aq contents (e.g., Klein and
Beukes, 1989; Beukes et al., 1990; Morris, 1993). Well-ex-
posed facies changes in the Transvaal Craton are inter-
preted to record lateral changes in the depth of marine
deposition, where Ca–Mg carbonates of the Campbellrand
Supergroup that underlie the Kuruman and Griquatown
iron formations are interpreted to reflect deposition in shal-
Fig. 7. Flow-through box model illustrating the effects of oxidation a
illustrates the influx (hydrothermal Fe2þ

aq from below the chemocline) and
be equal, producing steady-state conditions in terms of Fe concentrations
of time, for Fe(OH)3 precipitate and Fe2þ

aq above the chemocline. Mode
Fe(OH)3 precipitate is maintained (model is not analogous to Rayleigh fr
in seawater above the chemocline is short, the d56Fe values of the Fe(OH)
hydrothermal Fe2þ

aq; at this point, the d56Fe value of Fe(OH)3 precipitate
Although the d56Fe values for Fe2þ

aq above the chemocline will be strongl
of Fe delivered to the site of BIF deposition in the deep oceans.
low waters of low Fe2þ
aq content, followed by a transgres-

sive marine sequence that involved deposition of iron
formations below wave base in Fe2þ

aq-rich seawater (Beu-
kes, 1984; Beukes et al., 1990). Although such facies
changes are not observed in the Hamersley Basin, the close
similarity of the 2.5 Ga Hamersley and Transvaal BIFs
(Pickard, 2003) suggests that the Transvaal model of an
ocean that was vertically stratified in Fe2þ

aq contents is
applicable to the Hamersley Basin. In such a model, ascend-
ing Fe2þ

aq-rich hydrothermal fluids will become oxidized
above the chemocline, inducing precipitation of ferric
oxide/hydroxides (Fig. 1). Ferric oxide/hydroxides that
formed in the upper water column comprise important pre-
cursors to minerals such as magnetite that were produced
during early diagenesis near the sediment-water interface
(e.g., Klein, 2005).

The flow-through box-model equations used by Chu
et al. (2006), which were adapted from those in DePaolo
(1981), and presented below, allow calculation of the
nd precipitation of Fe2þ
aq above the chemocline. Schematic (A)

outflux (ferric oxide/hydroxide precipitates), which are assumed to
above the chemocline. Variations in d56Fe values (B) as a function

l assumes equilibrium Fe isotope fractionation between Fe2þ
aq and

actionation). Calculations demonstrate that if the Fe residence time

3 precipitates will rapidly move toward the d56Fe value of the input
s will be independent of the FeðOHÞ3 � Fe2þ

aq fractionation factor.
y affected in this model, this reservoir does not affect the d56Fe value
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d56Fe values of seawater in the Fe2þ
aq-poor upper water

column above the chemocline, as well as the Fe isotope
compositions of the ferric oxide/hydroxide precipitates.
We will assume steady-state conditions, where the upwell-
ing hydrothermal Fe flux is equal to the outgoing ferric
oxide/hydroxide precipitate flux that settles to the Fe2þ

aq-
rich zone beneath the chemocline (Fig. 7A). We define the
Fe residence time for seawater above the chemocline as:

s ¼MSW=J ¼MSW=ðMIN=tÞ ¼MSW=ðMOUT=tÞ ð6Þ

where MSW equals the total molar Fe inventory of seawater
above the chemocline, J is the Fe flux (moles/time), MIN is
the molar Fe concentration of the incoming hydrothermal
Fe flux, MOUT is the molar Fe concentration of the outgo-
ing Fe(OH)3 precipitate flux, and t is time. The d56Fe values
of seawater above the chemocline, using the equations of
Chu et al. (2006) and the residence time defined above,
are given by:

d56FeSW ¼ d56FeIN � D56FeFeðOHÞ3�Fe2þ
aq
½1� eð�t=sÞ� ð7Þ

where d56FeIN is the Fe isotope composition of the influx
and D56FeFeðOHÞ3�Fe2þ

aq
is the FeðOHÞ3 � Fe2þ

aq fractionation
factor. The instantaneous d56Fe value for the Fe(OH)3 pre-
cipitate is given by:

d56FeFeðOHÞ3 ¼ D56FeFeðOHÞ3�Fe2þ
aq
þ d56FeSW ð8Þ

We assume d56FeIN = 0, based on the discussion above
that Archean marine hydrothermal fluids likely had d56Fe
values that were similar to those of bulk oceanic crust,
and the FeðOHÞ3 � Fe2þ

aq fractionation factor is taken as
+1.5‰, based on experimental studies (Beard and Johnson,
2004). Riverine input to seawater above the chemocline un-
der anoxic conditions will likely have d56Fe values near the
average of igneous rocks, given the fact that weathering un-
der such conditions produces no significant redox change
(Yamaguchi et al., 2005). Dissolved riverine input under
an oxic atmosphere has variable d56Fe values between
� � 1‰ and +0.2‰ (Fantle and DePaolo, 2004; Bergquist
and Boyle, 2006). The dissolved riverine Fe flux into the
oceans under an oxic atmosphere, however, is at least an or-
der of magnitude lower than the marine hydrothermal Fe
flux (e.g., Stein and Stein, 1995; Berner and Berner, 1996),
and so riverine input can be ignored in our model. The
atmospheric Fe flux via dust delivery to the oceans will have
d56Fe values near-zero (Beard et al., 2003b), and so can also
be ignored.

The calculations demonstrate that after the residence
time is exceeded by approximately a factor of 5, the d56Fe
value of the ferric oxide/hydroxide precipitates will equal
that of the incoming hydrothermal Fe2þ

aq (Fig. 7B), indi-
cating that the d56Fe values of the ferric oxide/hydroxide
‘‘rain’’ will be independent of the FeðOHÞ3 � Fe2þ

aq frac-
tionation factor once the residence time is significantly ex-
ceeded. In terms of BIF genesis, the important conclusion
of the calculations illustrated in Fig. 7 lies in the fact that
the ferric oxide/hydroxide precipitates which will settle to
the site of BIF formation will tend to have d56Fe values
equal to those of the marine hydrothermal Fe2þ

aq sources,
assuming that essentially complete oxidation and precipita-
tion occurred above the chemocline. Finally, we note that a
vertical gradient in Fe residence times may be modeled
using multiple boxes, but this does not affect the end result
if complete oxidation occurs.
5.4. Iron pathways during magnetite formation

We consider three pathways of magnetite formation
during diagenesis: (1) addition of limited quantities of
Fe2þ

aq to the initial ferric oxide/hydroxide precipitates, (2)
formation of magnetite in the presence of excess Fe2þ

aq,
and (3) formation of magnetite by DIR. Reduction of the
initial ferric oxide/hydroxide precipitates through addition
of electrons by sulfide (e.g., Poulton et al., 2004) or abiolog-
ic oxidation of organic carbon (e.g., Perry et al., 1973) can
be rejected for the Hamersley–Transvaal BIFs. Sulfides are
very rare in the magnetite layers, indicating that little sul-
fide was present. Addition of electrons through abiologic
oxidation of organic carbon is unlikely for BIFs that have
not been significantly metamorphosed, such as those in
the current study, because abiologic reduction of Fe3+ cou-
pled to oxidation of organic carbon is not significant, even
up to 120 �C (Lovley et al., 1991). Moreover, the d13C val-
ues for organic carbon in oxide-facies BIFs are generally
10–15‰ higher than those for organic carbon from related
shales and iron-poor carbonates (e.g., Beukes et al., 1990),
which is opposite of the trend that is predicted for abiologic
oxidation of organic carbon accompanied by CO2 loss (see
discussion in Johnson et al., 2003).

5.4.1. Iron addition

Addition of Fe2+ to ferric oxide/hydroxide follows com-
mon models for magnetite formation in BIFs that involve
settling of ferric oxide/hydroxides into Fe2þ

aq-rich anoxic
bottom waters, followed by reaction to form magnetite
(Klein, 2005). Addition of just enough Fe2+ to ferric
oxide/hydroxide to make magnetite may be considered an
‘‘Fe2þ

aq limited’’ case and would involve simple mixing in
the 2:1 Fe3+:Fe2+ stoichiometric proportions of magnetite;
these relations are shown as the two high-angle lines in
Fig. 8 for two d56Fe values for the initial ferric oxide/
hydroxides. The near-zero peak in d56Fe values of magne-
tite (Fig. 8A) can be produced through addition of Fe2+

from seawater (d56Fe = 0‰) to ferric oxide/hydroxide that
also had d56Fe = 0‰ (Fig. 8). In this model, magnetite that
has d56Fe > 0 would reflect inheritance from ferric oxide/
hydroxides that formed through partial oxidation of
Fe2þ

aq. Magnetite that has negative d56Fe values, however,
requires addition of Fe2þ

aq that has very low d56Fe values,
generally between �1.0‰ and �3.0‰ (Fig. 8).

5.4.2. Excess aqueous iron

The isotopic compositions of magnetite that formed in
isotopic equilibrium in the presence of excess Fe2þ

aq will
be constrained by the equilibrium magnetite–Fe2þ

aq frac-
tionation factor, which is shown as the low-angle line in
Fig. 8. It is possible that excess Fe2þ

aq was present, given
the water-rich nature of the primary BIF sediment (Tren-
dall and Blockley, 1970), and the fact that siderite is inti-
mately associated with magnetite (e.g., Klein, 2005).
Justification for assuming isotopic equilibrium between



Fig. 8. Comparison of the distribution of Fe isotope compositions
for magnetite from the Hamersley–Transvaal BIFs (A) with
sources of Fe2þ

aq (B) that are required to produce the measured
d56Fe values for magnetite by various pathways. The range in d56Fe
values for Fe2þ

aq that is required to produce magnetite through
mixing in the stoichiometric 2:1 Fe3+:Fe2+ proportions of magne-
tite (‘‘Fe2+ addition’’) is shown by the high-angle lines (B) for two
different d56Fe values for the Fe3+ component (oxide). Calculated
d56Fe values for Fe2þ

aq that would correspond with measured d56Fe
values for magnetite (squares and circles) are plotted along these
mixing lines to illustrate the distribution of data. Assuming a d56Fe
value of zero for Fe2+, the near-zero to positive d56Fe values for
magnetite can be produced using Fe3+ oxides that had d56Fe = 0 to
+1.5‰; magnetite that has negative d56Fe values can only be
produced using Fe2+ that has negative d56Fe values, such as Fe2þ

aq

from natural diagenetic pore fluids where DIR is active (Bergquist
and Boyle, 2006; Severmann et al., 2006). The low-angle line shows
the range in d56Fe values for Fe2þ

aq that would be in isotopic
equilibrium with magnetite of varying d56Fe value, using a
magnetite–Fe2þ

aq fractionation factor of �1.3‰ (Johnson et al.,
2005); measured data plotted along the equilibrium line are shown
in diamonds. If seawater Fe2þ

aq had d56Fe values near zero (see
text), only a few of the magnetites that have the highest d56Fe
values would be in Fe isotope equilibrium with seawater.
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Fe2þ
aq and magnetite comes from experimental work that

demonstrates attainment of isotopic equilibrium between
Fe2þ

aq and fine-grained magnetite (<100 nm) within �2
weeks at room temperature (Johnson et al., 2005). In the
case of equilibrium with excess Fe2þ

aq, however, only mag-
netite that has the highest d56Fe values (�+1.0‰) would be
in isotopic equilibrium with seawater Fe2+ (Figs. 6 and 8),
which seems improbable. If equilibrium with excess Fe2þ

aq

is assumed, the peak in d56Fe values for magnetite at
d56Fe = 0‰ would imply equilibrium with Fe2þ

aq that
had a d56Fe value of �1.3‰ (Figs. 6 and 8), where the great
abundance of magnetite of these compositions suggests a
very large Fe2þ

aq reservoir that has negative d56Fe values.
Finally, magnetite that has d56Fe < 0‰ would require ex-
change with Fe2þ

aq that had very low d56Fe values in the
equilibrium model, down to � � 2.5‰ (Figs. 6 and 8).

Our preferred model is that d56FeMagnetite P 0‰ reflects
a significant inheritance in the isotopic compositions of pre-
cursor ferric oxide/hydroxide precipitates, followed by con-
version to magnetite through interaction with seawater Fe2+,
dissimilatory Fe3+ reduction (DIR), or a combination of
the two. Although mixing seawater Fe2þ

aq of d56Fe = 0 with
ferric oxide/hydroxides that had d56Fe = 0 seems the most
likely explanation for the near-zero peak in d56FeMagnetite

values, we cannot distinguish this model from complete
conversion of ferric oxide/hydroxides to magnetite by
DIR under Fe2þ

aq-limited conditions based on Fe isotopes
alone. If complete conversion occurs, the d56Fe values of
magnetite produced by DIR may be identical to those of
the ferric oxide/hydroxide precursors if Fe2þ

aq contents
are relatively low, as demanded by mass-balance constraints
(Johnson et al., 2005). Aqueous Fe2+ contents are generally
low after complete conversion of ferric oxide/hydroxides to
magnetite during DIR because the remaining inventory of
Fe3+ becomes inaccessible to DIR once it is sequestered
in magnetite, preventing further reduction (Kostka and
Nealson, 1995). Distinguishing between production of mag-
netite that has near-zero d56Fe values through addition of
seawater Fe2þ

aq from complete conversion of ferric oxide/
hydroxides by DIR may be possible using O isotopes, given
the distinct O isotope compositions that might exist
between seawater and the diagenetic pore fluids that would
be associated with DIR, particularly pore fluids that might
have been associated with silica precipitation.
5.4.3. Role of bacteria in producing low-d56Fe magnetite

In all pathways considered, d56FeMagnetite < 0‰ requires
addition or exchange with very low-d56Fe Fe2þ

aq. That low-
d56FeMagnetite values are most common in cores that have
the greatest isotopic heterogeneity suggests that the low-
d56Fe component was a diagenetic fluid. We argue based
on extensive experimental studies that coupled electron-Fe
atom exchange during partial Fe3+ oxide reduction by
DIR is the most likely means to produce Fe2þ

aq that had
low d56Fe values (Beard et al., 1999, 2003a; Crosby et al.,
2005, 2007; Johnson et al., 2005). Low d56Fe values have
been measured for Fe2þ

aq in diagenetic pore fluids in mod-
ern marine sediments where DIR is active (Bergquist and
Boyle, 2006; Severmann et al., 2006). The low d56Fe values
for Fe2þ

aq produced by DIR in experiments are generally
associated with <10% reduction, and a steady-state condi-
tion of partial reduction seems likely to have been sustained
by a continual flux of ferric oxide/hydroxide ‘‘rain’’, as well
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as organic carbon from photosynthesis in the upper water
column, during the entire interval of BIF deposition. We
envision a heterogeneous sediment section in which low-
d56Fe Fe2þ

aq produced by DIR is transported to other sed-
iment sections to explain the entire range in d56Fe values.
This concept is entirely consistent with the fine-scale Fe iso-
tope heterogeneity that is observed in the BIFs (this study)
and in modern marine sediments where DIR is active (Sev-
ermann et al., 2006). Moreover, the decreasing abundance
in d56FeMagnetite values that are most negative, implying a
decreasing abundance of the lowest-d56Fe Fe2þ

aq (Fig. 8),
is exactly what is observed in experiments and natural sys-
tems where DIR occurs (Severmann et al., 2006; Crosby
et al., 2007), where the lowest Fe2þ

aq contents produced
at small extents of reduction have the lowest d56Fe values.
In this regard, magnetite that has high-d56Fe values may
not necessarily reflect partial oxidation in the upper water
column, but may instead reflect the high-d56Fe oxide com-
ponent that is produced by DIR (Crosby et al., 2007); res-
olution of these different interpretations must await further
study.
Fig. 9. Histograms of d56Fe values for magnetite from the
Hamersley–Transvaal BIFs, divided by interpretation of magnetite
genesis. Magnetite that has d56Fe = 0 to +1.0‰ is interpreted to
have inherited its Fe isotope composition from precursor ferric
oxide/hydroxides, followed by conversion to magnetite via inter-
action with hydrothermal Fe2þ

aq (d56Fe = 0), or, possibly, DIR.
Magnetite that has negative d56Fe values requires interaction with
low-d56Fe Fe2þ

aq, which was most likely produced by DIR.
We summarize our interpretation for the distribution of
d56Fe values for magnetite in Fig. 9. Magnetite that belongs
to group A may reflect addition of hydrothermal Fe2þ

aq to
Fe(OH)3 that was produced by complete or near-complete
oxidation in the upper water column. Alternatively, these
compositions may be produced by complete bacterial
Fe(III) reduction. Magnetite that had d56Fe > 0 may also
reflect the oxide residue produced by DIR. Magnetite that
has d56Fe < 0 (group A in Fig. 9) formed by DIR in the
presence of excess Fe2þ

aq, or through addition of low-
d56Fe Fe2þ

aq that was produced by DIR to precursor ferric
oxide/hydroxides.

There are alternative explanations for producing low-
d56Fe aqueous Fe2+ other than DIR. Several studies have
proposed that sorption of Fe2+ to ferric oxide/hydroxides
can produce Fe2þ

aq that has low d56Fe values, as inferred
from measurements of modern groundwater during rapid
oxygen-injection experiments (Teutsch et al., 2005), or indi-
rect inference in experiment (Icopini et al., 2004). Extensive
oxidation of Fe2þ

aq, followed by removal of high-d56Fe oxi-
des, will produce low-d56Fe values in the remaining Fe2þ

aq

(Bullen et al., 2001). Abiologic dissolution of oxide and sil-
icate minerals by organic ligands has been shown to pro-
duce low-d56Fe aqueous Fe (Brantley et al., 2004;
Wiederhold et al., 2006). In none of these processes, how-
ever, are large quantities of low-d56Fe aqueous Fe pro-
duced, making them difficult to invoke as an explanation
for the large inventory of low-d56Fe BIFs and shales of Late
Archean and Early Proterozoic age (Johnson et al., in
press). The quantities of aqueous Fe that have negative
d56Fe values that are produced by sorption, oxidation and
precipitation, or abiologic dissolution of oxides or silicates
are two to five orders-of-magnitude lower than those pro-
duced by DIR (Johnson et al., in press). We conclude,
therefore, that at a minimum, DIR is required to explain
magnetite that has negative d56Fe values, and, depending
upon the specific iron pathways, virtually the entire inven-
tory of magnetite in the Hamersley–Transvaal BIFs could
have been produced through DIR (Fig. 9).
5.5. Iron pathways during siderite formation

The frequency distribution of d56Fe values for siderite
suggests two peaks, one at � � 0.5‰ and a second at
�0.0‰ (Fig. 10). The peak in d56Fe values for siderite at
�0.5‰ coincides with d56Fe = 0‰ for Fe2þ

aq, using the
Fe2þ

aq–siderite fractionation factor from Wiesli et al.
(2004) (group A in Fig. 10). This may indicate that many
siderites formed in Fe isotope equilibrium with seawater
Fe2+, which stands in marked contrast to the conclusions
reached for magnetite in the presence of excess Fe2+, where
only the few highly positive d56FeMagnetite values could re-
flect equilibrium with seawater. The secondary peak at
d56FeSiderite = 0.0‰ would correspond to a d56Fe value
for Fe2þ

aq of +0.5‰, assuming equilibrium Fe2þ
aq–siderite

fractionation (group B in Fig. 10); this is significantly high-
er than any estimate of seawater d56Fe values, which should
have been equal to or less than zero, as discussed above. If a
Fe2þ

aq–ankerite fractionation factor is used (Polyakov and
Mineev, 2000; Johnson et al., 2005), the calculated d56Fe



Fig. 10. Histograms of d56Fe values for siderite from the Hamers-
ley-Transvaal BIFs, grouped by interpretation of siderite genesis.
The main peak about d56FeSiderite = �0.5‰ (top) is interpreted to
reflect formation in Fe isotope equilibrium with seawater. The
secondary peak at d56FeSiderite = 0‰ (upper middle) may be
explained through inheritance from ferric oxide/hydroxide precur-
sors, followed by complete reduction to siderite by DIR. Siderite
that has d56Fe < �0.5‰ (lower middle) may be explained through
isotopic exchange with low-d56Fe Fe2þ

aq, or may reflect the effects
of Ca substitution.
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values for seawater Fe2þ
aq will become even higher. Based

on these constraints, we interpret the distribution of d56Fe
values for siderite to reflect three Fe pathways (Fig. 10):

(1) Siderites that belong to the main peak of d56FeSiderite

� �0.5‰ reflect isotopic equilibration with seawater
(group A of Fig. 10). This might reflect direct
precipitation in the water column or precipitation
just beneath the sediment-water interface if Fe2þ
aq

in pore fluids were in isotopic equilibrium with the
overlying seawater.

(2) For siderites that belong to the secondary peak at
d56FeSiderite � 0‰, and for d56FeSiderite > 0‰ (group
B in Fig. 10), the range in Fe isotope compositions
seems best explained through inheritance from ferric
oxide/hydroxide precursors, followed by complete
reduction by DIR. Siderites that have this range in
isotopic compositions did not form in equilibrium
with seawater. The distribution of d56Fe values for
this group is similar to that predicted for precursor
ferric oxide/hydroxides that were produced by com-
plete or near-complete oxidation, which should have
d56Fe � 0‰, but may have a few values where
d56Fe > 0 that reflect partial oxidation. Complete
conversion of oxide/hydroxide precursors to siderite
would preserve this Fe isotope distribution.

(3) Siderites that have d56Fe values significantly less than
�0.5‰ may be explained through equilibration with
excess Fe2þ

aq that had negative d56Fe values (group C
in Fig. 10), as might be produced by DIR. Alterna-
tively, these low d56FeSiderite values could reflect the
effects of alkaline-earth substitution, given the
increase in Fe2þ

aq–Fe carbonate fractionation upon
Ca substitution relative to siderite (Polyakov and
Mineev, 2000; Johnson et al., 2005), and hence could
have formed in isotopic equilibrium with seawater.

Support for a model where siderite formation reflects
variable contributions from biologic and abiologic path-
ways comes from carbon abundances and isotope composi-
tions. Konhauser et al. (2005) calculated the possible Fe
and C fluxes that may have been associated with microbial
oxidation and reduction during BIF genesis, and concluded
that anaerobic photosynthesis in the upper water column
could have supplied the organic carbon and Fe3+ fluxes re-
quired to produce the measured inventory of magnetite and
siderite by DIR. Support for a biological role in siderite for-
mation comes from the fact that siderite in BIFs have d13C
values that range down to �15‰, much lower than the
near-zero values of related Ca–Mg carbonates (Fig. 11).
Although Becker and Clayton (1972) and Baur et al.
(1985) interpreted such low d13C values to reflect biological
sources of carbon during siderite formation, at the time
experimental data for C isotope fractionation during bacte-
rial redox transformations were not yet available.

Recent experimental studies on C isotope fractionation
produced by DIR, however (Romanek et al., 2003), indicate
that carbonate produced by oxidation of organic carbon via
DIR would be expected to produce d13C values for carbon-
ate of � � 15‰ to �25‰, assuming organic carbon had a
d13C value of �20‰ to �30‰ (Fig. 11). Because d13C val-
ues for Fe-rich carbonates from the 2.5 Ga BIFs of the
Transvaal Craton generally decrease with increasing Fe
contents (Fig. 11), the range in d13C values may be ex-
plained as mixtures between seawater carbonate (d13C
�0.0‰) and carbonate that formed via DIR (d13C
� � 15‰ to �25‰). Some scatter in d13C–Fe content rela-
tions is expected in such a model, given the range in carbon-



Fig. 11. Variations in d13C values for Fe-bearing carbonates from the Kuruman and Griquatown iron formations, Transvaal Craton (South
Africa), relative to Fe contents. Carbon isotope compositions and Fe contents from Beukes et al. (1990), Beukes and Klein (1990), and
Kaufman (1996). The range in d13C values cannot be explained by differences in C isotope fractionations for calcite and siderite (Jimenez-
Lopez et al., 2001; Jimenez-Lopez and Romanek, 2004), but are instead interpreted to reflect mixtures between low-Fe carbonates that formed
in C isotope equilibrium with seawater carbonate and Fe-rich carbonates that formed by DIR. The range in d13C values measured for the
Kuruman and Griquatown iron formations overlaps that measured in core DDH-44 for the Dales Gorge member of the Brockman Iron
Formation in the Hamersley Basin, Australia (Kaufman et al., 1990), although Fe contents are not available for the Brockman samples and so
are not plotted in the figure. Data includes samples from the AD-5 and CN-109 cores that were also analyzed for Fe isotope compositions
(Johnson et al., 2003), although the same samples were not analyzed for C and Fe isotope compositions.
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ate stoichiometry of Fe-rich carbonates in BIFs, which in-
clude compositions that lie along the siderite–magnesite
and ankerite–dolomite solid solutions (Klein and Beukes,
1989). This interpretation contrasts with that of Beukes
et al. (1990), who argued that the moderately negative
d13C values for siderite reflected hydrothermal carbon
sources. The contrast in d13C values for siderite and Ca–
Mg carbonates in BIFs cannot be explained by intrinsic dif-
ferences in fractionation factors, which predict at most
�0.5‰ differences between siderite and calcite at room tem-
perature (Jimenez-Lopez et al., 2001; Jimenez-Lopez and
Romanek, 2004). Although C and Fe isotopes have yet to
be measured on the same carbonate samples, such an ap-
proach would provide a test of this model.

5.6. Late Archean to Early Proterozoic BIF formation: a

record of DIR in earth’s history?

The important role we infer for DIR in magnetite and
siderite genesis in the Hamersley–Transvaal BIFs based
on Fe and C isotope data contrasts with the paucity of these
minerals in modern coastal marine environments where
DIR is active. Several factors may explain this discrepancy:
(1) DIR during BIF formation would have been enhanced
relative to modern coastal marine systems because delivery
of reactive ferric oxide/hydroxides was not diluted by sig-
nificant clastic input, based on the very low Al contents
of oxide- and siderite-facies BIFs (Klein, 2005); (2) siderite
production in modern environments is enhanced when bac-
terial sulfate reduction (BSR) is minor (Coleman, 1993),
and low BSR activity at 2.5 Ga (Canfield, 2001) would sim-
ilarly be expected to favor siderite formation; and (3) mag-
netite produced by DIR would be more likely to be
preserved in 2.5 Ga marine sediments in contrast to modern
environments because currently high BSR activity produces
sulfide that readily destroys authigenic and detrital magne-
tite (Karlin and Levi, 1983). It is important to note that
although dissolved silica was much higher during BIF for-
mation as compared to today (Siever, 1992), silica does
not inhibit Fe(III) reduction rates for DIR that utilizes fer-
rihydrite as the terminal electron acceptor (Kukkadapu
et al., 2004). We conclude that the mineralogical record
for DIR, magnetite and siderite, is likely to be well pre-
served in the Archean record, particularly in rocks that
have low clastic contents such as BIFs or other chemical
sediments. Low BSR activity would have provided an
advantage to DIR because sulfide scavenging of reactive
Fe3+ would have been minimal. Moreover, low sulfide con-
tents would have allowed preservation of biogenic magne-
tite and siderite. The low organic carbon contents and the
lack of preserved microfossils in BIFs remain a puzzle,
but this may reflect efficient conversion to CO2 during
DIR, as well as expulsion of large volumes of fluid during
compaction (Trendall and Blockley, 1970) that may have
carried away organic matter from the compacting sediment.

The negative d56Fe values measured in the 2.5 Ga
Hamersley–Transvaal BIFs overlap the range measured
for pyrite and black shales of �2.9 to �2.4 Ga age (Rouxel
et al., 2005; Yamaguchi et al., 2005; Archer and Vance,
2006). Yamaguchi et al. (2005) and Archer and Vance
(2006) suggested that the negative d56Fe values reflected
DIR, whereas Rouxel et al. (2005) preferred extensive oxi-
dation of Fe2þ

aq to explain the negative d56Fe values. Based
on correlations among d13C, d34S, D33S, and d56Fe values
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for the Late Archean and Early Proterozoic sedimentary
rock record, as well as consideration of experimental data
from abiological and biological systems, Johnson et al. (in
press) argued that a major expansion of DIR occurred be-
tween �3.1 and �2.4 Ga, where the Hamersley–Transvaal
BIF deposition occurred near the end of this expansion.
6. SUMMARY AND CONCLUSIONS

The sensitivity of Fe isotopes to redox changes and ex-
tent of reaction provides a direct means for tracing the Fe
sources and pathways involved in banded iron formation
(BIF) genesis. When coupled to constraints imposed by
mass-balance models and experimentally determined isoto-
pic fractionation factors, the Fe isotope data provide the
following insights into formation of the extensive 2.5 Ga
Hamersley–Transvaal BIFs:

(1) Magnetite did not form in isotopic equilibrium with
seawater Fe. Instead, the majority of magnetite,
which has near-zero d56Fe values, directly inherited
its Fe isotope compositions from ferric oxide/hydrox-
ide precursors that formed by complete- or
near-complete oxidation of hydrothermal Fe2þ

aq,
confirming proposed Fe sources based on REE
contents, but also pointing to the presence of a signif-
icant oxidant in the upper water column. The oxidant
need not have been atmospheric O2, but could have
involved anaerobic photosynthesis (e.g., Widdel
et al., 1993). Recent experiments suggest that UV-
photo oxidation in natural seawater compositions
may be less likely than previously thought (Konhaus-
er et al., 2007). Conversion to magnetite that has
near-zero or positive d56Fe values probably occurred
through interaction of precursor ferric oxide/hydrox-
ides with hydrothermal Fe2þ

aq in the anoxic deep
marine environments of BIF deposition; it is also
possible that conversion occurred via dissimilatory
Fe3+ reduction (DIR) by bacteria, which, in the
absence of excess Fe2þ

aq, would produce d56Fe values
for magnetite that match those of the precursor ferric
oxide/hydroxides.

(2) The genesis of magnetite that has negative d56Fe
values must have involved low-d56Fe aqueous
Fe2+, regardless of the Fe pathway (limited Fe2+

addition; equilibrium with excess Fe2þ
aq). Produc-

tion of low-d56Fe aqueous Fe2+ at the site of BIF
deposition near the sediment-water interface, which
was relatively anoxic, could not have involved
extensive ferric oxide/hydroxide precipitation or
sorption of Fe2+. Instead we infer a major role for
DIR to generate low-d56Fe Fe2þ

aq through partial
reduction of the ferric oxide/hydroxide ‘‘rain’’ from
the upper water column; continuous oxidative pro-
cesses in the upper water column, which probably
involved photosynthesis, supplied the flux of ferric
oxide/hydroxides and organic carbon required to
sustain a steady-state condition of partial reduction
by DIR in the deep marine environments where BIF
deposition occurred.
(3) Siderite did not form in Fe isotope equilibrium with
magnetite that was deposited in adjacent bands,
pointing to distinct Fe pathways for these minerals.
Many siderites have d56Fe values that cluster about
�0.5‰, and these likely formed in isotopic equilib-
rium with seawater Fe; this conclusion stands in
marked contrast to the observation that magnetite
did not form in Fe isotope equilibrium with seawater.
The mass balance for these mildly negative d56Fe val-
ues would have come from the much larger seawater
Fe reservoir. A second cluster of Fe isotope composi-
tions for siderite is centered at d56Fe � 0‰, which
cannot reflect isotopic equilibrium with seawater.
Instead, these siderites are interpreted to have inher-
ited their Fe isotope compositions from precursor
ferric oxide/hydroxides via complete reduction by
DIR, and support for a major role for DIR in siderite
formation lies in C isotope data. Finally, siderite that
has d56Fe < �0.5‰ may reflect interaction with
Fe2þ

aq that had low d56Fe values, or, more likely,
the isotopic effects of Ca substitution.

The alternation of Fe-rich and Fe-poor layers in BIFs
has been ascribed to seasonal variations (e.g., Trendall
and Blockley, 1970), where differences in Fe input may have
been caused by variations in hydrothermal input (e.g., Mor-
ris, 1993) or differences in ferric oxide/hydroxide fluxes
from the upper water column as a function of seasonal vari-
ations in photosynthesis (e.g., Cloud, 1973). The major role
inferred for DIR in genesis of the 2.5 Ga Hamersley–Trans-
vaal BIFs suggests that variations in the ferric oxide/
hydroxide flux to the deep ocean may be the primary con-
trolling factor for banding, at least in the Hamersley–
Transvaal BIFs. Several factors may have promoted DIR.
Juxtaposition of oxidized and reduced marine environ-
ments provided a redox contrast that simultaneously sup-
plied large quantities of ferric oxide/hydroxides and
extensive anaerobic environments to support DIR. The evi-
dence that oxidation was extensive in the upper water col-
umn, as indicated by the histogram peaks about
d56FeMagnetite and d56FeSiderite � 0‰ that is interpreted to
reflect inheritance from ferric oxide/hydroxide precipitates,
is important, because without large quantities of Fe3+, DIR
could not occur. The very low clastic sediment input, as well
as low rates of bacterial sulfate reduction, at least locally,
enhanced conditions required to support DIR and pre-
served magnetite and siderite products. When compared
to earlier BIFs, such as the 3.8 Ga sequences of the Isua
Supracrustal Belt, Greenland, the basic components of oxi-
dation and large quantities of Fe2þ

aq also existed. In con-
trast to the Fe isotope compositions of the 2.5 Ga BIFs,
however, the 3.8 Ga BIFs have d56Fe values that are almost
entirely positive, ranging up to +2.2‰ (Dauphas et al.,
2004, 2007; Whitehouse and Fedo, 2007). This is a first-or-
der observation in the temporal Fe isotope record of BIFs,
which must indicate very different formation pathways at
2.5 and 3.8 Ga. The generally positive d56Fe values of the
older sequences may reflect lower oxidant abundances,
where ferric oxide/hydroxide precursors to magnetite
formed through partial oxidation, perhaps less than 10%.
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In turn, limited supplies of Fe3+ and organic carbon at
3.8 Ga would limit DIR as a major component in Fe cy-
cling. Younger BIFs, such as the 1.9 Ga Biwabik Iron For-
mation (Frost et al., 2006; Valaas-Hyslop et al., in press), so
far appear to have generally zero to positive d56Fe values,
which may be explained by a contraction in the extent of
DIR as oceanic sulfide contents increased, which titrated
reactive Fe3+ from the oceans (Johnson et al., in press).
The voluminous 2.5 Ga Hamersley–Transvaal BIFs, there-
fore, may represent a time of maximum expansion of DIR
on Earth.
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